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ABSTRACT 
The protracted oxygenation of Earth’s surface environments played a critical role in 
biospheric evolution during the Proterozoic eon. Initial oxygenation began ~2.3 Ga during the 
Great Oxidation Event, yet Earth’s oceans did not become fully oxygenated until at least the end 
of the Neoproterozoic—coincident with the first appearance of metazoans in the fossil record. 
Patterns of environmental change and evolutionary innovation are more complex and less 
certain, however, in the prolonged period between these two oxygenation thresholds. The late 
Mesoproterozoic (1.3 to 1.0 Ga) was marked by increasing biospheric oxygen—evidenced by 
increased carbon isotopic variability and an increase in marine sulfate concentrations—and an 
increase in diversity among early eukaryotes. Eukaryotic diversification occurred largely in 
nearshore environments, yet redox proxy investigations of shallow water Mesoproterzoic strata 
have been limited, leaving us unable to directly examine the coupled evolution of life and 
environment in the Mesoproterozoic.  
 In this study, I investigate the geochemical record of epicratonic and pericratonic strata of 
the 1.1 Ga Atar/El Mreiti Group, Mauritania, which were deposited in an epeiric sea during sea 
level highstand. In Chapter I, I explore carbon isotopic heterogeneities across the epeiric sea, and 
use trace element substitution in carbonate to relate isotopic heterogeneity to chemically distinct 
water masses between onshore and offshore environments. In Chapter II, I explore the shale-
based redox proxy record (iron speciation, pyrite sulfur isotopes, and trace metal concentrations) 
of Atar/El Mreiti Group strata. Results suggest that euxinia—at least within substrate pore 
fluids—was common across the epeiric sea, and that the chemocline intersected the seafloor deep 
in the craton interior. In Chapter III, I explore the affect of nearshore euxinia on trace metal 
delivery to the global ocean. Model simulations suggest that expanded epeiric seas in the late 
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Mesoproterozoic could have effectively crashed the oceanic Mo reservoir, with potentially 
disastrous consequences for early eukaryotes with high biochemical demands for Mo. 
Ultimately, this study is the first to directly examine redox conditions in late Mesoproterozoic 
epeiric seas, and provides rare insight into the chemical workings of the global ocean during a 
critical interval in Earth’s biogeochemical evolution.      
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INTRODUCTION 
 
1. Overview of Earth’s redox evolution 
 A key observation of paleoceanographic research is that the redox state of the global 
oceans has changed substantially through Earth’s history. These changes were related to the 
buildup of free oxygen (O2) in Earth’s surface environments, and in turn, fundamentally 
influenced the evolution of Earth’s biosphere (Anbar and Knoll, 2002). Oxygenation of the 
ocean-atmosphere system began ~2.3 billion years ago (Ga) during the Great Oxidation Event 
(GOE; Holland, 2006). This initial transition from an anoxic to an oxygenated world is recorded 
in the terrestrial geologic record by the disappearance of detrital pyrite and uraninite (Rasmussen 
and Buick, 1999), and the appearance of oxidized iron (i.e., red beds) in terrestrial environments 
(Eriksson and Cheney, 1992). In the marine sedimentary record, the GOE is marked by the loss 
of mass-independent sulfur (MIF) isotope fractionation (Pavlov and Kasting, 2002), the first 
appearance of sulfate evaporites (Melezhik et al., 2005), and eventually, the disappearance of 
sedimentary iron formations (Bekker et al., 2010). Initial oxygenation of Earth’s surface during 
the GOE resulted in a major perturbation to the global carbon cycle that is recorded by the 
largest sustained positive carbon isotope excursion in Earth’s history (the Lomagundi event; 
Melezhik et al., 2007; Planavsky et al., 2012). The GOE also triggered prolonged low-latitude 
glaciation for the first time in Earth’s history (Kirschvink et al., 2000), perhaps related to the 
oxidation of methane, which served as an important greenhouse gas in the Archean (Kasting, 
2005).    
 Pervasive oxygenation of Earth’s oceans, however, did not occur until at least the end of 
the Neoproterozoic era, almost two billion years after the GOE (635 to 550 Ma; Och and 
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Shields-Zhou, 2012). Major lines of evidence for this second oxygenation threshold include 
enhanced sulfur isotope fractionation between sulfate and sulfide (Canfield, 1998; Hurtgen et al., 
2005), major black shale enrichments in redox-sensitive trace metals reflecting a global decrease 
in the extent of euxinic environments (Scott et al., 2008; Sahoo et al., 2012), and chromium (Cr) 
isotope evidence for increasing levels of atmospheric oxygen (Frei et al., 2009). Oxygenation in 
the latter half of the Neoproterozoic was also associated with major carbon cycle perturbations as 
recorded in the marine carbon isotope record (Halverson et al., 2005) and multiple phases of 
extensive low-latitude glaciation (Hoffman et al., 1998), suggesting a linkage between carbon 
burial, oxygenation, and global climate change. Furthermore, both of these Proterozoic 
oxygenation events were associated with major thresholds in biological evolution, from the 
initial appearance of eukaryotes after the GOE (Han and Runnegar, 1992; Rasmussen et al., 
2008) to the origin and diversification of animals near the end of the Neoproterozoic era (Xiao et 
al., 1998; Narbonne, 2005; McFadden et al., 2008).  
 The view from the prolonged period between these two oxygenation thresholds, however, 
is considerably more complex. The global carbon isotope record reveals a prolonged period of 
relative quiescence through the early Mesoproterozoic, and a subtle increase in carbon isotopic 
variability in the late Mesoproterozoic (Kah et al., 1999; Kah and Bartley, 2011). This has been 
interpreted to reflect decreasing pCO2—resulting in a decrease in the size of the oceanic 
dissolved inorganic carbon (DIC) reservoir (Bartley and Kah, 2004)—but also may reflect subtly 
increasing levels of biospheric oxygen (Kah et al., 1999; Kah and Bartley, 2011). Oxygenation in 
the late Mesoproterozoic is supported by an increase in marine sulfate concentrations (Kah et al., 
2004), the first widespread appearance of shallow marine gypsum (Kah et al., 2001; 2012), and 
increased activity within oxidative microbial cycles (Johnston et al., 2005; Stüeken, in press). 
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This increase in biospheric oxygen was accompanied by an increase in diversity among early 
eukaryotic clades, including the diversification of thick-walled and ornamented acritarchs 
(Porter, 2004; Knoll et al., 2006) and the appearance of multicellular alga (Butterfield, 2000; 
2001), yet the fossil record of Mesoproterozoic eukaryotes is patchy and spatially confined to 
nearshore environments (Javaux et al., 2001). Despite increasing surface oxygen levels, 
geochemical proxies suggest that the global ocean remained strongly stratified and anoxic below 
the surface mixed layer, with variably ferruginous (Planavsky et al., 2011; Scott et al., 2012) and 
euxinic (Shen et al., 2002; 2003; Poulton et al., 2004) deeper ocean conditions. At present, it is 
difficult to reconcile, however, how anoxia in the deep oceans may have affected biotic evolution 
in more nearshore areas. Clearly, further investigation of shallow water deposits of 
Mesoproterozoic age is needed to directly examine the linkages between life and environment 
during this critical period in early eukaryotic development.      
 
2. The late Mesoproterozoic sedimentary record    
 The late Mesoproterozoic (1.3 to 1.0 Ga) sedimentary record is dominated by epicratonic 
deposits formed in areally expansive epeiric seas (Kah et al., 2012). Globally correlative carbon 
isotope signatures between carbonate successions deposited atop multiple stable cratons between 
1.2 and 1.1 Ga (Bylot Supergroup, arctic Canada, Kah et al., 1999; Turukhansk uplift, Siberia; 
Bartley et al., 2001; Taoudeni Basin, Mauritania; Kah et al., 2012) suggest coeval deposition 
during global sea level highstand. The absence of Mesoproterozoic glacial deposits worldwide 
(with the potential exception of the Vazante Group, Brazil; Azmy et al., 2006) further suggests 
global greenhouse conditions in the late Mesoproterozoic. Deposition across expansive epeiric 
seas during sea level highstand has the potential to fundamentally affect preserved geochemical 
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signatures in epicratonic deposits. For example, spatial heterogeneities in the isotopic 
composition of DIC have been reported across Ordovician epeiric seas in eastern Laurentia 
(Holmden et al., 1998; Panchuk et al., 2005), and widespread benthic anoxia has been reported 
from Late Pennsylvanian epeiric seas despite a well-oxygenated global ocean (Algeo and 
Heckel, 2008). Decoupling of geochemical signatures between epeiric seas and bordering oceans 
arises because of reduced advective mixing in epeiric settings, which results primarily from 
restricted tidal mixing and potentially ineffective wind-driven advection (Irwin, 1965; Allison 
and Wells, 2006). Geochemical variability would potentially be enhanced under globally low 
oxygen conditions, such that substantial lateral heterogeneities in carbon cycling and benthic 
redox conditions would be predicted for late Mesoproterozoic epeiric settings.  
 Extensive epicratonic deposits also provide an opportunity to explore chemical cycling in 
the shallowest regions of the Mesoproterozoic ocean—a portion of the water column that has 
only sparsely been examined in previous geochemical investigations. Previous carbon isotope 
studies have examined largely pericratonic environments, but have identified distinct spatial 
gradients in the isotopic and elemental composition of seawater (Kah et al., 2012). Redox proxy 
investigations (using iron speciation and other shale-based techniques) have largely focused on 
deeper basinal environments (e.g., Planavsky et al., 2011), however, with little attention paid to 
the extensive epicratonic record of the late Mesoproterozoic. This leaves us unable to directly 
assess potential spatial heterogeneities in redox conditions that would be predicted for the late 
Mesoproterozoic ocean.     
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3. Overview of present study 
 This study examines the elemental and carbon/oxygen isotopic composition of carbonate, 
as well as total organic carbon (TOC), iron speciation, pyrite sulfur isotopes, and trace metal 
concentrations of black shale from the 1.1 Ga Atar and El Mreiti groups, Taoudeni Basin, 
Mauritania. These strata were deposited across a shallow epeiric sea that bathed the West 
African craton in the late Mesoproterozoic. This study represents the first integrated geochemical 
investigation of late Mesoproterozoic epicratonic strata, and provides rare insight into the 
chemical workings of the shallow Mesoproterozoic oceans. This dissertation is divided into three 
chapters as outlined below.  
 
3.1. Chapter I—Carbon cycling in late Mesoproterozoic epeiric seas 
 In Chapter I, I investigate the carbon isotope record of epicratonic environments 
preserved in the El Mreiti Group, Mauritania. This study compares carbon isotopic trends 
between epicratonic and coeval pericratonic environments, and identifies substantial 13C-
depletion (2-4‰) in epicratonic environments compared to the open ocean. The degree of 
isotopic difference between epicratonic and pericratonic environments was also variable, and 
controlled by small-scale changes in sea level that influenced sulfate availability and organic 
carbon remineralization pathways. During periods of slightly lower sea level (such as during 
deposition of the Aguelt el Mabha Formation), enhanced remineralization of organic carbon 
drove isotopic depletion in the interior of the epeiric sea, with low δ13C values potentially 
enhanced by methane oxidation under low sulfate conditions that limited bacterial sulfate 
reduction (BSR). Carbonate of the Aguelt el Mabha Formation is also characterized by high 
degrees of Fe2+ and Mn2+ substitution, suggesting that epicratonic environments were locally 
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anoxic, but non-sulfidic. By contrast, during periods of slightly higher sea level (such as during 
deposition of the Touirist Formation), more sustained anoxia and localized euxinia drove organic 
carbon burial over remineralization. This resulted in less isotopic heterogeneity between 
epicratonic and pericratonic environments, and lower degrees of Fe2+ and Mn2+ substitution in 
carbonate of the Touirist Formation. Ultimately, this study highlights the potential of 
Mesoproterozoic epeiric sea carbonate deposits to preserve substantial isotopic and elemental 
gradients in both time and space.      
 
3.2. Chapter II—Reconstructing redox conditions from carbon-sulfur-iron relationships 
 In Chapter II, I investigate a suite of shale-based redox proxies across both epicratonic 
and pericratonic environments of the Taoudeni Basin. These proxies include carbon-sulfur ratios 
(which can identify deposition under normal marine, euxinic, or sulfate-limited conditions), iron 
speciation (which quantifies the amount of iron in various biogeochemically reactive phases), 
pyrite sulfur isotopes (which track sulfate availability and the degree of regional euxinia), and 
trace metal (Mo, V, and Zn) concentrations (which track the degree of euxinia and seawater 
metal concentrations). Results indicate that euxinia—at least within substrate pore waters—was 
common across the epeiric sea, and that the chemocline between oxic surface waters and deeper 
euxinic waters intersected the seafloor deep in the interior of the flooded craton. Fundamental 
heterogeneities between onshore and offshore environments existed in sulfate concentrations, 
metal availability, and the degree of euxinia, with increased redox heterogeneity in shallow water 
potentially driven by high sea levels and epeiric sea expansion in the late Mesoproterozoic. This 
chapter also discusses at length the interpretation of redox proxy data in the context of sulfate 
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availability and iron shuttling in epeiric settings, with traditional interpretations sometimes 
inadequate to explain observed trends.    
 
3.3. Chapter III—Trace metal availability in the Mesoproterozoic oceans 
 In Chapter III, I examine the trace metal (Mo and V) record of Taoudeni Basin black 
shales in greater detail. Mo and V are soluble in oxygenated water, but are strongly sequestered 
in sediments under euxinic conditions (Tribovillard et al., 2006). In euxinic environments, the 
degree of sediment metal enrichment is controlled by organic carbon content (leading to strong 
covariance between TOC and metal concentrations) and the concentration of metals in the water 
column (Lyons et al., 2009), with euxinic sediments representing the most efficient global 
oceanic sink for Mo and V (Scott et al., 2008). In epicratonic environments of the Taoudeni 
Basin, euxinic shale records variable trace metal enrichments and only weak covariance between 
metal (Mo and V) content and TOC. By contrast, pericratonic shale records exceptionally low 
Mo and V concentrations and no covariance between metal content and TOC despite evidence 
for persistent euxinia and TOC > 1 wt.%. Combined, these data suggest that trace metals 
sourcing from terrestrial environments were preferentially sequestered in sediments under 
intermittently euxinic conditions in the interior of the epeiric sea, leading directly to critically 
low metal concentrations in offshore waters. Mass balance calculations indicate that the 
expansion of nearshore euxinia in globally expanded epeiric seas could have effectively crashed 
the oceanic Mo budget, with potentially disastrous consequences for early eukaryotes with high 
Mo demands for nitrate assimilation (Anbar and Knoll, 2002; Glass et al., 2009).  
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3.4. Summary 
Late Mesoproterozoic epeiric seas exhibited substantial chemical heterogeneity as 
recorded in the isotopic and elemental composition of carbonate, and in shale-based redox 
proxies such as carbon-sulfur ratios, iron speciation, pyrite sulfur isotopes, and trace metal 
concentrations. Heterogeneous redox conditions are consistent with the patchy and spatially 
restricted fossil record of Mesoproterozoic eukaryotes, suggesting that expansion of nearshore 
euxinia in late Mesoproterozoic epeiric seas placed fundamental constraints of the zone of 
habitability for early eukaryotic organisms. Furthermore, open ocean environments may have 
remained severely metal limited through the late Mesoproterozoic, restricting nitrogen fixation 
and eukaryotic nitrate assimilation. Combined, these three chapters provide a rare glimpse into 
geochemical cycling in the shallow oceans during a critical interval in Earth’s biogeochemical 
evolution.  
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Abstract  
 Carbon isotope profiles of sedimentary strata are widely used as both a tool for 
stratigraphic correlation and as a mechanism for inferring important changes in Earth’s 
biogeochemical cycles. Chemostratigraphic interpretations, however, often rely on the 
assumption that the isotopic composition of dissolved inorganic carbon (DIC) in the surface 
oceans is broadly homogeneous. At times of globally high sea level, when epicratonic (epeiric) 
environments dominate our sedimentary record, carbon isotope records reveal substantial lateral 
variability. Here we investigate lateral variability in the marine carbon isotope record from 
pericratonic to epicratonic environments of the Mesoproterozoic (~1.1 Ga) Atar/El Mreiti 
Groups of the Taoudeni Basin, West Africa. Restricted-marine epicratonic environments are 
consistently 2-4‰ lighter than open-marine pericratonic environments, suggesting input of an 
isotopically light carbon source that preferentially affected epicratonic environments. In contrast 
to epicratonic environments in the Paleozoic, where input of isotopically light carbon is generally 
attributed to input of terrestrial organic matter, we suggest that in situ remineralization of organic 
carbon via anaerobic microbial cycling drove observed isotopic variability. Within epicratonic El 
Mreiti Group strata, the extent of organic matter remineralization (and thus degree of 13C 
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depletion) is correlated with water depth, and associated with distinct differences in both total 
organic carbon (TOC) and pyrite concentration, suggesting a potential linkage to both the 
persistence of anoxia and the availability of sulfate within epicratonic environments. In such 
settings, the isotopic effects of organic carbon remineralization are potentially enhanced by 
either methane oxidation following methanogenic decomposition, or the intermittent oxidation of 
an enhanced dissolved organic carbon (DOC) pool.  
 
1. Introduction 
The isotopic composition of carbon has been measured on both carbonate minerals and 
organic matter and, particularly in ancient sedimentary rocks, is a primary dataset for inferring 
changes in the Earth’s biogeochemical cycles (Kump and Arthur, 1999; Des Marais, 2001; 
Berner et al., 2003; Hayes and Waldebauer, 2006). Many of the important biospheric changes 
inferred from the fossil record are marked by distinct carbon isotope excursions (Anbar and 
Knoll, 2002; Rothman et al., 2003; Payne et al., 2004; Melezhik et al., 2005; Fike et al., 2006; 
Gill et al., 2011), suggesting an intimate link between perturbations to the global carbon cycle, 
oceanic ventilation, and biotic evolution (see Och and Shields-Zhou, 2012 for review). Carbon 
isotopes have also proven critical for stratigraphic correlation because dissolved inorganic 
carbon (DIC) in the oceans is generally well mixed and has a relatively short residence time, thus 
providing the opportunity for high-resolution isotopic signals. This correlation tool has proved 
particularly useful in the Proterozoic, where biostratigraphy is not a viable option, and changes in 
carbon isotopes are, at least in the latter Proterozoic, substantially large (cf. Halverson et al., 
2005; 2010).  
Despite broad agreement on the interpretation of marine carbon isotope records, several 
  18 
recent studies have suggested that traditional views may understate the complexity of marine 
carbon isotopes. The generally robust nature of the isotope record, for instance, has been used to 
argue against diagenesis as a mechanism for carbon isotope variation (see Knauth and Kennedy, 
2009; Derry, 2010; Swart et al., 2012 for an alternative perspective), even in rocks that have 
clearly experienced at least some degree of diagenetic alteration. In another example, increased 
coupling of marine organic and inorganic carbon reservoirs, potentially driven by elevated 
marine carbonate saturation (Grotzinger and Kasting, 1993) and accentuated by nutrient-limited 
productivity (Anbar and Knoll, 2002), may result in reduced sensitivity of the marine carbon 
isotope record (Bartley and Kah, 2004). Similarly, decoupling of marine organic and inorganic 
carbon reservoirs, driven by low levels of biospheric oxygen—with or without the presence of 
oceanic stratification—may foster artificially large isotopic excursions (Rothman et al., 2003; see 
also Johnston et al., 2012).  
Even the homogeneity of carbon isotopes in surface oceans of the geologic past has been 
called into question, particularly in the case of chemostratigraphic records derived from 
epicratonic (epeiric) seas that may have experienced restricted connectivity with the global ocean 
(Holmden et al., 1998; Cowen et al., 2005; Panchuk et al., 2005; 2006). Such environments can 
have substantial differences in both water volume and water residence times, which can magnify 
the influence of discrete (and potentially local) carbon sources (Patterson and Walter, 1994; 
Holmden et al., 1998; Panchuk et al., 2006). This particular observation may be critical when 
evaluating geologically ancient successions, many of which were deposited atop stable cratons 
during sea level highstand.  
We suggest that at no time in Earth history should these potential effects on the marine 
carbon isotope record be more apparent than in the late Mesoproterozoic. Non-glacial climates of 
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the Mesoproterozoic resulted in globally high sea levels and extensive epicratonic deposition 
(Kah et al., 2012). Under these conditions, a combination of continental elevation (i.e., substrate 
topography) and eustatic sea level may have been the controlling factor determining the degree 
of advective mixing between pericratonic shelves and broad expanses of epicratonic deposition.  
Furthermore, low oxygen conditions at the Earth’s surface (Anbar and Knoll, 2002; Shen et al., 
2002; 2003; Kah et al., 2004; Arnold et al., 2004; Brocks et al., 2005; Scott et al., 2008; 
Blumenberg et al., 2012) may have acted to enhance regional variability within the carbon cycle. 
In fact, existing carbon isotope data from this interval (cf. Fig. 10, Kah et al., 2012; Fig. 1.1) 
reveal not only globally traceable stratigraphic excursions, but also substantial differences in the 
magnitude of these excursions between basins and between discrete depositional environments 
within single basins.  
The late Mesoproterozoic Atar/El Mreiti Group is a laterally extensive package of marine 
strata that was deposited in the Taoudeni Basin, which spans the West African craton. Existing 
isotopic and elemental data (Kah et al., 2012) indicate that chemically distinct water masses 
occurred at different times in pericratonic environments, suggesting the potential for interaction 
with isotopically distinct epicratonic and off-shore water masses (Kah and Bartley, 2011; Kah et 
al., 2012). Here we provide the first complete, high-resolution isotopic and elemental profile of 
carbonate from the El Mreiti Group deposited deep within the craton interior. Robust 
stratigraphic correlation has previously been established between Atar and El Mreiti group strata 
(Teal and Kah, 2005; Kah et al., 2012), allowing this study to directly compare isotopic and 
elemental trends across the epicratonic sea that covered the West African craton in the 
Mesoproterozoic. This is the first study to date to investigate the nature of potentially distinct 
water masses across time correlative units of a single Mesoproterozoic basin, with emphasis on
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relating isotopic records to processes capable of generating isotopic heterogeneity. Furthermore, 
our findings may provide important constraints on the environmental conditions that prevailed at 
a time of critical transition in the evolution of the Earth’s biosphere.  
 
2. Evolution of the Taoudeni Basin 
2.1. Geologic background 
The Taoudeni Basin is an areally extensive (>1,750,000 km2) sedimentary basin formed 
atop crystalline basement of the West African craton. Basement rocks are exposed to both the 
north (Reguibat Shield) and south (Leo-Man Shield) of the basin, and consist of deformed 
Archean amphibolite and quartzo-feldspathic gneiss intruded by late Paleoproterozoic granite 
(Trompette and Carozzi, 1994; Villeneuve and Cornée, 1994; Shofield et al., 2006). The 
structural evolution of the Taoudeni Basin initiated via a series of NNE-SSW oriented basement 
normal faults and crustal thinning associated with formation of isolated horsts and grabens 
(Bronner et al., 1980). Proterozoic sedimentation began with continental to marine, dominantly 
siliciclastic strata of the Char (in Mauritania) and Douik (in Algeria) groups (Benan and 
Deynoux, 1998; Rahmani et al., 2009). Present-day exposure of these basal siliciclastic units is 
restricted to two prominent grabens that intersect the northern edge of the Taoudeni Basin. The 
thickness of these units varies dramatically, from 0 to >400 meters in outcrop (Benan and 
Deynoux, 1998) and can be traced to an unknown extent at depth (Rahmani et al., 2009), 
reflecting deposition that was controlled by changes in basement topography during extension.  
 A basinwide unconformity marks the boundary between basal siliciclastic strata and the 
overlying Atar/El Mreiti Groups. Although of unknown duration, this period of non-deposition 
reflects cessation of earlier extensional tectonics, and formation of a regional peneplain 
  22 
(Bertrand-Sarfati and Moussine-Pouchkine, 1988; Benan and Deynoux, 1998). Resumption of 
sedimentary deposition is marked by lithologically varied siliciclastic and carbonate strata of the 
Atar/El Mreiti Groups, whose facies and thickness (see section 2.4.) were controlled 
predominantly by patterns of sea level and regional subsidence, with localized variation resulting 
from reactivation of basin normal faults (Moussine-Pouchkine and Bertrand-Sarfati, 1997). A 
second basinwide unconformity truncates predominantly carbonate strata of the upper Atar/El 
Mreiti Groups and is overlain by siliciclastic marine strata of the Assabet el Hassiane Group 
(Girard et al., 1989), glacio-marine to glacio-eolian deposition of the Jbéliat and Téniagouri 
groups (Deynoux, 1980; Deynoux et al., 1989; Alvaro et al., 2007; Shields et al., 2007), and 
marine to continental deposition of the overlying Nouatil Group (Alvaro et al., 2007). 
Proterozoic sedimentary strata of the Taoudeni Basin are then overlain by Early to Late 
Paleozoic continental strata (Deynoux, 1980).  
 
2.2. Chronology of Proterozoic strata 
Historically, the age of Proterozoic strata within the Taoudeni Basin was only poorly 
constrained by Rb-Sr analyses performed on sedimentary glauconite and illite (Clauer, 1976; 
1981; Clauer et al., 1982). These analyses yielded ages ranging from 998 ± 32 Ma for deposition 
of the lowermost Char Group, to ~695 Ma for deposition of the Assabet el Hassiane Group. 
Geochronology of Atar/El Mreiti Group strata provide ages of 890 ± 35 Ma for unit I-5 
(Atar/Touirist Formation), 874 ± 22 Ma for unit I-6 (Oued Tarioufet/Aguelt el Mabha and 
Gouamir formations), 866 ± 67 Ma for unit I-8 (Oued Terrarit Formation), and 775 ± 52 Ma for 
unit I-10 (Aouleigate Formation) (Clauer, 1976; 1981; Clauer et al., 1982). Although Rb-Sr ages 
clearly represent diagenetic mineralization, the consistent decrease in age through the 
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stratigraphic column—as well as correlation of overlying glaciogenic units with global-scale 
Cryogenian glaciation—was long used to argue for early diagenetic stabilization of clay minerals 
and, thus, Neoproterozoic deposition for the majority of Taoudeni Basin strata.  
More recently, a combination of chemostratigraphic and new geochronologic data have 
constrained the majority of Proterozoic deposition within the Taoudeni Basin (i.e., all deposition 
prior to the sub-Assabet el Hassiane Group unconformity) to be Mesoproterozoic in age (Rooney 
et al., 2010; Kah et al., 2012). Carbon isotope chemostratigraphy of Atar/El Mreiti Group strata 
(Teal and Kah, 2005; Kah et al., 2012) records of moderately positive values (<4‰) punctuated 
by discrete, low-magnitude negative excursions (to approximately -2.5‰) that are consistent 
with global marine carbon isotope values between approximately 1.2 and 1.1 Ga (Kah et al., 
1999; 2012; and references therein). These values are distinctly more positive and show greater 
isotopic variation than those recorded from older Mesoproterozoic strata (Kah et al., 1999) and 
show distinctly less variation than is preserved in most Neoproterozoic sedimentary successions 
(Halverson et al., 2005; 2010). Chemostratigraphic inferences of a predominantly 
Mesoproterozoic age for Taoudeni Basin deposition are supported by recent Re-Os analysis of 
organic-rich shale within the Touirist and En Nesoar formations of the Atar/El Mreiti Group, 
which yield ages of 1109 ± 22 Ma, 1107 ± 12 Ma, and 1105 ± 37 Ma (Rooney et al., 2010).  
 
2.3. Post-depositional deformation and alteration of Taoudeni Basin strata  
 Epicratonic sedimentary deposits of the Proterozoic Taoudeni Basin are free from effects 
of regional metamorphism. Proterozoic strata have not been deeply buried (<3 km), nor 
extensively heated (temperatures generally <100 °C), which is consistent with diagenetic mineral 
assemblages observed within predominantly siliciclastic strata (Girard et al., 1989). Structural 
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deformation of Taoudeni Basin strata occurs primarily in the easternmost regions of the basin 
(i.e., Hank region, Algeria) and resulted from regional thrusting associated with Pan African 
orogenic events (ca. 665-655 and 550-500 Ma; Villeneuve and Dallmeyer, 1987; Blanc et al., 
1992; Villeneuve and Cornée, 1994). Locally, structural deformation associated with Hercynian 
orogenic activity (320-270 Ma) is also recorded (Villeneuve and Cornée, 1994). The primary 
source of post-depositional alteration to Proterozoic strata of the Taoudeni Basin appears to be 
localized hydrothermal alteration (to 450-525 °C; Giraud et al., 1989; Rooney et al., 2010; 
Blumenberg et al., 2012) related to widespread intrusion of diabase dikes and sills during 
emplacement of the Mesozoic Central Atlantic Magmatic Province (Giraud et al., 1989). 
Evidence for the highest temperatures are spatially constrained to zones of contact 
metamorphism (Rooney et al., 2010; Blumenberg et al., 2012), although moderately thermal 
fluids (<170 °C) may have circulated more widely (Giraud et al., 1989).  
 
2.4. Stratigraphy and facies of the Atar/El Mreiti Group 
2.4.1. Atar Group facies 
 This study focuses on chemostratigraphic variability preserved in the >750 meter thick, 
unconformity-bounded Atar Group, and in coeval strata of the El Mreiti Group. In its type 
locality in the Adrar uplift, near the town of Atar, Atar Group strata consist of 10 formations 
(typically referred to as units I-3 through I-12; Bertrand-Sarfati and Moussine-Pouchkine, 1988; 
1999) that record alternating deposition of stromatolite-bearing carbonate and generally fine-
grained siliciclastic material. Alternation of siliciclastic and carbonate units within Atar Group 
strata has been suggested to result primarily from the combined effects of sea level change (Kah 
et al., 2009; Kah et al., 2012) and the episodic influx of siliciclastic material from source areas 
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outside the Taoudeni Basin (Bertrand-Sarfati and Moussine-Pouchkine, 1988; 1997). Detailed 
descriptions of Atar Group strata can be found in Kah et al. (2012), and are summarized below.  
 At the base of the Atar Group, the Foum Chor Formation (unit I-3) onlaps deeply eroded 
strata of the Char Group, as well as basement lithologies of the Reguibat Shield. Foum Chor 
strata comprise a fining-upward succession of fluvial to marginal marine sandstone. This fining-
upward succession continues through interbedded silstone and shale of the Ksar Torchane 
Formation (unit I-4), whose increasingly marine character is marked by the onset of carbonate 
deposition in the upper 20 meters (Kah et al., 2012). Marine deposition continues into the 
overlying Atar Formation (unit I-5), which consists of a series of alternating stromatolitic reef 
units (Bertrand-Sarfati and Moussine-Pouchkine, 1985; Kah et al., 2009) separated by organic-
rich (Rooney et al., 2010) shale and siltstone.  
The lowermost Oued Tarioufet Formation (unit I-6) represents a return to siliciclastic-
dominated deposition with a fining-upward succession of shallow-marine sandstone, silt, and 
shale that marks an abrupt loss of accommodation space across the basin and the rapid 
progradation—and eventual waning—of siliciclastic input. Shallow marine (albeit restricted) 
deposition through this interval of enhanced siliciclastic influx is demonstrated by scattered 
stromatolitic bioherms in the lower part of the formation, and, in the upper part of the formation, 
by the appearance of bright white, massively-bedded, and locally microkarstic limestone that has 
been interpreted as calcitized gypsum (Goodman and Kah, 2004; Kah et al., 2012). Open marine 
limestone deposition is re-established in the Tawaz Formation (unit I-7) with abundant columnar 
and branching stromatolites indicating dominantly subtidal marine conditions. Uppermost strata 
of the Atar Group, including the Oued Terrarit (unit I-8), Aouinet Ould Bou Derbala (unit I-9), 
Aouleigate (unit I-10), Touiderguilt (unit I-11) and Tifounke (unit I-12) formations, continue this 
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pattern of shallow marine deposition wherein stromatolitic carbonate units alternate with 
deposition of marine siltstone and shale. Across the Atar region, units I-10 to I-12 have been 
variously removed by the sub-Assabet el Hassiane unconformity. 
 
2.4.2. El Mreiti Group facies 
 In the north-central Taoudeni Basin, strata coeval with the Atar Group are referred to as 
the El Mreiti Group. This change in nomenclature is accompanied by a primary facies shift that 
occurs in the geographic region between Atar and Tenoumer (Fig. 1.2), where strata are largely 
obscured by Holocene sand dunes. North of Atar, the transition between Atar and El Mreiti 
facies is marked by the reduction of synoptic relief and eventual restriction of stromatolite 
growth (Kah et al., 2009), a substantial thinning of parasequence-scale depositional packages 
(Kah et al., 2012), and an increase in abundance of clay within carbonate facies (Kah et al., 2012; 
Blumenberg et al., 2012). Correlation between Atar and El Mreiti facies is based on similarity in 
stromatolite morphology and microstructure (Bertrand-Sarfati, 1972; Bertrand-Sarfati et al., 
1987; 1991; 1996), trends in carbon isotope composition (Teal and Kah, 2005; Kah et al., 2012), 
and identification of a series of time-significant stratigraphic tie points (Kah et al., 2012). 
Detailed descriptions of El Mreiti Group strata can be found in Kah et al. (2012), and are 
summarized below.  
Onset of El Mreiti Group deposition is marked by the Khatt Formation, which consists of 
fluvial to marginal marine sandstone and subordinate siltstone interpreted as broadly time-
equivalent to unit I-3 in the Atar Group. Persistent marine deposition begins within the overlying 
En Nesoar Formation (equivalent to unit I-4), which consists of interbedded, tidally influenced 
shale and mudstone, with increasing stromatolitic and clayey carbonate in the upper portions of 
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the formation. Deposition of a thin, stromatolitic reef near the base of the overlying Touirist 
Formation marks a major, basin-wide flooding surface considerd time-equivalent to the 
transgression at the base of the first stromatolite reef in unit I-5 in the Atar Group (Kah et al., 
2012). Above this reefal unit, the Touirist Formation consists predominantly of thin-bedded, 
clayey carbonate interbedded with organic-rich black shale.  
 The overlying Aguelt el Mabha and Gouamir formations consist of interbedded siltstone, 
shale, and mudstone, with variable carbonate content. Carbonate is restricted to thin lenses 
within shale and mudstone facies within the Aguelt el Mabha Formation, but increases upward 
through the Gouamir Formation, which also contains abundant bright white, massively-bedded 
carbonate that is interpreted as calcitized evaporite deposits (Goodman and Kah, 2004; Kah et al. 
2012). The reappearance—and eventual waning—of coarse-grained siliciclastic strata in the 
Aguelt el Mabha Formation, along with an upward increase in carbonate and calcitized evaporite 
lithologies, marks these two formations as equivalent to unit I-6 within the Atar Group. As in 
unit I-7 of the Atar Group, open marine deposition is then re-established with deposition of fine-
grained, often stromatolitic carbonate of the Tenoumer Formation. Throughout the north-central 
Taoudeni Basin, stratigraphically higher units of the Atar/El Mreiti Group have been removed by 
the sub-Assabet el Hassiane unconformity. 
 
2.5. Basin development during Atar/El Mreiti deposition 
 One of the most striking features of Atar/El Mreiti Group strata is that, despite dramatic 
differences in facies, there is relatively little variation in stratigraphic thickness between coeval 
depositional units (cf. Fig. 9 in Kah et al., 2012). Previous interpretation of depositional facies 
(Bertrand-Sarfati and Moussine-Pouchkine, 1988; Kah et al., 2009; 2012) indicates shallowing of 
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depositional environments toward the interior of the West African craton. Such transition from 
pericratonic to epicratonic deposition, however, is most apparent in the lowermost stratigraphic 
units of the Atar/El Mreiti Group. Both the Khatt and En Nesoar formations are dramatically 
thinner than their correlative units (I-3 and I-4) in the Atar region, from a total thickness of 
nearly 160 meters to <60 meters. Such dramatic thinning suggests potential stratigraphic 
condensation and sedimentary bypass in intracratonic regions prior to marine flooding. Complete 
flooding of the craton interior is marked by the major flooding surface at the base of the first 
stromatolitic reef in unit I-5 in the Atar region, and by the appearance of a thin stromatolitic unit 
near the base of the Touirist Formation in the El Mreiti facies. Once flooding of the craton 
interior occurred, the decrease in stratigraphic thickness of the Touirist Formation relative to its 
correlative unit (I-5) is best interpreted as a result of rapid upward growth within offshore reefal 
units in the Atar region (cf. Kah et al., 2009), and subsequent filling of available accommodation 
space. At the onset of stratigraphically higher depositional units (i.e., units I-6 and I-7 in the Atar 
region, and the Aguelt el Mabha, Gouamir, and Tenoumer formations of the El Mreiti facies), 
differences in accommodation space between pericratonic Atar facies and epicratonic El Mreiti 
facies—and, thus, depositional water depth—appear minimal (cf. Bertrand-Sarfati and 
Moussine-Pouchkine, 1988). Dramatic differences between facies of the Aguelt el Mabha and 
Gouamir formations and their correlative unit I-6 more strongly reflect distance of the region 
from the source of terrigenous siliciclastic input and progressive loss of wave energy in shallow 
water, intracratonic regions, rather than substantial differences in water depth. Similarly, more 
open marine, deposition of the overlying Tenoumer Formation and its correlative unit I-7 in the 
Atar region show nearly identical facies between pericratonic and epicratonic regions. 
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3. Geochemical Methods 
3.1. Petrographic screening 
 Drill core was sampled at ~1.5 meter intervals from the base of the Khatt Formation 
through the middle part of the Gouamir Formation, representing a total of 218.4 meters of 
measured section. Thin sections were analyzed using conventional petrography in both plane- 
and cross-polarized light, and all samples containing appreciable carbonate were cut into 
polished thick sections and analyzed using cathodoluminescence (CL) in order to assess the 
range of carbonate fabrics and to identify distinct phases of recrystallization (cf. Kah et al., 1999; 
Frank et al., 2003; Bartley et al., 2007). Each discretely identified phase was powdered using 0.3 
and 0.5 mm drill bits mounted on a Servo micro-drill press. For samples that contained only 
finely disseminated carbonate, ~20 mg of bulk rock, hand-picked chips were powdered using a 
Spex Certiprep Series 8000 Mixer Mill.  
 
3.2. Isotopic analyses 
All geochemical analyses were performed at the University of Tennessee. For carbon and 
oxygen isotope analyses, ~0.5-1.0 mg splits of powders were loaded into silver capsules and 
processed online using a Carbo-Flo automated sampling system, in which carbonate powders are 
reacted with phosphoric acid at 120 °C, cryogenically distilled to pure CO2 gas, and transported 
to a dual-inlet Finnigin MAT Delta Plus gas source IRMS. Carbon and oxygen isotope data are 
reported in delta notation as per mil (‰) relative to the Vienna Pee Dee Belemnite (VPDB) 
standard. Analyses were reproducible to better than 0.1‰ for both δ13C and δ18O by analysis of 
replicates and internal laboratory standards. 
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3.3. Elemental analyses 
 In addition to isotopic analyses, ~0.5-1.0 mg splits of powders were dissolved in trace 
metal grade 2% nitric acid. Solutions were centrifuged and decanted into clean sample tubes to 
remove insoluble residue, and analyzed for concentration of Ca, Mg, Fe, Sr, and Mn using a 
Perkin-Elmer ICP-OES. Spectra were calibrated to a series of gravimetrically determined 
standards, and reproducibility for all elements was better than 10% (and better than 5% for Sr 
and Mn) based on replicate measurements of sample and standard solutions. 
 
3.4. Total organic carbon (TOC) concentrations 
A selection of shale samples from the Touirist and Aguelt el Mabha formations were also 
analyzed for total carbon (TC) and total inorganic carbon (TIC) using a UIC, Inc. carbon dioxide 
coulometer fitted with both combustion and acidification modules. Total carbon was measured 
using approximately 200 mg of powdered sample. Sample was loaded into pre-cleaned and pre-
dried porcelain boats and combusted between 900 and 1000 °C; resulting CO2 was measured via 
coulometric titration. TIC was then measured by acidifying approximately 5 grams of whole rock 
powder, with resulting CO2 measured via coulometric titration. Total organic carbon (TOC) was 
then calculated from TC and TIC measurements. Analytical error was determined to be <0.1% 
by duplicate sample and calcite standard analyses. 
 
4. Results and Interpretation 
4.1. Petrographic analysis 
 Core material analyzed herein represent approximately 220 meters of sedimentary 
strata—from the basal Khatt Formation to the (estimated) middle part of the Gouamir Formation 
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(Fig. 1.3)—that were deposited within cratonal regions to the west of El Mreiti (Fig. 1.2). Core 
facies compare favorably to that described from the generally sparse outcrop in cratonal regions 
(Bertrand-Sarfati and Moussine-Pouchkine, 1988; Moussine-Pouchkine and Bertrand-Sarfati, 
1997; Kah et al., 2012). Mesoscale lithofacies are, with rare exception, mimicked by a series of 
discrete carbonate microfabrics that characterize the depositional units and provide an initial 
means for interpreting the depositional and diagenetic history of the succession.  
 Within this core, the Khatt Formation is approximately 35 meters thick and 
unconformably overlies crystalline basement lithologies. The basal Khatt Formation consists of a 
1-meter thick poorly sorted, conglomeratic sandstone that is overlain by green shale interbedded 
with medium- to coarse-grained, feldspathic sandstone. Sandstone is cross-stratified and 
commonly glauconitic. Carbonate lithologies within the Khatt Formation occur as large (1-2 
mm) poikilotopic calcite crystals (Fig. 1.3A) that co-occur with authigenic clay overgrowths and 
syntaxial quartz that, together, comprise the primary cementation phase. Despite ubiquitous 
evidence for pressure solution within siliciclastic phases, poikilotopic calcite shows no evidence 
for secondary dissolution, suggesting deposition from later diagenetic fluid phases.  
 The En Nesoar Formation consists of ~20 meters of clayey carbonate with occassional, 
thin stromatolitic horizons. Of all the sedimentary units, the En Nesoar Formation shows the 
most conclusive evidence for post-depositional recrystallization of primary carbonate phases. 
Samples show microfabrics that range from uniformly finely crystalline (<10 mm) anhedral 
calcite to near complete replacement by fabric-destructive, coarsely crystalline (20-50 mm) 
euhedral dolomite (Fig. 1.3B). Under cathodoluminescence (Hemming et al., 1989; Savard et al., 
1995), euhedral dolomite displays characteristic zoning consisting of non-luminescent (extinct) 
cores surrounded by brightly luminescent rims, which replace typically dully-luminescent host
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microspar. Characteristic zoning of dolomite, as well as the difference in luminescence 
characteristics between dolomite and host calcite suggest dolomite formation during one or more 
phases of post-depositional fluid flow.  
 Overlying strata of the 45 meter-thick Touirist Formation are characterized by alternating 
limestone and black shale. Black shale deposits consist predominantly of organic-rich laminae 
(TOC from 1% to >40%; consistent with values of >20% reported by Blumenberg et al., 2012, 
and values from 0.8% to 22.6% reported by Rooney et al., 2010) that drape quartz silt micro-
ripples (see Fig. 3J, Blumenberg et al., 2012). Shale facies are generally carbonate poor (<0.1%), 
and carbonate phases consist of finely crystalline (<5 mm) calcite that is concentrated primarily 
along organic-rich laminae (see also Blumenberg et al., 2012) and likely represent minor 
amounts of authigenic carbonate precipitated within the substrate. Limestone facies of the 
Touirist Formation consist primarily of microsparitic, anhedral calcite (typically <15 mm) 
interlaminated with irregularly wavy, organic-rich and clay-rich laminae (Fig. 1.3C). The 
uniformly finely crystalline nature of carbonate phases, the association of carbonate with well-
preserved microbial laminae, and the absence of secondary recrystallization fabrics suggest little 
alteration by post-depositional fluid flow.  
 The Aguelt el Mabha Formation is approximately 80 meters thick and consists of 
alternating grey, green and purple, fissile, calcareous shale and siltstone. Grain sizes become 
finer and strata display a more uniform grey coloration higher in the section, where they are 
interbedded with cm-scale beds of white carbonate and thin intraformational carbonate breccias. 
Within shale and siltstone facies, carbonate is typically uniformly finely crystalline (<5 mm), 
occurs as thin beds and micro-rippled lenses within clay-rich matrix (Fig. 1.3D), and is 
characteristically dully-luminescent under cathodoluminescence, suggesting a detrital origin only 
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minimal effects from diagenetic fluid flow.   
 Carbonate-dominated facies return in the ~40 meters of Gouamir Formation within the 
core. Facies consist of laminated limestone with green clayey interbeds that decrease in 
abundance upwards in the section. Low synoptic relief stromatolites are common, along with 
scoured horizons and abundant intraformational breccia. In the upper five meters of the core, two 
intervals of massive, bright white, styolitized carbonate show striking similarity to previously 
described calcitized evaporite facies (Goodman and Kah, 2004; Kah et al., 2012). Samples from 
the Gouamir Formation show variable petrographic microfacies. The vast majority of carbonate 
(including intraclasts) consists of microcrystalline (<10 mm) anhedral calcite. More coarsely 
crystalline components include primary and secondary crystallization phases. Whereas coarsely 
crystalline primary phases are dominated by isopachous bladed cement within intraclastic 
intervals, post-depositional recrystallization occurs primarily in association with evaporative 
lithologies. Bright white, massive carbonate is petrographically characterized by coarsely 
crystalline, euhedral to anhedral calcite that has been interpreted as early diagenetic, marine 
calcitization of primary gypsum (Goodman and Kah, 2004; Kah et al., 2012). Within clayey 
carbonate facies, pseudomorphs of radiating crystal splays are commonly interspersed with 
otherwise microcrystalline calcite (Fig. 1.3E). These crystal splays consist of anhedral microspar 
(10-25 mm) and represent pseudomorphs with hexagonal cross-sections after either aragonite or 
gypsum (Fairchild et al., 1990; Kah et al., 2012).  The combination of finely crystalline calcite 
and more coarsely crystalline phases that clearly represent neomorphic recrystallization suggests 
that the Gouamir Formation experienced moderate exposure to post-depositional fluids. 
Association of post-depositional recrystallization with evaporitic phases, however, suggests that 
much of this recrystallization may have taken place within penecontemporaneous marine fluids.  
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4.2. Isotopic signatures 
 Carbon isotope values in El Mreiti Group core samples range from -5.4 to 1.8‰ (Table 
1.1). Although these values fall broadly within the range of the “muted” isotopic variation that is 
the hallmark of Mesoproterozoic chemostratigraphy (cf. Kah et al., 1999; Frank et al., 2003; 
Bartley et al., 2007), they are also unusual in that there are a substantial number of samples that 
preserve carbon isotope values of <-4‰. Such strongly negative carbon isotope values are rare in 
the Mesoproterozoic, except within the context of post-depositional alteration.  
 Oxygen isotope values of most petrographically well-preserved samples range from -6 to 
-9‰. There remains considerable controversy regarding the potential for secular change in the 
oxygen isotope composition of past marine systems (see Brand, 2004; Kasting et al., 2006; 
Jaffrés et al., 2007, for review), high quality data from Late Paleozoic bivalves (cf. Ivany and 
Runnegar, 2010) indicate a non-diagenetic origin for at least some isotopically light values. Such 
datasets suggest the possibility for either secular variation in marine oxygen isotope composition 
or preservation of seawater compositional gradients related to regional precipitation trends. 
Oxygen isotope values recorded here (-6 to -9‰) are similar to those recorded by most well-
preserved, non-evaporitic carbonates of the Mesoproterozoic (Frank and Lyons, 2000; Kah, 
2000; Bartley et al., 2007; Kah et al., 2012).  
Samples with the lowest oxygen isotope values (<-11‰) were recovered from diagenetic 
carbonate of the Khatt Formation, which also preserved some of the lowest recorded carbon 
isotope compositions within the section (<-5‰; Fig. 1.4, field A). Such isotopically light values 
are commonly attributed to migration of high-temperature, burial fluids (Brand and Veizer, 1981; 
Marshall, 1992). This interpretation is consistent with recovery of data from poikilotopic calcite 
crystals inferred to be a late diagenetic, potentially burial or post-burial, carbonate phase. 
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Table 1.1. Chemostratigraphic data from drill core in the El Mreiti region. 
 
δ13C δ18O Fe Sr Mn Sample Formation* Meters‡ 
(‰ VPDB) 
Mg/Ca 
(ppm) 
F4-2-1 Khatt 2.45 -4.9 -8.5 0.26 273735 1790 1080 
F4-3-1 Khatt 4.95 -5.2 -12.6 – – – – 
F4-4-1 Khatt 7.45 -5.2 -12.4 – – – – 
F4-6-1 Khatt 12.45 -4.0 -11.7 – – – – 
F4-6-2 Khatt 12.45 -5.0 -8.8 0.00 30008 159 7110 
F4-12-1 
 
En Nesoar 37.70 
 
-4.5 -9.2 0.03 92096 156 2345 
F4-15-1 En Nesoar 42.75 -2.5 -7.7 0.43 43687 34 7249 
F4-16-1 En Nesoar 43.15 -2.6 -8.6 0.42 40704 34 6730 
F4-16-2 En Nesoar 43.15 -2.5 -8.2 0.46 45759 37 6932 
F4-17-1 En Nesoar 45.20 -2.6 -7.5 0.27 39970 112 5017 
F4-17-2 En Nesoar 45.20 -1.1 -6.1 0.35 49860 65 6263 
F4-17-3 En Nesoar 45.20 -2.7 -7.7 0.32 43811 116 6125 
F4-18-1 En Nesoar 48.05 -2.4 -6.5 0.14 24434 90 2729 
F4-18-2 En Nesoar 48.05 -2.5 -6.6 0.06 13231 107 1798 
F4-18-3 En Nesoar 48.05 -2.7 -6.9 0.05 11379 94 1641 
F4-19-1 En Nesoar 48.65 -2.2 -5.5 0.01 2679 96 985 
F4-19-2 En Nesoar 48.65 -2.4 -6.4 0.04 7811 98 1650 
F4-19-3 En Nesoar 48.65 -2.3 -5.3 0.01 2039 96 1093 
F4-20-1 En Nesoar 50.60 -2.8 -4.9 0.36 41871 74 2245 
F4-20-3 En Nesoar 50.60 -2.9 -6.7 – – – – 
F4-21-1 En Nesoar 53.15 -3.0 -3.3 0.36 31671 93 2556 
F4-21-2 En Nesoar 53.15 -2.7 -5.0 0.30 31875 101 3005 
F4-22-1 En Nesoar 53.85 -3.4 -4.2 0.29 24890 137 2796 
F4-23 Touirist 54.40 -3.2 -6.3 0.01 15935 1225 2364 
F4-33-1 
 
Touirist 66.70 
00 
-1.1 -3.7 0.37 40696 115 1820 
F4-36-1 Touirist 69.20 0.5 -6.5 – – – – 
F4-37-1 Touirist 69.80 0.4 -6.3 0.01 5423 701 513 
F4-39 
 
Touirist 71.10 
 
-0.8 -6.9 0.09 17920 216 846 
F4-42-1 Touirist 75.20 -0.3 -6.5 0.10 17145 322 898 
F4-43-1 Touirist 76.75 -0.8 -6.4 0.14 21717 201 1064 
F4-43-2 Touirist 76.75 -0.8 -5.8 0.19 26044 122 1152 
F4-48-1 
 
Touirist 81.25 
 
0.8 -7.5 0.00 2258 214 767 
F4-50-1 
 
Touirist 83.65 
 
0.9 -6.3 0.01 6880 338 778 
F4-52-1 
 
Touirist 86.10 
 
0.8 -7.1 0.00 15167 828 1225 
F4-52-2 Touirist 86.10 0.8 -6.4 0.02 7461 602 1140 
F4-53-1 Touirist 87.80 0.7 -7.6 0.00 4244 433 1320 
F4-55-1 
 
Touirist 90.90 
 
1.8 -6.8 – – – – 
F4-58-1 Touirist 93.45 1.0 -6.5 0.00 4502 198 1549 
F4-58-2 Touirist 93.45 0.6 -6.7 0.00 3058 251 1561 
F4-63-1 
 
Touirist 99.80 
 
-0.1 -6.5 0.01 3550 380 1155 
F4-64-1 Aguelt el Mabha 100.70 -1.3 -6.9 0.01 2950 231 1640 
F4-65 Aguelt el Mabha 102.15 -1.7 -7.2 0.02 6314 287 1361 
F4-66-1 Aguelt el Mabha 104.60 -2.7 -6.6 0.03 12899 219 1507 
F4-67-1 
 
Aguelt el Mabha 106.75 
 
-3.1 -6.8 0.04 16550 257 1647 
F4-75 
 
Aguelt el Mabha 124.70 
 
-4.3 -7.5 0.02 18560 559 2372 
F4-78 Aguelt el Mabha 132.55 -4.5 -7.7 0.02 14892 562 2112 
F4-79-1 Aguelt el Mabha 134.90 -4.9 -7.9 0.04 49938 417 2145 
F4-79-2 Aguelt el Mabha 134.90 -5.0 -8.3 – – – – 
F4-80-1 Aguelt el Mabha 137.40 -5.0 -8.4 0.06 67352 410 2516 
F4-80-2 Aguelt el Mabha 137.40 -5.2 -9.5 0.04 46921 337 2864 
F4-81 Aguelt el Mabha 139.95 -4.6 -7.6 0.02 23363 497 1818 
F4-86-1 
 
Aguelt el Mabha 152.20 
 
-4.9 -8.0 0.07 56531 393 1977 
F4-87-1 Aguelt el Mabha 154.70 -5.2 -8.6 0.03 30053 368 1749 
F4-88 Aguelt el Mabha 157.20 -4.5 -7.6 0.02 15198 415 1426 
F4-89-1 Aguelt el Mabha 159.65 -4.5 -7.5 0.04 47578 401 1562 
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Table 1.1. Chemostratigraphic data from drill core in the El Mreiti region (continued). 
 
δ13C δ18O Fe Sr Mn Sample Formation* Meters‡ 
(‰ VPDB) 
Mg/Ca 
(ppm) 
F4-90-2 Aguelt el Mabha 162.20 -4.6 -9.0 0.02 19676 112 1442 
F4-91 Aguelt el Mabha 164.90 -5.0 -8.3 0.02 20315 249 1633 
F4-92-2 Aguelt el Mabha 167.25 -5.4 -8.2 0.04 38602 157 2295 
F4-95-1 Aguelt el Mabha 174.60 -4.7 -12.2 0.06 59542 235 1629 
F4-95-2 Aguelt el Mabha 174.60 -4.4 -8.0 0.02 18307 101 1077 
F4-96-1 Aguelt el Mabha 177.10 -4.3 -8.6 0.03 31398 257 1596 
F4-96-2 Aguelt el Mabha 177.10 -4.2 -7.5 0.00 4549 99 1035 
F4-96-3 Aguelt el Mabha 177.10 -4.5 -8.4 0.01 7660 106 1250 
F4-97-2 Aguelt el Mabha 179.50 -4.2 -8.0 0.00 7234 92 979 
F4-98-1 Gouamir 181.35 -3.6 -7.9 0.01 6491 100 721 
F4-98-2 Gouamir 181.35 -3.5 -7.8 0.01 5717 99 707 
F4-99-1 Gouamir 181.70 -3.7 -7.2 0.00 3451 91 761 
F4-99-2 Gouamir 181.70 -3.6 -7.4 0.00 4651 86 724 
F4-100-1 Gouamir 182.05 -3.4 -7.4 0.02 10538 148 764 
F4-100-2 Gouamir 182.05 -3.7 -7.8 0.01 5680 92 802 
F4-100-3 Gouamir 182.05 -3.7 -7.9 0.01 5598 100 770 
F4-101-1 Gouamir 184.35 -3.3 -6.9 0.00 2078 96 420 
F4-101-2 Gouamir 184.35 -3.4 -7.6 0.00 2288 94 484 
F4-101-3 Gouamir 184.35 -3.4 -7.4 0.00 1542 95 516 
F4-102-1 Gouamir 184.65 -3.2 -7.5 0.01 7560 100 551 
F4-102-2 Gouamir 184.65 -3.3 -7.6 0.00 5255 95 626 
F4-102-3 Gouamir 184.65 -3.1 -7.3 – – – – 
F4-103-1 Gouamir 186.65 -3.1 -6.8 0.00 2849 97 440 
F4-103-2 Gouamir 186.65 -3.1 -7.0 0.01 2250 99 453 
F4-104-1 Gouamir 188.25 – – 0.01 3882 110 431 
F4-104-2 Gouamir 188.25 -3.1 -7.1 0.01 2218 104 403 
F4-105-1 Gouamir 190.90 -2.8 -6.8 0.01 2838 94 338 
F4-105-2 Gouamir 190.90 -2.5 -6.5 0.09 16598 141 661 
F4-106-1 Gouamir 192.85 -2.6 -6.9 0.03 4703 119 383 
F4-106-2 Gouamir 192.85 -2.5 -6.9 0.09 13135 134 586 
F4-107-1 Gouamir 195.25 -2.7 -7.4 0.01 2471 98 334 
F4-107-2 Gouamir 195.25 -2.6 -7.5 0.01 4565 111 334 
F4-108-1 Gouamir 197.70 -2.4 -7.0 0.05 7378 149 471 
F4-108-2 Gouamir 197.70 -2.3 -6.8 0.08 8972 143 530 
F4-109-1 Gouamir 200.20 -2.3 -7.3 0.06 7939 141 428 
F4-110-1 Gouamir 202.65 -2.2 -7.3 0.02 5341 150 374 
F4-110-2 Gouamir 202.65 -2.0 -7.2 0.09 12113 156 548 
F4-111-1 Gouamir 205.20 -2.2 -7.3 0.02 5435 161 350 
F4-112-1 Gouamir 206.05 -1.9 -7.2 0.07 8119 172 393 
F4-113-1 
 
Gouamir 208.45 
 
-1.9 -7.6 0.01 5252 240 288 
F4-113-2 Gouamir 208.45 -2.0 -7.7 0.01 4499 288 318 
F4-114-1 Gouamir 210.95 -1.3 -7.2 0.01 3050 168 219 
F4-114-2 Gouamir 210.95 -1.3 -7.7 0.01 3131 151 262 
F4-115-1 Gouamir 213.25 -1.2 -7.5 0.00 1983 148 173 
F4-115-2 Gouamir 213.25 -0.9 -6.4 0.01 2873 162 244 
F4-116-1 Gouamir 215.15 -1.0 -7.2 0.00 3799 113 295 
F4-116-2 Gouamir 215.15 -1.0 -7.3 0.00 5841 118 279 
F4-117-1 Gouamir 217.10 -0.2 -6.5 0.01 1289 319 160 
F4-117-2 Gouamir 217.10 -0.3 -6.8 0.00 2259 321 272 
F4-118-1 Gouamir 218.40 -0.5 -6.0 0.01 1734 134 255 
F4-118-2 Gouamir 218.40 -0.7 -6.6 0.01 2514 151 1248 
F4-118-3 Gouamir 218.40 -0.7 -6.7 0.00 2360 179 308 
* Formations defined by gross lithology of well logs. 
‡ Meterages denote meters in a stratigraphic section starting 6.5 meters above the base of the core, and 1.95 meters 
above the contact between the Khatt Fm. and underlying basement.  
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 In addition to the Khatt Formation, carbonate lithologies of the En Nesoar and lowermost 
Touirist formations (Fig. 1.4, field B) also show substantial oxygen isotope variation. Here, 
oxygen isotope compositions range from -3 to -9‰. Petrographic fabrics in these samples are 
dominated by zoned, euhedral dolomite crystals that suggest post-depositional recrystallization 
from one or more diagenetic fluid phases. Where distinct phases of alteration were microdrilled 
and categorized by varying degrees of 18O depletion, however, carbon isotope compositions 
remain essentially unchanged, suggesting that water-rock ratios during diagenesis were high 
enough to alter original oxygen isotope composition, while carbon isotope compositions 
remained buffered to rock compositions. This is not unexpected, as carbon and oxygen behave 
very differently in the diagenetic environment, with carbon being much more resistant to fluid 
alteration than oxygen (Banner and Hanson, 1990).  
 Carbon and oxygen isotope compositions of the remaining Touirist, Aguelt el Mabha, and 
Gouamir formations show values that are considered typical of unaltered marine carbonate (Fig. 
1.4, fields C, D, and E, respectively). The Touirist and Gouamir formations are nearly identical 
in their oxygen isotope composition, although they do reveal distinctly different carbon isotope 
compositions. By contrast, isotopic compositions of Aguelt el Mabha Formation carbonate (Fig. 
1.4, field E) are distinct in both carbon and oxygen. Generally lower oxygen isotope values 
suggest the possibility of diagenetic alteration, although this interpretation is not supported by 
petrographic (and CL) observation of finely crystalline, dully-luminescent fabrics. Combined, 
isotopic data suggest distinct isotopic differences between formations and lithofacies, and at least 
some of these differences are seemingly independent of petrographic evidence for diagenesis. 
This suggests that isotopic differences recorded in El Mreiti Group strata may represent a 
combination of chemically distinct water masses during deposition, and differences in post-
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depositional diagenesis.  
 
4.3 Elemental signatures 
 Examination of trace element geochemistry may permit more precise differentiation 
between trends related to water chemistry and those related to later diagenesis. Because Sr 
concentration, like oxygen isotope composition, is easily altered during post-depositional 
diagenesis (Brand and Veizer, 1980; Banner and Hanson, 1990), Sr concentration can readily 
illuminate effects of diagenesis (Fig. 1.5A). Generally elevated Sr concentrations (200 to >1000 
ppm) in the Touirist and Aguelt el Mabha formations, combined with oxygen isotope values that 
are typical of well-preserved marine carbonate suggest only minimal recrystallization of primary 
carbonate phases. Substantially lower Sr concentrations in carbonate of the Gouamir Formation 
(<200 ppm), but with little indication of additional exchange in oxygen isotopes, is consistent 
with petrographic evidence for early neomorphic recrystallization of radiating crystal splays in 
an otherwise micritic calcite matrix. Although recrystallization occurred (expelling Sr from the 
crystal lattice), its fabric retentive nature suggests that it occurred in the presence of 
penecontemporaneous marine fluids, and thus is likely to preserve marine carbon isotope 
signatures. The En Nesoar and Khatt formations are also low in Sr (<200 ppm), which is 
consistent with petrographic fabrics suggesting recrystallization from a range of post-
depositional fluids.  
If Sr concentration is used as an effective metric for the geochemical preservation of 
penecontemporaneous marine fluids, plotting Sr against Mn concentration only confirms our 
previous interpretations (Fig. 1.5B). The vast majority of petrographically well-preserved 
carbonate phases (in the Touirist, Aguelt el Mabha, and Gouamir formations) preserve 
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substantially lower Mn concentrations than diagenetic phases represented by the En Nesoar and 
Khatt formations. Whereas oxygenated seawater contains only trace amounts of Mn, deep-burial 
fluids are frequently highly reducing and, thus, substantially enriched in Mn. The Khatt and En 
Nesoar formations, which have been petrographically identified as containing post-depositional 
recrystallization phases, show Sr concentrations remaining below 200 ppm, but Mn enrichments 
to >7,000 ppm (Fig. 1.5B). Much of the preferential Mn incorporation displayed by the En 
Nesoar Formation may also reflect the presence of dolomite, which has a greater preference for 
Mn in the crystal lattice (Veizer, 1983; Mazzullo, 1992). Mn concentrations of the Touirist and 
Aguelt el Mabha formations, however, are interesting in that elevated Mn (up to 3,000 ppm) co-
occur with both elevated Sr concentration and with oxygen isotope compositions indicative of 
little altered marine phases. Although elevated Mn concentration is often interpreted to reflect 
post-depositional alteration, we concur with earlier workers (Kah et al., 2012) that pristine 
petrographic condition and elevated Sr concentration in these samples requires limited post-
depostional modification. In this case, moderately elevated Mn concentrations are better 
interpreted to reflect carbonate deposition from dysoxic to potentially anoxic marine fluids. 
Combined, these observations suggest the possibility that carbonate in these formations formed 
in the presence of chemically distinct fluids, with some formations reflecting moderately 
reducing conditions, at least within pore fluids.  
 In order to further explore potential modification of carbonate chemistry during 
diagenesis, we also looked at Mn and Fe concentration with respect to the Mg/Ca ratio of the 
carbonate samples (Fig. 1.5C, D). Samples from the En Nesoar and lowermost Touirist 
formations show a discrete trend of strongly elevated Mn concentration with increasing Mg/Ca 
ratio. Similarly, these same samples show substantial elevation in Fe concentration, again 
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correlating to Mg/Ca ratio. These patterns clearly indicate modification of trace element 
signatures during post-depositional fluid flow and dolomitization. The vast majority of El Mreiti 
Group samples do not appear to have been affected by these fluids. There is evidence that 
moderately elevated Mn concentrations, such as those recorded in the Aguelt el Mabha 
Formation, are independent of Mg/Ca ratio, suggesting dysoxic to anoxic conditions during 
deposition of this unit. An interpretation of a geochemically distinct water mass during 
deposition of the Aguelt el Mabha Formation is strengthened when examining Fe concentrations. 
Aguelt el Mabha Formation samples show substantial Fe enrichment (up to 70,000 ppm) that is 
clearly independent of Mg/Ca ratio (Fig. 1.5D). The Aguelt el Mabha Formation contains 
petrographically well-preserved phases and high Sr concentrations, suggesting that, like Mn, 
these high Fe concentrations result from primary differences in the chemistry of depositional 
fluids. Specifically, elevated Mn and Fe concentrations suggest deposition of the Aguelt el 
Mabha Formation from dysoxic to persistently anoxic conditions within either the water column 
or substrate pore fluids. 
  
4.4 Chemostratigraphy   
 Together, isotopic and elemental data suggest that individual units within the El Mreiti 
Group preserve a combination of carbonate precipitation from chemically distinct water masses, 
and modifications to primary chemistry imparted during post-depositional diagenesis. This 
interpretation is further supported by examining stratigraphic changes in carbon isotope 
composition through the El Mreiti Group (Fig. 1.6). Petrographic analyses indicate that the the 
Khatt Formation experienced substantial secondary alteration, and is unlikely to have any 
chemostratigraphic significance. Similarly, the En Nesoar Formation contains abundant evidence  
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for diagenetic recrystallization. Evidence for several generations of fluid flow that affected, 
almost exclusively, En Nesoar strata suggests that this formation may have served as a primary, 
long-term conduit for fluid flow. Because it is uncertain what the preserved carbon isotope 
values reflect, we do not further consider these data in our discussion. Petrographic, isotopic, and 
elemental data for the Touirist, Aguelt el Mabha, and Gouamir formations, on the other hand, 
suggest retention of near primary marine geochemical signatures. Generally positive carbon 
isotope values in the Touirist Formation are consistent with similar values from coeval deeper-
water strata of the Atar Formation (cf. Fig. 1.1). Similarly, a strong negative isotopic excursion 
in the overlying Aguelt el Mabha Formation, and subsequent recovery to positive carbon isotope 
values in the Gouamir Formation, is consistent with isotopic trends preserved in coeval deeper-
water strata of the Oued Tarioufet Formation. If current correlations are correct, the negative 
excursion preserved in the Aguelt el Mabha Formation should reflect a pronounced, globally 
recognized, late Mesoproterozoic negative isotopic excursion (Kah et al., 2012).  
 It is important to note, however, that despite the similarity in stratigraphic pattern 
between this high-resolution isotopic profile through El Mreiti Group strata and globally 
recognized isotopic trends, the absolute magnitude of isotopic excursions is substantially 
different.  Restricted-marine facies from epicratonic regions of the Taoudeni Basin preserve 
carbon isotopic values that are consistently >2‰ lighter than coeval pericratonic environments, 
and up to 4‰ lighter than open marine successions from elsewhere in the world (cf. Kah et al., 
1999). We suggest that these data clearly demonstrate the ability of sedimentary strata to record 
vertically and laterally distinct water masses, and that these water masses reflect a systematic 
trend towards lower carbon isotope values from open ocean environments into the craton 
interior.  
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5. Discussion 
5.1. Summary of observations 
 Isotopic and elemental data reveal distinct differences in the degree and composition of 
fluids that have interacted with El Mreiti Group strata. Poikilotopic carbonate within the Khatt 
Formation appears to have formed primarily from post-depositional fluids of uncertain age and 
origin. However, these isotopically distinct fluids (δ13C < -4‰ and δ18O < -11‰) appear to have 
had little influence over the isotopic composition of remaining El Mreiti Group strata. Similarly, 
strata of the En Nesoar Formation have been subjected to extensive post-depositional 
recrystallization, which is reflected in their petrographic microfabric, their mineralogy, and their 
isotopic and elemental chemistry. Strong correlation between oxygen isotopic composition and a 
variety of elemental compositions suggest that post-depositional fluids responsible for En Nesoar 
dolomitization had little effect on the geochemistry of other stratal units.  
 By contrast, marine carbonate of the Touirist, Aguelt el Mabha, and Gouamir formations 
exhibits little petrographic evidence for recrystallization by later diagenetic fluids, and contains 
isotopic and elemental compositions that suggest deposition and early diagenesis within a 
primarily marine water body. In this case, differences in the carbon-isotope composition among 
these three units are best attributed to real differences in the composition of their constituent 
water masses. A monotonic rise in δ13C through the Gouamir Formation suggests that these 
isotopic differences may result, in part, from secular change in the composition of marine DIC. 
Generally lighter carbon isotopes in the Touirist and Aguelt el Mabha formations than in their 
pericratonic equivalents in the Atar region, however, suggest deposition from discrete, regional 
water masses. Differences in elemental chemistry between the Touirist and Aguelt el Mabha 
formations further indicate that carbonate from these formations formed in the presence of fluids 
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that were isotopically and elementally distinct.  
 
5.2. Epicratonic seas and their physical and chemical behavior 
 Even in cases where a connection with the open ocean is retained, epicratonic seas have 
the potential to record physical and chemical regimes substantially different from bordering open 
ocean environments (see Allison and Wells, 2006 for review). Internally, the physical mixing of 
epicratonic seas is likely to be substantially reduced compared to open ocean environments. 
Mixing by wind-driven waves, for instance, is dominantly a function of the fetch, duration, and 
sustained intensity of winds. Although regions of intense storm activity may potentially 
experience intermittent wave mixing to depths of >50 meters (Jönsson et al., 2002), epicratonal 
seas are more likely to experience substantially reduced mixing because of the restriction of tidal 
mixing. Upon propagation into shallow-marine regions, open ocean tides result in marked 
turbulence and mixing along the tidal front (Scourse and Austin, 2002). In an epicratonic sea, 
sustained friction with the seafloor will result in landward attenuation of this tidal front and a 
substantial decrease in tidal energy (Irwin, 1965), resulting in broad regions that experience little 
or no tidal mixing. In the absence of tidal mixing, and with potentially ineffective wind-driven 
advection, even epicratonic seas with a coherent hydrological connection to the open ocean have 
the potential to become rapidly isolated from the global surface ocean. In these cases, the degree 
of isolation will be a function primarily of regional substrate topography and eustatic sea level.  
 Once isolated from the open ocean, shallow-marine, epicratonic environments become 
susceptible to potentially wide fluctuations in geochemical environment, driven by a 
combination of the low volume and potentially long residence time of epicratonic waters, 
regional variation in evaporation and freshwater influx, and generally low degrees of mixing. 
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Lateral variability in the geochemical structure of epicratonic waters was documented in detail 
by Holmden et al. (1998) in his study of seawater chemistry across the Laurentian epicratonic 
seaway and foreland basin of the late Ordovician. This study showed substantial variation in the 
isotopic composition of carbon, oxygen, strontium, and neodymium across epicratonic regions, 
which was attributed to variable input and mixing of marine and terrestrial waters. Because of 
the widespread use of carbon isotopes in the characterization and correlation of, often, 
epicratonic successions, much of the effort since this time has focused on the potential for 
epicratonic seas to preserve carbon isotope records that may be substantially modified from open 
marine DIC (Holmden et al., 1998; Cowen et al., 2005; Panchuk et al., 2005; 2006). These 
studies all record a systematic reduction in the isotopic composition of DIC within Paleozoic 
epicratonic environments (recorded in both carbonate lithologies and trace carbonate associated 
with biogenic phosphate), as compared to coeval pericratonic and offshore marine environments. 
Carbon isotope compositions were then attributed to an input source of isotopically depleted 
carbon—e.g., upwelling of 13C-depleted deep waters, terrestrial input of isotopically light 
organic matter, or in situ remineralization of organic carbon—that preferentially affected 
epicratonic environments. 
 
5.2.1. Scenario 1: 13C-depletion from marine upwelling 
 In the modern ocean, the δ13C value of DIC in the oxygen minimum zone (OMZ) is 
lower than in surface waters because the oxidation of organic matter, initially derived from 
photosynthesis, introduces isotopically light carbon back into the DIC pool. The magnitude of 
the isotopic difference between surface waters and OMZ waters is variable, and dependent upon 
the degree to which deep waters have been isolated from well-mixed surface waters (Patterson 
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and Walter, 1994). The upwelling of deeper waters from the OMZ has the potential, then, to 
bring isotopically light carbon to the surface oceans, imparting a local signal on the isotopic 
composition of DIC in areas closest to the upwelling front. Upwelling of 13C-depleted waters has 
been called upon to explain small-scale negative δ13C excursions in both the ancient (Schoepfer 
et al., 2012) and recent geologic past (Niitsuma et al., 1991). Within epicratonic environments, 
upwelling of isotopically light DIC is expected to be greatest in areas where the upwelling water 
mass first comes in contact with surface waters, with the degree of isotopic depletion expected to 
wane with continued mixing with 13C-encriched surface waters (Panchuk et al., 2005).  
 
5.2.2. Scenario 2: 13C-depletion from terrigenous plant material 
 Isotopically light carbon can also enter an epicratonic environment from terrestrial runoff. 
Terrestrial runoff can contain either DIC derived from the remineralization of terrestrial organic 
matter (Longinelli and Edmond, 1983; Chanton and Lewis, 1999), or terrestrial organic carbon in 
particulate (POC) or dissolved (DOC) form, which can then be remineralized in situ within 
epicratonic water masses. This effect has been documented in many settings where terrestrial 
organic matter is dominantly plant-derived (Prahl et al., 1994; Chanton and Lewis, 1999), but 
also in pre-Silurian strata (Cowan et al., 2005; Panchuk et al., 2005; 2006) where the terrestrial 
biosphere was likely dominated by early bryophytes (Shear, 1991; Wellman and Gray, 2000). In 
fact, influx of isotopically light carbon from terrestrial environments has been used to argue that 
major carbon isotopic excursions in the geologic record—including those in the 
Neoproterozoic—were related to increases in photosynthetic rates on land rather than secular 
change in marine DIC (Knauth and Kennedy, 2009; Swart and Kennedy, 2012). This mechanism 
has also been called upon to explain isotopic heterogeneity within ancient epicratonic 
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environments where mass balance models have indicated that respiration of marine organic 
carbon cannot produce sufficient degrees of remineralization (Panchuk et al., 2005; 2006; see 
below).   
 
5.2.3. Scenario 3: 13C-depletion from in situ organic remineralization 
 In situ remineralization of organic matter may be an effective mechanism for producing 
isotopically light DIC, especially in restricted settings where exchange with open ocean DIC is 
limited. In this scenario, oxidation of isotopically light organic matter within the water column or 
at the sediment-water interface introduces isotopically light carbon into substrate pore-waters or 
back into the DIC pool (Rivkin and Legendre, 2001; Benner, 2011). Panchuk et al. (2005; 2006) 
used a mass balance approach to examine whether organic carbon remineralization could 
produce enough 13C-depleted DIC to drive the ~4‰ isotopic difference observed across the 
epeiric sea that covered eastern Laurentia during the Ordovician. Their models showed that 
remineralization would be insufficient to produce sustained lower δ13C values of DIC in the 
shallowest parts of the epeiric sea because organic carbon would be exhausted from the 
sediments under conditions of net remineralization, producing only a short-lived isotopic 
excursion; and under high pCO2 conditions of the Ordovician (16x present atmospheric levels; 
Yapp and Poths 1992; Berner and Kothavala, 2001), the isotopic composition of DIC would have 
been largely buffered against substantial isotopic change (cf., Bartley and Kah, 2004). The 
required flux of organic carbon to the DIC pool calculated in their models assumes an isotopic 
composition of -29‰ for respired organic matter, however, which does not take into account the 
range of metabolic reactions that might be involved in organic matter degradation (see below).  
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5.3. Epicratonic environments of the Mesoproterozoic 
 A comparison of carbon isotope trends from a variety of late Mesoproterozoic basins 
suggest potential modification, within restricted epicratonic environments, of global-scale 
chemostratigraphic trends. Kah et al. (1999; 2012) compiled data from several geographically 
disparate sedimentary successions to construct a global carbon isotope curve for a portion of the 
late Mesoproterozoic (see Fig. 10, Kah et al., 2012). This curve (cf. Fig. 1.1) is, in part, 
characterized by an extended plateau of values near 3.0 ± 1.0‰, followed by a variable 
excursion to negative values and recovery to initially elevated values. Above this interval, carbon 
isotope values drop sharply to less than -1‰, followed by an extended rise during which values 
oscillate by 2-3‰ while climbing to values that exceed 3‰. Kah et al. (2012) further suggest 
that this pattern of globally dispersed, pericratonic to epicratonic successions with a high degree 
of synchroneity—and thus chemostratigraphic similarity—reflects carbonate platform 
development during intervals of global sea level highstand, during which marine sediment was 
deposited over large areas of continental crust.  
 Interestingly, these same successions are shown to record systematic variation between 
pericratonic and epicratonic environments. During the stratigraphically lower period of isotopic 
stasis (cf. Fig. 1.1), deepest-water successions (Arctic Canada, Kah et al., 1999) show the most 
consistently positive carbon isotope values (near 3.5‰).  Deepest water facies within the 
Taoudeni Basin record slightly less positive values (near 2‰; Kah et al. 2012), and increasingly 
restricted settings during this interval (Arctic Canada, Kah et al., 1999; 2001; Taoudeni Basin, 
Kah et al., 2012; Fig. 1.6, this study) systematically preserve lower δ13C values. This pattern is 
repeated even during intervals of global isotopic excursions (cf. Fig. 1.1) wherein more open 
marine settings are marked by an ~4‰ negative isotopic excursion that reaches values between -
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1 and -2‰ (Kah et al., 1999; 2001; Knoll et al., 1995; Bartley et al., 2001). In deepest-water, 
pericratonic facies of the Taoudeni Basin, this excursion is marked by a 5‰ negative excursion 
that reaches values near -3‰ (Kah et al., 2012). By contrast, restricted epicratonic marine facies 
of this study record nearly a 6‰ negative excursion that reaches values of less than -5‰.  
 In addition to a systematic decrease in the isotopic composition of marine carbonate, this 
study reveals that carbonate samples from the craton interior also retain distinct elemental 
compositions. Within the interval marked by isotopic stasis, epicratonic strata of the Touirist 
Formation show Mn concentrations (<1500 ppm) that are elevated over coeval pericratonic strata 
of the Atar Formation (<800 ppm; Kah et al., 2012).  Similarly, within the interval marked by a 
globally recognized negative isotope excursion, epicratonic strata of the Aguelt el Mabha 
Formation show moderately elevated Mn concentrations (<3,000 ppm) and highly elevated Fe 
concentrations (>10,000 ppm). These concentrations are in stark contrast to strata from deeper-
water, pericratonic strata of the Oued Tarioufet Formation, whose Mn concentrations do not 
exceed 500 ppm, and whose Fe concentrations are generally <1,500 ppm (Kah et al., 2012). 
These elemental data provide additional evidence that carbonate formation was influenced by 
chemically distinct water masses that existed between pericratonic and epicratonic environments 
in the late Mesoproterozoic. 
 
5.4. Rethinking remineralization 
 Using arguments similar to those presented by Panchuk et al. (2005), we suggest that 
anomalously low isotopic values preserved within epicratonic strata can be reasonably assumed 
to originate from an input source of isotopically depleted carbon that preferentially affected 
epicratonic environments. For these reasons, we dismiss the potential for deep-water upwelling 
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as a source of 13C-depleted DIC because a deep-marine source should preferentially, and to a 
greater magnitude, affect pericratonic open marine environments. By contrast, we also suggest 
that significant input of 13C-depleted organic carbon from terrestrial environments is also 
unlikely. A number of recent studies have reported the presence of fossil microbial communities 
on land during the Mesoproterozoic (Horodyski and Knauth, 1994; Sheldon et al., 2009; Strother 
et al., 2011), and carbon isotope signatures from Mesoproterozoic speleothems suggest the 
potential for small isotopic depletions in terrestrial settings (Kah and Glover, 2007). 
Nevertheless, there remains little evidence to support a biomass of sufficient magnitude to 
support the carbon isotope depletions recorded in Mesoproterozoic epicratonic environments. 
Significant colonization and reorganization of the land surface, in fact, may not have occurred 
until the Neoproterozoic or later (Kennedy et al., 2006; Kenrick et al., 2012).  
 In order to assess isotopic heterogeneity observed across the Mesoproterozoic Taoudeni 
Basin, it then becomes necessary to revisit the role of organic carbon remineralization. Herein, 
we suggest that low levels of biospheric oxygen in the Mesoproterozoic (Kah and Bartley, 2011, 
and references therein) may fundamentally alter the dynamics of carbon cycling and organic 
matter remineralization. Locally dysoxic (to potentially anoxic and sulfidic) conditions have 
been identified in El Mreiti Group strata based on biomarker data (Blumenberg et al., 2012), and 
on preliminary Fe-speciation data (Gilleaudeau and Kah, 2011). Oxygen-poor conditions are 
further supported by elevated incorporation of Mn and Fe into sedimentary carbonate (especially 
during deposition of the Aguelt el Mabha Formation). Mn and Fe are typically supplied to 
shallow marine environments via input from terrestrial sources (Canfield, 1989; Thamdrup, 
2000; Raiswell and Canfield, 1998; 2012). Once in the marine system, these ions are microbially 
reduced through a variety of metabolic pathways (Burdige, 1993; Thamdrup, 2000), after which 
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they require at least localized anoxia (within the water column or within shallow substrate pore 
fluids) to be retained in solution for incorporation into carbonate minerals. Although at present it 
is uncertain as to whether anoxic conditions were regionally stable within a stratified, epicratonic 
water body or occurred wholly within the substrate, we suggest that regional anoxia was a 
critical parameter in organic matter remineralization. 
 
5.4.1. Enhanced methane oxidation 
 Under low oxygen and potentially sulfate-limited conditions that are a hallmark of the 
Proterozoic (cf. Shen et al., 2002; 2003; Kah et al., 2004; Brocks et al., 2005), carbon cycling 
within benthic microbial mats will rapidly move from uptake via photosynthetic communities, 
through the zone of bacterial sulfate reduction (which overlaps broadly with zones of microbial 
Mn and Fe reduction; Hendry, 1993). Once available sulfate is depleted, microbial metabolisms 
shift to methanogenesis. In fact, in sulfate-limited environments, methanogenic degradation of 
organic matter is the main path of carbon remineralization (Rudd and Taylor, 1980). Organic 
remineralization that proceeds via methanogenesis produces biogenic methane that is strongly 
depleted with respect to 13C (δ13C of -50 to -70‰; Rudd and Taylor, 1980), as well as CO2 gas 
that is typically closer in composition—yet still 13C depleted—relative to to the parent DIC 
(Whiticar, 1999). This biogenic methane can then be oxidized, either abiotically, or via either 
aerobic or anaerobic methanotrophy, resulting in the return of strongly 13C-depleted carbon 
dioxide to the local DIC reservoir (Rudd and Taylor, 1980; Martens et al., 1999; Whiticar, 1999; 
Conrad et al., 2007; Zeebe, 2007). Because carbon dioxide that is produced by methane 
oxidation is substantially more depleted with respect to 13C than carbon dioxide resulting from 
respiration of photosynthetically-produced organic matter (-30‰; Des Marais, 1997), the 
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coupled processes of methanogenic remineralization of organic carbon, and oxidation of 
biogenic methane by methanotrophs, have the potential to have a substantially greater impact on 
the standing DIC pool than has been modeled for Paleozoic epicratonic environments (Panchuk 
et al., 2005).  
 
5.4.2. Enhanced oxidation of DOC 
 In an alternative model, Rothman et al. (2003) suggested that under low-oxygen 
conditions, respiration of photosynthetic organic matter can result in a standing pool of dissolved 
organic carbon (DOC, with δ13C = -30‰). If anoxic conditions persist within the system, this 
DOC pool can increase to where it reaches, or potentially exceeds, the magnitude of the standing 
DIC pool. Under these conditions, minor fluctuation in the position of the marine oxycline can 
drive the rapid and potentially sustained oxidation of this DOC pool, delivering isotopically light 
carbon dioxide to the standing DIC pool. This phenomenon is thought to have played a major 
role in the generation of large-magnitude negative isotopic excursions in the Neoproterozoic 
(Rothman et al., 2003), and may have played a role, as well, in the much smaller isotopic 
depletions recorded here.  In fact, regardless of the behavior of carbon cycling in open ocean 
environments, epicratonic environments—with potentially enhanced stratification resulting from 
regional reduction in tidal mixing—may have been particularly vulnerable to stratification and 
development of a standing DOC pool.   
 
5.5. Carbon cycling in El Mreiti Group facies  
 In the discussion above, we suggest that extensive organic matter remineralization was 
capable of driving DIC to isotopically lower values. It is critical, then, to assess to what extent 
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these modified fluids affected the regional depositional environment. If isotopically light DIC 
were isolated to within pore fluids, it would be expected that isotopic depletion would be 
restricted to carbonate formed authigenically within the substrate (cf. Higgins et al., 2009). 
Interestingly, petrographic evidence for authigenic carbonate formation occurs only within 
Touirist Formation black shale facies, where carbonate phases consist of finely crystalline calcite 
that is concentrated along organic-rich laminae (see Blumenberg et al., 2012). These facies show 
an approximately 1-2 ‰ depletion relative to open-water facies in the Atar region (Fig. 1.1), 
which might reflect a contribution from authigenic precipitation within benthic mats. Isotopic 
depletion (up to 4‰) is much greater, however, in the Aguelt el Mabha Formation where micrite 
occurs as small ripples, thin beds, and intraformational conglomerates, suggesting precipitation 
within the water column and subsequent transport as a detrital phase. In this case, the Aguelt el 
Mabha formation is believed to record the isotopic composition of water column DIC.  
 The extent to which isotopically light DIC generated through microbial cycling could 
affected the isotopic composition of the water column DIC pool in epeiric environments is 
dependent on the degree of communication between pore fluids and the overlying water column. 
Isotopic depletion in the Aguelt el Mabha Formation suggests that communication between pore 
fluids and the overlying water column was sufficient to affect the isotopic composition of the 
standing water column DIC pool, thus overcoming the potential buffering effects of elevated 
pCO2 (cf. Bartley and Kah, 2004). Here we suggest that the efficacy of organic matter 
remineralization may further be linked to both the persistence of anoxia (cf. Henrichs and 
Reeburgh, 1987; Hartnett et al., 1998) and the availability of sulfate within these epicratonic 
environments.  
 Although heterogeneity in carbon isotopic composition is observed within the Touirist 
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Formation relative to coeval, deeper-water strata of the Atar Group, the Touirist Formation 
records conspicuously less 13C-depletion than does the overlying Aguelt el Mabha Formation. 
Similarly, although the Touirist and Aguelt el Mabha formations have similar Mn concentrations 
in carbonate, Touirist Formation carbonates are substantially less enriched in Fe. The Touirist 
Formation, however, also contains much greater TOC—with concentrations routinely exceeding 
20% (Rooney et al., 2010; Blumenberg et al., 2012; this study)—and substantially greater pyrite 
concentrations (up to 5% by weight; Gilleaudeau and Kah, 2011).  
 The Touirist Formation represents deposition during the most extensive flooding of the 
West African craton. High TOC, combined with a lesser degree of isotopic depletion suggests 
that, in these environments, much of the organic carbon was buried as sedimentary organic 
matter rather than remineralized. We suggest that under low-oxygen conditions that 
characterized the Mesoproterozoic (Kah et al., 2004; Kah and Bartley, 2011; and references 
therein), water depths of the Touirist Formation may have been great enough to result in 
persistently anoxic waters below a mixed zone defined by fair-weather wave base. Persistent 
anoxia at the sediment-water interface would enhance organic carbon burial, and limit the 
oxidation and subsequent remineralization of reduced carbon phases (CH4 or DOC). Generally 
lower levels of Fe and Mn incorporation into sedimentary carbonate of the Touirist Formation 
also suggest that persistent anoxia may have been accompanied by development of regionally 
sulfidic conditions, which would have effectively removed reduced Fe as pyrite. Furthermore, 
sulfidic conditions demand at least local enrichment in marine sulfate, which would have 
restricted methanogenesis, and thus potentially eliminated methane oxidation as a source of 
isotopically light carbon. Persistent anoxia during deposition of the Touirist Formation is 
consistent with intermediate pristane/phytane ratios and abundant diahopanes in preserved 
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organic matter, although strong evidence for sulfidic conditions is lacking from biomarker data 
(Blumenberg et al., 2012). 
 By contrast, a major regression has been proposed to occur at the transition from the 
Touirist to Aguelt el Mabha formations (Kah et al., 2012). This regressive surface is manifested 
in epicratonal environments by a change from organic- and pyrite-rich black shale of the 
underlying Touirst Formation to substantially siltier grey, green, and red shale that characterizes 
the Aguelt el Mabha Formation. These shallower-water facies of the Aguelt el Mabha Formation 
would be expected to be associated with a greater degree of environmental restriction and the 
potential for greater interaction with oxygenated surface waters. Here we suggest that shallower-
water, more restricted environments of the Aguelt el Mabha Formation played a fundamental 
role in the extent of organic matter remineralization and its isotopic effects. Elevated 
concentrations of Mn, and particularly Fe, within primary carbonate phases suggest locally 
persistent anoxic environments that were likely restricted, at least initially, to within benthic 
microbial mats and sediment pore space. Elevated Fe concentrations, combined with a paucity of 
pyrite, further indicate low-sulfate conditions as compared to environments represented by the 
Touirist Formation. Sulfate limitation may reflect fluid modification by freshwater influx. Low 
sulfate conditions would have enhanced the potential for biogenic methane production. In the 
presence of an intermittently wave-mixed (and thus oxygenated) water column, these conditions 
would have fostered methane oxidation and the remineralization of organic matter over burial. 
Such a scenario is consistent with both the greater degree of carbon isotope depletion recorded in 
the Aguelt el Mabha Formation and the lower preservation of organic carbon (TOC < 8%). 
 It seems, then, that the degree of sulfate limitation and the persistence of bottom water 
anoxia were markedly different in carbonate-forming environments of the Touirist and Aguelt el 
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Mabha formations. These differences fundamentally affected the range of microbial metabolisms 
that could operate during early anaerobic diagenesis, leading to the production of both 
isotopically light DIC, and fluids enriched in Fe and Mn.  
 
6. Conclusions 
 Geochemical data from Mesoproterozoic strata of the Taoudeni Basin show clear 
evidence for the existence of chemically distinct water masses through both time and space 
across a large epicratonic sea. We suggest that in situ organic matter remineralization was the 
primary mechanism for producing isotopically light DIC within restricted epicratonic 
environments of the Mesoproterozoic. Previous models (Panchuk et al., 2005) suggest that 
respired organic matter is incapable of producing 2 to 4‰ isotopic depletion under conditions of 
elevated pCO2—which would effectively buffer the isotopic composition of marine DIC (Bartley 
and Kah, 2004). By contrast, we suggest that low-oxygen, and potentially low-sulfate conditions 
that characterized Mesoproterozoic environments would enhance the isotopic effect of 
remineralization through the development and later oxidation of a marine DOC pool, or through 
the production and subsequent oxidation of microbial methane. Furthermore, we suggest that the 
efficacy of organic matter remineralization in the Mesoproterozoic was further linked to sea level 
and the persistence of bottom-water anoxia within epicratonic seas.   
 Isotopic and elemental data provided here confirm that chemically distinct water masses 
can be traced between pericratonic and epicratonic marine environments. Isotopic heterogeneity 
observed within similarly-aged strata of the Bylot Supergroup (Baffin Island, Canada) and the 
Turukhansk Group (Siberia) also suggest that chemically distinct water masses may be a 
hallmark of deposition during global highstands of sea level. Holmden et al. (1998) hypothesized 
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that spatial heterogeneity in isotopic composition could act as a complicating factor in the 
practice of global carbon isotope stratigraphy. Our data confirm the potential for preserving 
effects of isolated water masses but suggest that, within the context of global isotopic patterns, 
such regional effects act primarily to alter the magnitude, rather than the underlying pattern of 
observed isotopic trends. 
 Ultimately, the key observation of this study is that the surface oceans in the late 
Mesoproterozoic were chemically highly heterogeneous and that during global highstands of sea 
level, even small differences in water depth can have large effects on the chemical behavior of 
restricted, epicratonic water masses. Within the Taoudeni Basin, both the Touirist and Aguelt el 
Mabha formations (El Mreiti Group) were deposited in restricted, shallow-marine environments. 
Intermittent anoxia and sulfate limitation during deposition of the Aguelt el Mabha Formation 
favored elevated concentration of reduced iron and enhanced organic carbon remineralization. 
By contrast, persistent anoxia and intermittent to persistent sulfidic conditions during deposition 
of the Touirist Formation resulted in enhanced pyrite deposition and favored organic carbon 
burial over remineralization. The stratigraphic juxtaposition of rocks that record such chemically 
distinct water masses indicates that this heterogeneity likely existed in both time and space 
across the Taoudeni Basin, as well as across other late Mesoproterozoic epicratonic seas.   
 
Acknowledgements 
This work was financially supported by grants from the National Science Foundation and the 
National Geographic Society. We are indebted to O. Reynolds, O. Weidlich and A. Frischbutter, 
as well as M. Blumenberg and J. Reitner (University of Göttingen) for enjoyable discussions 
over core. We thank Z. Li (University of Tennessee, Department of Earth and Planetary 
  62 
Sciences) for help in isotopic analyses, and C. Barnes and M. Peretich (University of Tennessee, 
Chemistry Department) for help in elemental analyses. This manuscript was improved by 
thoughtful criticisms from an anonymous reviewer.  
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
  63 
References 
Allison, P.A., Wells, M.R., 2006. Circulation in large ancient epicontinental seas: what was 
different and why? Palaios 21, 513-515.  
Alavaro, J.J., Macouin, M., Bauluz, B., Clausen, S., Ader, M., 2007. The Ediacaran sedimentary 
architecture and carbonate productivity in the Atar cliffs, Adrar, Mauritania: Palaeoenvironment, 
chemostratigraphy and diagenesis. Precambrian Res. 153, 236-261. 
Anbar, A.D., Knoll, A.H., 2002. Proterozoic ocean chemistry and evolution: a bioinorganic 
bridge? Science 297, 1137-1142.  
Arnold, G.L., Anbar, A.D., Barling, J., Lyons, T.W., 2004. Molybdenum isotope evidence for 
widespread anoxia in mid-Proterozoic oceans. Science 304, 87-90. 
Banner, J.L., Hanson, G.N., 1990. Calculation of simultaneous isotopic and trace element 
variations during water-rock interaction with applications to carbonate diagenesis. Geochim. 
Cosmochim. Acta 54, 3123-3137. 
Bartley, J.K., Kah, L.C., 2004. Marine carbon reservoir, Corg-Ccarb coupling, and the evolution of 
the Proterozoic carbon cycle. Geology 32, 129-132. 
Bartley, J.K, Semikhatov, M.A., Kaufman, A.J., Knoll, A.H., Pope, M.C. Jacobsen, S.B., 2001. 
Global events across the Mesoproterozoic–Neoproterozoic boundary: C and Sr isotopic evidence 
from Siberia. Precambrian Res. 111, 165-202.  
Bartley, J.K., Kah, L.C., Williams, J.L., Stagner, A.F., 2007. Carbon isotope chemostratigraphy 
of the Middle Riphean type section (Avzyan Formation, Southern Urals, Russia): Signal 
recovery in a fold-and-thrust belt. Chem. Geol. 237, 211-232. 
Benan, C.A.A., Deynoux, M., 1988. Facies analysis and sequence stratigraphy of Neoproterozoic 
platform deposits in Adrar of Mauritania, Taoudeni Basin, West Africa. Geol. Rundsch. 87, 283-
330. 
Benner, R., 2011. Biosequestration of carbon by heterotrophic microorganisms. Nat. Rev. 
Microbiol. 9, 75.  
  64 
Berner, R.A., Beerling, D.J, Dudley, R., Robinson, J.M., Wildman, R.A., Jr., 2003. Phanerozoic 
atmospheric oxygen. Annu. Rev. Earth Planet. Sci. 31, 105-134. 
Berner, R.A., Kothavala, Z., 2001. Geocarb III: A revised model of atmospheric CO2 over 
Phanerozoic time. Am. J. Sci. 301, 182-204. 
Bertrand-Sarfati, J. 1972. Les stromatolites du Precambrien Supérieur du Sahara Nord-
Occidental; inventaire, morphologie et microstructure des laminations, corrélations 
stratigraphiques. Centre de Recherches sur les zones arides, Geologie, CNRS, Paris 14, pp. 1-
240.  
Bertrand-Sarfati, J., Moussine-Pouchkine, A., 1985. Evolution and environmental conditions of 
Conophyton-Jacutophyton associations in the Atar Dolomite (Upper Proterozoic, Mauritania). 
Precambrian Res. 29, 207-234. 
Bertrand-Sarfati, J., Moussine-Pouchkine, A., 1988. Is cratonic sedimentation consistent with 
available models? An example from the Upper Proterozoic of the West African craton. 
Sediment. Geol. 58, 255-276. 
Bertrand-Sarfati, J., Moussine-Pouchkine, A., 1999. Mauritanian microbial buildups: Meso-
Neoproterozoic stromatolites and their environment; six days field trip on the Mauritanian Adrar. 
Association Sedimentologie France 31, 1-103. 
Bertrand-Sarfati, J., Moussine-Pouchkine, A., Affaton, P., Trompette, R. and Bellion, Y., 1991. 
Cover sequences of the West African Craton. In: Dallmeyer, R.D., Lécorché, J.P. (Eds.), The 
West African orogens and Circum Atlantic correlatives, Springer-Verlag, Berlin pp. 65-82. 
Bertrand-Sarfati, J., Moussine-Pouchkine, A., Aїt-Kaci-Ahmed, A., 1996. Subdivisions 
stratigraphiques nouvelles dans la couverture néoprotérozoїque au Nord-Est du bassin de 
Taoudenni (Algérie). In: Bitam, L., Fabre, J. (Eds.), Géodynamique du craton ouest africain 
central et oriental: héritage et évolution post-panafricains, Service Géologique de l’Algérie 
Memoire, pp. 63-90. 
Bertrand-Sarfati, J., Moussine-Pouchkine, A., Caby, R., 1987. Les correlations du Protérozoique 
au Cabrien en Afrique de l’Ouest: nouvelle interpretation géodynamique. Bulletin de la Societe 
  65 
Geologique de France 3, 855-865. 
Bertrand-Sarfati, J., Trompette, R., 1976. Use of stromatolites for intrabasinal correlation; an 
example from the late Proterozoic of the northwestern margin of the Taoudenni Basin. In: 
Walter, M.R. (Ed.), Stromatolites. Elsevier, Amsterdam, pp. 517–522.  
Blanc, A., Bernard, G.J., Caby, R., Caruba, C., Caruba, R., Dars, R., Fourcade, S., Peucat, J.J., 
1992. U-Pb dating and isotopic sinature of the alkaline ring complexes of Bou Naga 
(Mauritania); its bearing on late Proterozoic plate tectonics around the West African Craton. J. 
Afr. Earth Sci. 14, 301-311. 
Blumenberg, M., Thiel, V., Riegel, W., Kah, L.C., Reitner, J., 2012. Black shale formation by 
microbial mats lacking sterane-producing eukaryotes, late Mesoproterozoic (1.1 Ga) Taoudeni 
Basin, Mauritania. Precambrian Res. 196-197, 113-127. 
Brand, U., Veizer, J., 1980. Chemical diagenesis of a multicomponent carbonate system—1: 
Trace elements. J. Sediment. Petrol. 50, 1219-1236. 
Brand, U., Veizer, J., 1981. Chemical diagenesis of a multicomponent carbonate system—2: 
Stable isotopes. J. Sediment. Res. 51, 987-997. 
Brand, U., 2004. Carbon, oxygen, and strontium isotopes in Paleozoic carbonate components: an 
evaluation of original seawater chemistry proxies. Chem. Geol. 204, 23-44.  
Brocks, J.J., Love, G.D., Summons, R.E., Knoll, A.H., Logan, G.A., Bowden, S.A., 2005. 
Biomarker evidence for green and purple sulfur bacteria in a stratified Paleoproterozoic sea. 
Nature 437, 866-870.  
Bronner, G., Roussel, J., Trompette, R., Clauer, N., 1980. Genesis and geodynamic evolution of 
the Taoudeni Cratonic Basin (Upper Precambrian and Paleozoic), western Africa. In: Bally, 
A.W. (Ed.), Dynamics of Plate Interiors. Geodynamics Series 1, 81-90.  
Burdige, D.J., 1993. The biogeochemistry of manganese and iron reduction in marine sediments. 
Earth-Sci. Rev. 35, 249-284.  
  66 
Canfield, D.E., 1989. Reactive iron in marine sediments. Geochim. Cosmochim. Acta 53, 619-
632.  
Chanton, J.P., Lewis, G.F., 1999. Plankton and dissolved inorganic carbon isotopic composition 
in a river-dominated estuary: Apalachicola Bay, Florida. Estuaries 33, 575-583.  
Clauer, N., 1976. Géochimie isotopique du strontium des milieux sédimentaires: Application a la 
geochronology de la couverture du craton ouest-africain. Memoirs Sciences Géologiques, 
Strasbourg 45, 1-256.  
Clauer, N., 1981. Rb-Sr and K-Ar dating of Precambrian clays and glauconites. Precambrian 
Res. 15, 331-352.  
Clauer, N., Caby, R., Jeanette, D., Trompette, R., 1982. Geochronology of sedimentary and 
metasedimentary Precambrian rocks of the West African craton. Precambrian Res. 18, 53-71. 
Conrad, R., Chan, O.C., Claus, P., Casper, P., 2007. Characterization of methanogenic Archaea 
and stable isotope fractionation during methane production in the  profundal sediment of an 
oligotrophic lake (Lake Stechlin, Germany). Limnol. Oceanogr. 52, 1393-1406. 
Cowen, C.A., Fox, D.L., Runkle, A.C., Saltzman, M.R., 2005. Terrestrial-marine carbon cycle 
coupling in ~500-m.y.-old phosphatic brachiopods. Geology 33, 661-664. 
Derry, L.A., 2010. On the significance of δ13C correlations in ancient sediments. Earth Planet. 
Sci. Let. 296, 497-501. 
Des Marais, D.J., 1997. Isotopic evolution of the biogeochemical carbon cycle during the 
Proterozoic Eon. Org. Geochem. 27, 185-193. 
Des Marais, D.J., 2001. Microbial mats, stromatolites, and the rise of oxygen in the Precambrian 
atmosphere. Palaeogeogr. Palaeoecol. 97, 93-96. 
Deynoux, M., 1980. Les formations glaciaires du Précambrien terminal et de la fin de 
l’Ordovicien en Afrique de l’Ouest. Deux exemples de glaciation d’inlandsis sur une plateforme 
stable. Laboratorie de la Science de Terre, St. Jérôme, Marseille 17, 1-554. 
  67 
Deynoux, M., Kocurek, G., Proust, J.N., 1989. Late Proterozoic periglacial aeolian deposits on 
the West African Platform, Taoudeni Basin, western Mali. Sedimentology 36, 531-549. 
Fairchild, I.J., Marshall, J.D., Bertrand-Sarfati, J., 1990. Stratigraphic shifts in carbon isotopes 
from Proterozoic stromatolitic carbonates (Mauritania): influences of primary mineralogy and 
diagenesis. Am. J. Sci. 290-A, 46-79. 
Fike, D.A., Grotzinger, J.P., Pratt, L.M., Summons, R.E., 2006. Oxidation of the Ediacaran 
ocean. Nature 444, 744-747. 
Frank, T.D., Lyons, T.W., 2000. The integrity of δ18O records in Precambrian carbonates: a 
Mesoproterozoic case study. SEPM Special Publication 67, 315-326. 
Frank, T.D., Kah, L.C., Lyons, T.W., 2003. Changes in organic matter production and 
accumulation as a mechanism for isotopic evolution in the Mesoproterozoic ocean. Geol. Mag. 
140, 397-420. 
Gill, B.C., Lyons, T.W., Young, S.A., Kump, L.R., Knoll, A.H., Saltzman, M.R., 2011. 
Geochemical evidence for widespread euxinia in the Later Cambrian ocean. Nature 469, 80-83. 
Gilleaudeau, G.J., Kah, L.C., 2011. Considerations on the use of iron, carbon, and sulfur 
paleoredox proxies in low sulfate Proterozoic oceans: an example from the Mesoproterozoic 
Touirist Formation, Mauritania. Geol. Soc. Am. Abstracts with Programs 43, 656. 
Girard, J.P., Deynoux, M., Nahon, D., 1989. Diagenesis of the Upper Proterozoic siliciclastic 
sediments of the Taoudeni Basin (West Africa) and relation to diabase emplacement. J. 
Sediment. Petrol. 59, 233-248. 
Goodman, E.E., Kah, L.C., 2004. Trace sulfate concentrations as an indicator of depositional 
environment: examination of some possible calcitized evaporates from the Proterozoic Atar 
Group, Mauritania. Geol. Soc. Am. Abstracts with Programs 36, 78. 
Grotzinger, J.P., Kasting, J.F., 1993. New constraints on Precambrian ocean composition. J. 
Geol. 101, 235–243. 
  68 
Halverson, G.P., Hoffman, P.F., Schrag, D.P., Maloof, A.C., Rice, A.H.N., 2005. Toward a 
Neoproterozoic composite carbon-isotope record. Geol. Soc. Am. Bull. 117, 1181-1207.  
Halverson, G.P., Wade, B.P., Hurtgen, M.T., Barovich, K.M., 2010. Neoproterozoic 
chemostratigraphy. Precambrian Res. 182, 337-350. 
Hartnett, H.E., Kiel, R.G., Hedges, J.I., Devol, A.H., 1998. Influence of oxygen exposure time 
on organic carbon preservation in continental margin sediments. Nature 391, 572-574. 
Hayes, J.M., Waldbauer, J.R., 2006. The carbon cycle and associated redox processes through 
time. Philos. Trans. R. Soc. London, Ser. B 361 931–950. 
Hemming, N.G., Meyers, W.J., Grams, J.C., 1989. Cathodoluminescnce in diagenetic calcites: 
the roles of Fe and Mn as deduced from electron probe and spectrophotometric measurements. J. 
Sediment. Petrol. 59, 404-411. 
Hendry, J.P., 1993. Calcite cementation during bacterial manganese, iron and sulphate reduction 
in Jurassic shallow marine carbonates. Sedimentology 40, 87-106. 
Henrichs, S.M., Reeburgh, W.S., 1987. Anaerobic mineralization of marine sediment organic 
matter: rates and the role of anaerobic processes in the ocean carbon economy. Geomicrobiol. J. 
5, 191-237.  
Higgins, J.A., Fischer, W.W., Schrag, D.P., 2009. Oxygenation of the ocean and sediments: 
consequences for the seafloor carbonate factory. Earth Planet. Sci. Lett. 284, 25-33. 
Holmden, C., Creaser, R.A., Muehlenbachs, K., Leslie, S.A., Bergström, S.M., 1998. Isotopic 
evidence for geochemical decoupling between ancient epeiric seas and bordering oceans: 
implications for secular curves. Geology 26, 567-570. 
Horodyski, R.J., Knauth, P.L., 1994. Life on land in the Precambrian. Science 263, 494- 498.  
Irwin, M.L., 1965, General theory of epeiric clear water sedimentation: AAPG Bull. 49, 445-
459. 
Ivany, L.C., Runnegar, B., 2010. Early Permian seasonality from bivalve δ18O and implications 
  69 
for the oxygen isotopic composition of seawater. Geology 38, 1027-1030. 
Jaffrés, J.B.D., Shields, G.A., Wallmann, K., 2007. The oxygen isotope evolution of seawater: a 
critical review of a long-standing controversy and an improved geological water cycle model for 
the past 3.4 billion years. Earth-Sci. Rev. 83, 83-122. 
Johnston, D.T., Macdonald, F.A., Gill, B.C., Hoffman, P.F., Shragg, D.P., 2012. Uncovering the 
Neoproterozoic carbon cycle. Nature 483, 320-324. 
Jönsson, A., Broman, B., Rahm, L., 2002, Variations in the Baltic Sea wavefields. Ocean Eng. 
30, 107-126. 
Kah, L.C., 2000, Preservation of depositional δ18O signatures in Proterozoic dolostones: 
Geochemical constraints on seawater chemistry and early diagenesis: in J.P. Grotzinger and N.P. 
James, eds., Deposition and Diagenesis in an Evolving Precambrian World, SEPM Special 
Publication 67, 245-360.  
Kah, L.C., Bartley, J.K., 2011. Protracted oxygenation of the Proterozoic biosphere. Int. Geol. 
Rev. 53, 1424-1442. 
Kah, L.C., Bartley, J.K., Stagner, A.F., 2009. Reinterpreting a Proterozoic enigma: Conophyton–
Jacutophyton stromatolites of the Mesoproterozoic Atar Group, Mauritania. Int. Assoc. Sed. 41, 
277-295.  
Kah, L.C., Bartley, J.K., Teal, D.A., 2012. Chemostratigraphy of the Late Mesoproterozoic Atar 
Group, Taoudeni Basin, Mauritania: Muted isotopic variability, facies correlation, and global 
isotopic trends. Precambrian Res. 200-203, 82-103.  
Kah, L.C., Glover, J.F., 2007. Integrated petrographic and geochemical analysis of a 
Mesoproterozoic paleokarst: dynamics of speleothem formation in a semi-arid environment. 
Geol. Soc. Am. Abstracts with Programs 39, 145. 
Kah, L.C., Sherman, A.B., Narbonne, G.M., Kaufman, A.J., Knoll, A.H., 1999. δ13C stratigraphy 
of the Proterozoic Bylot Supergroup, northern Baffin Island: Implications for regional 
lithostratigraphic correlations. Can. J. Earth Sci. 36, 313-332. 
  70 
Kah, L.C., Lyons, T.W., Chesley, J.T., 2001. Geochemistry of a 1.2 Ga carbonate-evaporite 
succession, northern Baffin and Bylot Islands: implications for Mesoproterozoic marine 
evolution. Precambrian Res. 111, 203-234. 
Kah, L.C., Lyons, T.W., Frank, T.D., 2004. Evidence for low marine sulphate and the protracted 
oxygenation of the Proterozoic biosphere. Nature 431, 834-838. 
Kasting, J.F., Howard, M.T., Wallmann, K., Veizer, J., Shields, G., Jaffrés, J., 2006. 
Paleoclimates, ocean depth, and the oxygen isotopic composition of seawater. Earth Planet. Sci. 
Lett. 252, 82-93.  
Kennedy, M., Droser, M., Mayer, L.M., Pevear, D., Mrofka, D., 2006. Late Precambrian 
oxygenation: Incepetion of the clay mineral factory. Science 311, 1446-1449.  
Kenrick, P., Wellman, C.H., Schneider, H., Edgecombe, G.D., 2012. A timeline for 
terrestrialization: consequences for the carbon cycle in the Paleozoic. Philos. Trans. R. Soc. 
London, Ser. B 367, 519-536.  
Knauth, L.P., Kennedy, M.J., 2009. The late Precambrian greening of the Earth. Nature 460, 
728-732.  
Knoll, A.H., Kaufman, A.J., Semikhatov, M.A., 1995. The carbon-isotopic composition of 
Proterozoic carbonates: Riphean successions from northwestern Siberia (Anabar Massif, 
Turukhansk Uplift). Am. J. Sci. 295, 823-850.  
Kump, L.R., Arthur, M.A., 1999. Interpreting carbon-isotope excursions: Carbonates and organic 
matter. Chem. Geol. 161, 181-198. 
Longinelli, A., Edmond, J.M., 1983. Isotope geochemistry of the Amazon Basin: a 
reconnaissance. J. Geophys. Res. 88, 3703-3713. 
Marshall, J.D., 1992. Climatic and oceanographic isotopic signals from the carbonate rock record 
and their preservation. Geol. Mag. 129, 143-160. 
Martens, C.S., Albert, D.B., Alperin, M.J., 1999. Stable isotope tracing of anaerobic methane 
  71 
oxidation in thegassy sediments of Eckernförde Bay, German Baltic Sea. Am. J. Sci. 299, 589-
610.  
Mazzullo, S.J., 1992. Geochemical and neomorphic alternation of dolomite: A review. Carbonate 
Evaporite 7, 21-37. 
Melezhik, V.A., Fallick, A.E., Hanski, E.J., Klump, L.R., Lepland, A., Prave, A.R., Strauss, H., 
2005. Emergence of the aerobic biosphere during the Archean-Proterozoic transition: challenges 
of future research: GSA Today 15, 4-1. 
Moussine-Pouchkine, A., Bertrand-Sarfati, J., 1997. Tectonosedimentary subdivisions in the 
Neoproterozoic to Early Cambrian cover of the Taoudenni Basin (Algeria-Mauritania-Mali). J. 
Afr. Earth Sci. 24, 425-443.  
Niitsuma, N., Oba, T. and Okada, M., 1991. Oxygen and carbon isotope stratigraphy at site 723, 
Oman margin. Proc. Ocean Drill. Program, Sci. Results 117, 321-341. 
Och, L.M., Shields-Zhou, G.A., 2012. The Neoproterozoic oxygenation event: Environmental 
perturbations and biogeochemical cycling. Earth-Sci. Rev. 110, 26-57.  
Panchuk, K.M., Holmden, C., Kump, L.R., 2005. Sensitivity of the epeiric sea carbon isotope 
record to local-scale carbon cycle processes: Tales from the Mohawkian Sea. Palaeogeogr. 
Palaeoecol. 228, 320-337. 
Panchuk, K.M., Holmden, C., Leslie, S., 2006. Local controls on carbon cycling in the 
Midcontinent Region of North America with implications for carbon isotope secular curves. J. 
Sediment. Res. 76, 200-211 
Patterson, R.J., Kinsman, J.J., 1982. Formation of diagenetic dolomite in coastal sabkha along 
Arabian (Persian) Gulf. AAPG Bulletin 66, 28-43.  
Patterson, W.P., Walter, L.M., 1994. Depletion of 13C in seawater CO2 on modern carbonate 
platforms: Significance for the carbon isotopic record of carbonates. Geology 22, 885-888. 
Payne, J.L., Lehrmann, D.J., Wei, J., Orchard, M.J., Schrag, D.P., Knoll, A.H., 2004. Large 
  72 
perturbations of the carbon cycle during recovery form the end-Permian extinction. Science 305, 
506-509. 
Prahl, F.G., Ertel, J.R., Goni, M.A., Sparrow, M.A., Eversmeyer, B., 1994. Terrestrial organic 
carbon contributions to sediments on the Washington margin. Geochim. Cosmochim. Acta 58, 
3035-3048.  
Rahmani, A., Goucem, A., Boukhallat, S., Saadallah, N., 2009. Infracambrian petroleum play 
elements of the NE Taoudenni Basin (Algeria). Geol. Soc. Spec. Publ. 326, 221-229.   
Raiswell, R.W., Canfield, D.E., 1998. Sources of iron for pyrite formation in marine sediments. 
Am. J. Sci. 298, 219-245. 
Raiswell, R., Canfield, D.E., 2012. The iron biogeochemical cycle past and present. Geochem. 
Perspect. 1, 1-217. 
Rivkin, R.B., Legendre, L., 2001. Biogenic carbon cycling in the upper ocean: effects of 
microbial respiration. Science 291, 2398-2400. 
Rooney, A.D., Selby, D., Houzay, J.P., Renne, P.R., 2010. Re–Os geochronology of a 
Mesoproterozoic sedimentary succession, Taoudeni Basin, Mauritania: Implications for basin-
wide correlations and Re–Os organic-rich sediments systematics. Earth Planet. Sci. Lett. 289, 
486-496. 
Rothman, D., Hayes, J., Summons, R., 2003. Dynamics of the Neoproterozoic carbon cycle. P 
Natl. Acad. Sci. USA 100, 124-129.  
Rudd, J.W.M., Taylor, C.D., 1980. Methane cycling in aquatic environments. Advances in 
Aquatic Microbiology 2, 77-150. 
Savard, M.M., Veizer, J., Hinton, R., 1995. Cathodoluminescence at low Fe and Mn 
concentrations: a SIMS study of zones in natural calcites. J. Sediment. Petrol. 865, 208-213. 
Schoepfer, S.D., Henderson, C.M., Garrison, G.H. and Ward, P.D., 2012. Cessation of a 
productive coastal upwelling system in the Panthalassic Ocean at the Permian-Triassic 
  73 
Boundary. Palaeogeogr. Palaeoecol. 313-314, 181-188. 
Shofield, D.I., Horstwood, M.S.A., Pitfield, P.E.J., Crowley, Q.G., Wilkinson, A.F., Sidaty, 
H.C.O., 2006. Timing and kinematics of Eburnean tectonics in the central Reguibat Shield, 
Mauritania. J. Geol. Soc. London 163, 549-560.  
Scott, C., Lyons, T.W., Bekker, A., Shen, Y., Poulton, S.W., Chu, X., Anbar, A.D., 2008, 
Tracing the stepwise oxygenation of the Proterozoic ocean. Nature 452, 456-459. 
Scourse, J.D., Austin, W.E.N., 2002. Quaternary shelf sea palaeoceanography: Recent 
developments in Europe. Mar. Geol. 191, 87-94. 
Shear, W.A., 1991. The early development of terrestrial ecosystems. Nature 351, 283-289.  
Sheldon, N.D., Mitchell, R.L., Grassineau, N.V., Evidence for an extensive non-marine 
biosphere ~1100 Ma ago. Geol. Soc. Am. Abstracts with Programs 41, 46. 
Shen, Y., Canfield, D.E., Knoll, A.H., 2002. Middle Proterozoic ocean chemistry: evidence from 
the McArthur Basin, Northern Australia. Am. J. Sci. 302, 81-109. 
Shen, Y., Knoll, A.H., Walter, M.R., 2003. Evidence for low sulphate and anoxia in a mid-
Proterozoic marine basin. Nature 423, 632-635. 
Shields, G.A., Deynoux, M., Strauss, H., Paquet, H., Nahon, D., 2007. Barite-bearing cap 
dolostones of the Taoudéni Basin, northwest Africa: Sedimentary and isotopic evidence for 
methane seepage after a Neoproterozoic glaciation. Precambrian Res. 153, 209-235. 
Strother, P.K., Battison, L., Brasier, M.D., Wellman, C.H., 2011. Earth’s earliest non-marine 
eukaryotes. Nature 473, 505-509. 
Swart, P.K., Kennedy, M.J., 2012. Does the global stratigraphic reproducibility of δ13C in 
Neoproterozoic carbonates require a marine origin? A Plio-Pleistocene comparison. Geology 40, 
87-90. 
Teal, D.J., Kah, L.C., 2005. Using C-isotopes to constrain interbasinal stratigraphic correlations, 
Mesoproterozoic Atar Group, Mauritania. Geol. Soc. Am. Abstracts with Programs 37, 45.  
  74 
Thamdrup, B., 2000. Microbial manganese and iron reduction in aquatic sediments. Adv. 
Microb. Ecol. 16, 41-84. 
Trompette, R., Carozzi, A.V., 1994. Geology of Western Gondwana (2000-500 Ma). A.A. 
Balkema, Rotterdam, 340 pp. 
Vahrenkamp, V.C., Swart, P.K., 1990. New distribution coefficient for the incorporation of 
strontium into dolomite and its implications for the formation of ancient dolomites. Geology 18, 
387-391. 
Veizer, J., 1983. Trace elements and isotopes in sedimentary carbonates. Rev. Mineral. 
Geochem. 11, 265-299. 
Villeneuve, M., Cornée, J.J., 1994. Structure, evolution and paleogeography of the West African 
craton and bordering belts during the Neoproterozoic. Precambrian Res. 69, 307-326.  
Villeneuve, M., Dallmeyer, R.D., 1987. Geodynamic evolution of the Mauritanides, Bassarides 
and Rokelides orogens (West Africa). Precambrian Res. 37, 19-28. 
Wellman, C.H., Gray, J., 2000. The microfossil record of early land plants. Philos. Trans. R. Soc. 
London, Ser. B 355, 717-732. 
Whiticar, M.J., 1999. Carbon and hydrogen isotope systematics of bacterial formation and 
oxidation of methane. Chem. Geol. 161, 291-314. 
Yapp, C.J., Poths, H., 1992. Ancient atmospheric CO2 pressures inferred from natural goethites. 
Nature 355, 342-343.  
Zeebe, R.E., 2007. Modeling O2 chemistry, δ13C, and oxidation of organic carbon and methane 
in sediment porewater: Implications for paleo-proxies in benthic foraminifera. Geochim. 
Cosmochim. Acta 71, 3238-3256.  
 
 
 
  75 
 
 
 
CHAPTER II 
Heterogeneous Redox Conditions and a Shallow Chemocline in the  
Mesoproterozoic Ocean: Evidence from Carbon-Sulfur-Iron Relationships 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
  76 
A version of this chapter will be submitted for publication to Earth and Planetary Science Letters 
in August 2013 by Geoffrey J. Gilleaudeau and Linda C. Kah: 
 
Gilleaudeau, G.J., Kah, L.C., in preparation. Heterogeneous redox conditions and a shallow 
chemocline in the Mesoproterozoic ocean: Evidence from carbon-sulfur-iron relationships. Earth 
Planet. Sci. Lett.  
 
GJG performed all analyses and wrote the paper. GJG and LCK did revisions. 
 
 
Abstract 
Oxygenation of Earth’s oceans in the Proterozoic was a protracted process that began 
with the Great Oxidation Event (GOE) and culminated in deep ocean ventilation following 
Neoproterozoic glacial episodes, with both of these major thresholds accompanied by profound 
changes in the evolution of Earth’s biosphere. Our understanding of the redox structure of 
Mesoproterozoic oceans, however, is considerably less certain. Proxy investigations of oceanic 
redox in the Mesoproterozoic have focused largely on deep basinal environments, with 
comparatively little attention paid to the redox structure of the shallow ocean. Here we report 
multi-proxy redox data from epicratonic and pericratonic environments of the 1.1 Ga Atar and El 
Mreiti groups, Taoudeni Basin, Mauritania. These strata were deposited across the West African 
craton during global sea level highstand, and provide insight into the redox structure of 
Mesoproterozoic epeiric seas. Combined, carbon-sulfur, iron speciation, pyrite sulfur isotope, 
and trace metal concentration data suggest a shallow chemocline and highly heterogeneous redox 
conditions, with fundamental heterogeneities in sulfate concentration, metal availability, and the 
degree of euxinia between onshore and offshore environments. We suggest that high sea levels 
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and epeiric sea expansion drove increased redox heterogeneity in the Mesoproterozoic, and may 
have played a fundamental role in the evolution and diversification of eukaryotic life.  
 
1. Introduction 
The oxygenation of Earth’s surface environments was a protracted process that occurred 
over nearly two billion years of the Proterozoic eon (Canfield and Teske, 1996; Shen et al., 2003; 
Kah et al., 2004; Poulton et al., 2004; 2010; Brocks et al., 2005; Johnston et al., 2009; Kah and 
Bartley, 2011; Och and Shields-Zhou, 2012). Sustained oxygenation of Earth’s crust began at 
~2.3 Ga during the Great Oxidation Event (GOE), which initiated delivery of oxidative 
weathering products to the marine system (Holland, 2006; Guo et al., 2009; Kump et al., 2011). 
Substantial deep-ocean ventilation, however, did not occur until the end of the Neoproterozoic 
era (Canfield et al., 2007; Kaufman et al., 2007; Och and Shields-Zhou, 2012; Sahoo et al., 
2012), and low-oxygen, stratified ocean conditions were likely widespread until at least the 
Ordovician (Gill et al., 2011; Thompson and Kah, 2012).  
Through the Proterozoic, major thresholds of oxygenation were accompanied by dramatic 
changes in Earth’s biosphere, from the initial appearance of eukaryotes in the Paleoproterozoic 
(Han and Runnegar, 1992; Rasmussen et al., 2008) to the origin and diversification of animals in 
the terminal Neoproterozoic (Xiao et al., 1998; Narbonne, 2005; McFadden et al., 2008). 
Patterns of biological diversity in the Mesoproterozoic, however, are more complex. Eukaryotic 
diversity remained relatively limited through much of the Mesoproterozoic (Knoll, 1994), and 
although a moderate diversity of photosynthetic protists is recorded in early Mesoproterozoic 
strata (Xiao et al., 1997; Javaux et al., 2003), fossils of unambiguous multicellular eukaryotes do 
not appear until the late Mesoproterozoic (Woods et al., 1998; Butterfield, 2000; 2001). 
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Furthermore, despite evidence that early eukaryotes were largely restricted to nearshore settings 
with abundance and diversity decreasing sharply offshore (Buick and Knoll, 1999; Javaux et al., 
2001), molecular evidence suggests that many shoreline environments were devoid of any 
eukaryotic influence (Brocks et al., 2005; Blumenberg et al., 2012).  
Complex patterns of eukaryotic diversity in the Mesoproterozoic may reflect an equally 
complex redox structure of marine environments. Multiple lines of evidence, including increased 
variability in the marine carbon isotope record (Kah et al., 1999; Kah and Bartley, 2011), an 
increase in marine sulfate concentrations (Kah et al., 2004), and the widespread appearance of 
marine gypsum (Kah et al., 2001, 2012), suggest a moderate increase in biospheric oxygen in the 
late Mesoproterozoic. Increased surface oxygenation may have resulted in increased delivery of 
bioessential nutrients to the marine system, thereby fostering eukaryotic diversification in 
nearshore settings (Anbar and Knoll, 2002). By contrast, deeper water settings of the 
Mesoproterozoic appear to have been strongly anoxic, and variably sulfidic (Shen et al., 2002; 
2003; Poulton et al., 2004) to ferruginous (Planavsky et al., 2011; Scott et al., 2012). Relatively 
few studies, however, have examined the redox structure of the shallowest parts of the 
Mesoproterozoic water column, leaving us unable to directly relate patterns of eukaryotic 
diversification to redox conditions in nearshore areas where early eukaryotes were most 
common. 
Here we report multiproxy redox data from epicratonic and pericratonic strata of the 1.1 
Ga Atar and El Mreiti groups, Taoudeni Basin, Mauritania, which provides a direct window into 
shallow ocean redox conditions in the late Mesoproterozoic. These strata were deposited during 
global sea level highstand when much of the West African craton was flooded with a shallow 
epeiric sea (Bertrand-Sarfati and Moussine-Pouchkine, 1988; Kah et al., 2012). In this study we 
  79 
examine carbon-sulfur ratios, iron speciation, pyrite sulfur isotopes, and the concentration of 
redox-sensitive trace metals (Mo, V, Zn, and Mn) from epicratonic (onshore) to pericratonic 
(offshore) settings. We then present a detailed reconstruction of the redox structure of the epeiric 
sea, and discuss our data within the broader context of Earth’s biogeochemical evolution during 
the Mesoproterozoic era.  
   
2. Geologic Background 
2.1. Taoudeni Basin stratigraphy 
The Taoudeni Basin is an extensive (>1,750,000 km2) intracratonic sedimentary basin in 
present-day Mauritania, Mali, and Algeria (Fig. 2.1). Basement rocks of the West African craton 
are exposed to both the north (Reguibat Shield) and south (Leo-Man Shield) of the basin, and 
consist of deformed Archean amphibolite and quartzo-feldspathic gneiss, along with 
Paleoproterozoic granitic intrusions (Trompette and Carozzi, 1994; Villeneuve and Cornée, 
1994; Shofield et al., 2006). Initiation of sedimentation in the Taoudeni Basin is marked by 
siliciclastic strata of the Char (in Mauritania) and Douik (in Algeria) groups (Benan and 
Deynoux, 1998; Rahmani et al., 2009), which were deposited during active extension of the 
basement. The thickness of basal siliciclastic strata varies dramatically from 0 to >400 meters in 
outcrop (Benan and Deynoux, 1998), with even greater thicknesses observed at depth (Rahmani 
et al., 2009).  
 A basinwide unconformity marks the boundary between the Char Group and overlying 
strata of the Atar and El Mreiti groups, and marks cessation of extensional tectonics and 
formation of a regional peneplain (Bertrand-Sarfati and Moussine-Pouchkine, 1988; Benan and 
Deynoux, 1998). Marine transgression then resulted in deposition of lithologically varied strata 
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Figure 2.1. Map of the Taoudeni Basin, West African craton, and generalized stratigraphy 
of Proterozoic strata. Atar and El Mreiti group strata outcrop along a NE-SW transect 
through Mauritania, northern Mali, and western Algeria. Pericratonic facies occur at both 
sides of the West African craton—near Atar in the west and near Grizim in the east. 
Epicratonic facies dominate across the central portion of the craton. Samples for this study 
come from drill core retrieved from just north of Atar and just west of El Mreiti, Mauritania. 
The generalized stratigraphic section shown here is characteristic of the better-exposed Atar 
Group facies, and uses stratigraphic nomenclature of the Atar Group (units I-2 to I-13).
Figure modified from Kah et al. (2009; 2012); Gilleaudeau and Kah (2013a). 
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of the Atar and El Mreiti groups, whose facies and thickness were controlled by a combination of 
eustatic sea level and regional subsidence (Moussine-Pouchkine and Bertrand-Sarfati, 1997; Kah 
et al., 2009; 2012). In Mauritania, the El Mreiti Group refers to epicratonic deposits from the 
craton interior (north-central Taoudeni Basin) and the Atar Group refers to coeval pericratonic 
deposits from western craton edge near the town of Atar (Fig. 2.1). A second basinwide 
unconformity truncates strata of the Atar and El Mreiti groups, which are then overlain by either 
siliciclastic marine strata of the Assabet el Hassiane Group (Girard et al., 1989), or glacial 
deposits of the Neoproterozoic Jbéliat and Téniagouri groups (Deynoux, 1980; Deynoux et al., 
1989; Alvaro et al., 2007; Shields et al., 2007). Remaining strata of the Taoudeni Basin consist 
of marine and terrestrial deposits of the Nouatil Group (Alvaro et al., 2007), and Early to Late 
Paleozoic continental deposits (Deynoux, 1980). 
 
2.2. Age constraints 
The age of Proterozoic units within the Taoudeni Basin was initially constrained by Rb-
Sr geochronology on sedimentary glauconite and illite (Clauer, 1976; 1981; Clauer et al., 1982). 
These analyses yielded ages ranging from 998 ± 32 Ma for the lowermost Char Group to ~695 
Ma for the Assabet el Hassiane Group. Within the Atar Group, Rb-Sr ages range from 890 ± 35 
Ma for unit I-5 (Atar Formation) to 775 ± 52 Ma for unit I-10 (Aouleigate Formation) (Clauer, 
1976; 1981; Clauer et al., 1982). These analyses were long used to argue for Neoproterozoic 
deposition of the majority of Taoudeni Basin strata. More recently, chemostratigraphic and 
geochronologic data has placed deposition of the Atar and El Mreiti groups clearly within the 
Mesoproterozoic (Rooney et al., 2010; Kah et al., 2012). Carbon isotope stratigraphy of the Atar 
and El Mreiti groups (Kah et al., 2012; Gilleaudeau and Kah, 2013a) reveals moderately positive 
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carbon isotopic values (<4‰) punctuated by discrete, negative excursions that are consistent 
with the global marine carbon isotope record for the late Mesoproterozoic (Kah et al., 1999; 
2012). Chemostratigraphic results are supported by Re-Os geochronology on black shale from 
the En Nesoar and Touirist formations (El Mreiti Group), which yield consistent ages of 1109 ± 
22 Ma, 1107 ± 12 Ma, and 1105 ± 37 Ma (Rooney et al., 2010). 
 
2.3. Post-depositional history of Tauodeni Basin strata  
Proterozoic strata of the Taoudeni Basin have been buried to a depth of <3 km and have 
not experienced regional metamorphism (temperatures generally <100 °C; Girard et al., 1989). 
Structural deformation is observed primarily in the easternmost portions of the basin where 
regional thrusting occurred during Pan African orogenic events (ca. 665-655 and 550-500 Ma; 
Villeneuve and Cornée, 1994). The most significant post-depositional alteration of Taoudeni 
Basin strata is associated with localized hydrothermal fluids (up to 450-525 °C; Giraud et al., 
1989; Rooney et al., 2010; Blumenberg et al., 2012) related to Mesozoic intrusion of diabase 
dikes and sills (Giraud et al., 1989). Contact metamorphism is constrained to zones immediately 
adjacent to intrusions, and the majority of Proterozoic strata in the Taoudeni Basin appear to be 
free of substantial post-depositional alteration. 
 
2.4. Depositional environments of the Atar and El Mreiti groups 
2.4.1. The pericratonic Atar Group 
 The Atar Group consists of ten stratigraphic formations referred to as units I-3 through I-
12 (Bertrand-Sarfati and Moussine-Pouchkine, 1988; 1999). These units record alternating 
deposition of stromatolitic carbonate and fine-grained siliciclastic material (Fig. 2.1). At the base 
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of the Atar Group, unit I-3 (Foum Chor Formation) unconformably overlies both the Char Group 
and basement rocks of the Reguibat Shield. Unit I-3 consists of a fining-upward succession of 
fluvial and marginal marine sandstone. The overlying unit I-4 (Ksar Torchane Formation) 
consists of siltstone and shale deposited in shallow marine environments. Transgression is 
marked by an increased abundance of organic-rich, finely laminated black shale, along with an 
increase in carbonate content. The boundary between unit I-4 and the overlying unit I-5 (Atar 
Formation) is gradational and poorly defined as a transition to dominantly carbonate deposition.  
Here we identify the boundary between these two units as a major transgressive surface that 
marks the base of a series of open marine stromatolite reefs (Bertrand-Sarfati and Moussine-
Pouchkine, 1985; Kah et al., 2009) separated by organic-rich black shale and siltstone (Kah et 
al., 2012). Unit I-6 (Oued Tarioufet Formation) is marked by a major loss of accommodation 
space and a return to deposition of shallow marine siltstone and shale. Open marine carbonate 
deposition is then re-established in the dominantly subtidal unit I-7 (Tawaz Formation). The 
uppermost Atar Group—which is erosionally removed from much of the Taoudeni Basin—
consists of units I-8 through I-12, which record alternation of shallow marine carbonate and 
marine shale and siltstone.  
 
2.4.2. The epicratonic El Mreiti Group 
 Coeval environments of the El Mreiti Group differed substantially from those of the Atar 
Group, reflecting different sedimentation styles between epicratonic and pericratonic 
environments (Bertrand-Sarfati and Moussine-Pouchkine, 1988; Kah et al., 2009; 2012). El 
Mreiti Group deposition began with the Khatt Formation (equivalent to unit I-3 of the Atar 
Group), which consists of fluvial to marginal marine sandstone, siltstone, and shale. The 
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overlying En Nesoar Formation (equivalent to unit I-4) marks the transition to dominantly 
marine environments, and consists of tidally influenced shale and mudstone with increasing 
carbonate content in the upper part of the formation. A major flooding surface is marked by 
deposition of a thin stromatolite interval near the base of the overlying Touirist Formation. This 
surface is considered time-equivalent to the flooding surface that marks initiation of reef growth 
within unit I-5 of the Atar Group (Kah et al., 2012), and marks the base of the Touirist 
Formation, which consists of thinly bedded, clayey carbonate interbedded with organic-rich 
black shale. The overlying Aguelt el Mabha and Gouamir formations consist of interbedded 
siltstone and shale with variable carbonate content. These two formations are time-equivalent to 
unit I-6 within the Atar Group (Kah et al., 2012), and the base of the Aguelt el Mabha Formation 
is marked by a major loss of accommodation space that is also recognized at the base of unit I-6. 
Open marine carbonate deposition is re-established in the overlying Tenoumer Formation, which 
is equivalent to unit I-7 of the Atar Group. Throughout the interior of the West African craton, 
the sub-Assabet el Hassiane Group unconformity has removed stratigraphically higher units of 
the Atar/El Mreiti Group. 
 
2.4.3. Summary of depositional environments 
 Based on sedimentary structures and stratigraphic trends, depositional settings of the Atar 
and El Mreiti groups can be subdivided into three primary marine environments (Fig. 2.2). 
Environment I comprises the most proximal marine environments examined in this study and is 
represented by the epicratonic Aguelt el Mabha Formation, which consists of wave-influenced 
siltstone and shale that was deposited following a major drop in relative sea level across the West 
African craton (Fig. 2.2; Kah et al., 2012; Gilleaudeau and Kah, 2013a). Environment II 
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Figure 2.2. Stratigraphic correlation (dashed lines) and relative sea level history of Atar and 
El Mreiti group strata. Geochemical data in this study are presented in terms of 
Environments I, II, and III. Environment I is composed of the Aguelt el Mabha Formation 
and is chacterized by silty shale with abundant evidence for wave energy. Environment II 
(the En Nesoar and Touirist formations, as well as the lower 20 meters of unit I-4) is 
characterized by shale with lower silt content and only intermittent evidence for wave 
energy. Environment III (the upper 30 meters of unit I-4 and all of unit I-5) is characterized 
by finely laminated shale with no evidence for wave energy. The transition between 
Environments II and III in unit I-4 is gradational. RSL = relative sea level. 
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comprises slightly more distal environments with lower silt content and only intermittent 
evidence for wave energy. In epicratonic regions, Environment II is represented by the En 
Nesoar and Touirist formations, whereas in pericratonic regions, Environment II is represented 
by the basal 20 meters of unit I-4 (Fig. 2.2). Environment III comprises the most distal 
environments examined in this study and is represented by the upper 30 meters of unit I-4 and all 
of unit I-5. Environment III is characterized by finely laminated shale with no evidence for 
wave-induced sedimentary structures.   
 
3. Methods 
3.1. Sampling 
 Shale samples were retrieved from three separate drill cores that intersected the Atar and 
El Mreiti groups. El Mreiti Group facies were sampled from west of El Mreiti (Fig. 2.1), in a 
single core (F4) that intersected the Khatt, En Nesoar, Touirist, and Aguelt el Mabha formations. 
Atar Group facies were sampled north of Atar (Fig. 2.1), in two cores (R2, R4) that intersected 
units I-4 and I-5 (the Ksar Torchane and Atar formations). When possible, samples were 
collected at a resolution of <0.5 meters. All samples were inspected for evidence of alteration or 
weathering products, and crushed to a fine powder using a Spex Certiprep Series 8000 Mixer 
Mill for geochemical analysis. 
 
3.2. Analytical methods 
3.2.1. Bulk mineralogy and texture 
 Bulk mineralogy was determined using conventional X-ray diffraction (XRD) techniques. 
A small amount of dry sample powder was mounted on a glass slide and analyzed on a Rigaku 
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Ultima IV multipurpose X-ray diffraction system at the University of Tennessee. Mineral 
textures were observed using conventional petrography under both plane and cross-polarized 
light.  
 
3.2.2. Iron speciation  
Iron speciation was determined using standard sequential extraction techniques (Poulton 
and Canfield, 2005). Approximately 100 mg of sample powder was treated with a sodium acetate 
solution (buffered to a pH of 4.5) to extract siderite, ferroan calcite and minerals along the 
ankerite-dolomite solid solution series. Samples were then treated with a sodium dithionite 
solution (buffered to a pH of 4.8 with acetic acid and sodium citrate) to extract reducible iron 
oxide phases, such as goethite and hematite. Finally, treatment with an ammonium oxalate 
solution (buffered to a pH of 3.2) extracted magnetite, which is unreactive to dithionite (Kendall 
et al., 2010). Once diluted 100-fold with trace metal grade 2% HNO3, extracts were analyzed for 
iron concentrations using either the Agilent 7500ce quadrupole ICP-MS at the University of 
California, Riverside, or the Element 2 ICP-MS at the University of Maryland. Pyrite iron 
concentrations were determined stoichiometrically (assuming FeS2) from the weight percentage 
of sulfur extracted during a two-hour hot chromium chloride distillation, followed by iodometric 
titration (Kendall et al., 2010). The concentration of acid volatile sulfur (AVS; which includes 
iron monosulfides) was determined by weight of an Ag2S precipitate following a two-hour hot 
HCl distillation (Brüchert and Pratt, 1996). Duplicate analyses for sequential iron extraction, 
chromium-reducible sulfide, and AVS produced analytical errors of <5%, although some 
samples contained exceedingly small amounts of certain iron phases (<0.05 wt.%), which 
increased analytical error on those samples.  
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3.2.3. Total organic carbon (TOC) 
Samples from the Atar and El Mreiti groups were analyzed for total carbon (TC) and total 
inorganic carbon (TIC), with the difference used to calculate total organic carbon (TOC). TC was 
measured on either a CS-500 ELTRA carbon/sulfur analyzer or on a UIC, Inc. carbon dioxide 
coulometer. For the CS-500 ELTRA carbon/sulfur analyzer, approximately 100 mg of sample 
was weighed into a ceramic boat and combusted in pure O2 at 1350 °C for 3 minutes. TC was 
then measured by infrared spectral absorption of the CO2 generated during combustion. For the 
CO2 coulometer, approximately 100 mg of sample was loaded into pre-cleaned and pre-dried 
porcelain boats and combusted between 900 and 1000 °C, with the resulting CO2 measured via 
coulometric titration. TIC was then measured by acidifying ~5 grams of sample, with resulting 
CO2 measured via coulometric titration. The difference in values generated between the two 
methods was <15%. Analytical error was determined to be <0.1% by duplicate sample and 
standard analyses. 
 
3.2.4. Pyrite sulfur isotopes 
 Pyrite sulfur was extracted using a two-hour hot chromium chloride distillation (Canfield 
et al., 1986; Gill et al., 2011). Liberated hydrogen sulfide was reacted with silver nitrate, and 
sulfide was recovered as Ag2S. Ag2S precipitates were dried and homogenized, and powders 
were loaded into tin capsules with excess V2O5, and analyzed for isotopic composition (34S/32S) 
using either the Thermo Delta V gas source IRMS at the University of California, Riverside, or 
the Finnigan MAT 252 IRMS at the Indiana University Stable Isotope Research Facility. Isotope 
ratios are reported in standard delta notation (δ34S) in per mil (‰) units relative to the Vienna 
Canyon Diablo troilite (VCDT). Analytical error was <0.1‰ based on standard and duplicate 
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analyses, and duplicates run at both facilities showed <0.5‰ differences. 
 
3.2.5. Major and trace element abundances 
 Samples were heated at 550 °C overnight to remove volatiles, and the loss on ignition 
(LOI) was recorded and used to correct elemental concentrations for the original sample weight. 
10-20 mg of sample was then dissolved using a standard multi-acid (HNO3-HCl-HF) digestion 
(Kendall et al., 2010). The digestion procedure involved progressive acid treatments at 150 °C in 
Savillex Teflon bombs with HF-NHO3, aqua regia (HNO3-HCl), and HCl. A subset of samples 
was processed using perchloric acid (HClO4) to digest organic matter, rather than LOI. In both 
cases, final solutions were diluted 1000-fold with trace metal grade 2% HNO3 and analyzed for 
major and trace element concentrations using either the Agilent 7500ce quadrupole ICP-MS at 
the University of California, Riverside, or the Element 2 ICP-MS at the University of Maryland. 
Major and trace element abundances were calibrated using multi-element calibration standards, 
as well as internal standards designed to correct for instrument drift. Duplicates run using both 
digestion methods produced <10% differences for the elements reported in this study (Fe, Al, 
Mo, V, and Mn). Digestions were also performed on the US Geological Survey Devonian black 
shale standard (SDO-1) and known elemental abundances were reproduced to within 5%. As an 
external check, a suite of samples was sent to Activation Laboratories, Ltd., where acid 
digestions were performed and elemental abundances determined via ICP-MS. Results were in 
good agreement with the values produced using methods described above (to within 10%). 
Detection limits were 0.1 wt.% for Fe and Al, 1 ppm for Mo and V, and 10 ppm for Mn. 
Activation Laboratories also provided Zn concentration data that was not otherwise obtained, 
with a detection limit of 30 ppm.  
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4. Results 
4.1. Bulk mineralogy and texture 
XRD analysis reveals a dominance of quartz and clay minerals through each of the shale 
successions examined in this study. The coarser-grained Aguelt el Mabha Formation is more 
quartz-rich than the other formations examined and also contains minor amounts of feldspar and, 
in selected samples, calcite. Pyrite occurs as a minor mineralogical component in each of the 
shale successions (<15 wt.%). Petrographic analysis reveals that pyrite occurs as finely 
disseminated grains and framboids that are often surrounded by small, early diagenetic 
overgrowths. Thin (<1 cm, with most <2 mm) beds and veins of pyrite—morphologies 
commonly associated with late diagenetic pyrite growth (Partridge et al., 2008)—occur locally 
within the core samples, but were not sampled for this study. 
 
4.2. Iron speciation 
 Shale deposited in Environment I—represented here by the Aguelt el Mabha 
Formation—contains only small amounts of iron carbonate, iron oxides, magnetite, and pyrite 
(<0.5 wt.% each, with the exception of one sample that contains 1.4 wt.% iron oxide; Fig. 2.3; 
Table 2.1). The sedimentary iron pool is dominated by unreactive silicate phases, and the ratios 
of both FeHR/FeT and Fepy/FeHR are low (<0.25 with the exception of one sample; Figs. 2.3, 2.4). 
Total iron concentrations range from 1.4 to 4.6 wt.%, and the ratio of FeT/Al varies between 0.44 
and 0.63 (Fig. 2.3).  
In Environment II—represented here by the En Nesoar and Touirist formations, as well 
as the basal 20 meters of unit I-4—shale contains only small amounts of iron carbonate, iron 
oxides, and magnetite (<0.3 wt.% each; Figs. 2.3, 2.5). Pyrite concentrations, however, are
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Figure 2.3. Iron paleoredox proxies plotted versus stratigraphic thickness for the El Mreiti 
Group. Fecarb is iron carbonate, Feox is iron oxy-hydroxides, Femag is magnetite iron, 
Fepy is pyrite iron, FeHR is highly reactive iron, FeU is poorly reactive or unreactive 
silicate iron, and FeT is total iron. Threshold values (indicated by solid vertical lines) are 
0.38 for FeHR/FeT (the boundary between oxic and anoxic deposition; Raiswell and 
Canfield, 1998), 0.8 for Fepy/FeHR (the boundary between ferruginous and euxinic 
deposition; Lyons and Severmann, 2006), and 0.5 for FeT/Al (the value for average shale; 
Taylor and McLennan, 1985). Dashed horizontal lines represent boundaries between 
environments. Environment I generally records oxic depositional conditions 
(FeHR/FeT < 0.38), yet pyrite concentrations increase in Environment II, giving rise to a 
mixed euxinic (FeHR/FeT > 0.38 and Fepy/FeHR > 0.8) and pyrite production-limited 
(FeHR/FeT < 0.38 and Fepy/FeHR > 0.8) iron speciation signal.   
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Table 2.1. Iron speciation data from the ~1.1 Ga Atar and El Mreiti groups, Mauritania.  
 
Sample Formation Meters1 Environ. Fecarb 
(wt.%) 
Feox 
(wt.%) 
Femag 
(wt.%) 
Fepyrite 
(wt.%) 
FeT 
(wt.%) 
FeHR/FeT2 Fepy/FeHR2 
F4-5 Khatt 9.95 - 0.1 0.1 0.0 0.0 3.6 0.05 0.28 
F4-7 Khatt 13.75 - 0.0 0.0 0.0 0.1 3.3 0.04 0.54 
F4-11 En Nes. 35.30 II 0.0 0.1 0.0 0.6 2.9 0.23 0.85 
F4-12 En Nes. 37.70 II 0.1 0.1 0.1 0.1 2.7 0.10 0.30 
F4-14 En Nes. 42.20 II 0.0 0.1 0.0 0.3 1.5 0.24 0.75 
F4-24 Touirist 55.90 II 0.0 0.0 0.0 1.9 3.4 0.60 0.95 
F4-25 Touirist 57.00 II 0.0 0.0 0.0 1.1 2.8 0.42 0.95 
F4-27 Touirist 59.85 II 0.0 0.0 0.0 0.6 2.3 0.29 0.87 
F4-28 Touirist 60.85 II 0.0 0.1 0.0 1.0 3.1 0.38 0.89 
F4-29 Touirist 62.50 II 0.0 0.2 0.0 2.6 4.2 0.68 0.91 
F4-30 Touirist 63.55 II 0.0 0.1 0.0 1.3 3.2 0.49 0.87 
F4-31 Touirist 64.75 II 0.0 0.1 0.0 1.0 2.8 0.38 0.91 
F4-32 Touirist 65.30 II 0.0 0.2 0.0 1.5 3.3 0.55 0.85 
F4-34 Touirist 67.55 II 0.0 0.0 0.0 1.8 3.3 0.56 0.96 
F4-35 Touirist 68.15 II 0.0 0.0 0.0 0.9 2.1 0.44 0.95 
F4-36 Touirist 69.20 II 0.1 0.0 0.0 0.0 1.2 0.07 0.00 
F4-37 Touirist 69.80 II 0.1 0.0 0.0 0.1 1.4 0.12 0.31 
F4-44 Touirist 77.65 II 0.3 0.0 0.0 1.9 2.5 0.92 0.84 
F4-45 Touirist 78.00 II 0.0 0.0 0.0 1.7 3.6 0.47 0.96 
F4-46 Touirist 79.00 II 0.1 0.0 0.0 0.7 1.9 0.48 0.82 
F4-47 Touirist 80.10 II 0.0 0.0 0.0 0.3 2.2 0.16 0.81 
F4-51 Touirist 85.30 II 0.0 0.0 0.0 4.3 7.9 0.55 0.98 
F4-52 Touirist 86.10 II 0.0 0.0 0.0 0.2 2.2 0.14 0.68 
F4-55 Touirist 90.90 II 0.2 0.1 0.0 1.4 3.0 0.56 0.83 
F4-56 Touirist 91.15 II - - - - - - - 
F4-57 Touirist 92.00 II 0.0 0.0 0.0 0.2 1.9 0.13 0.70 
F4-59 Touirist 94.70 II 0.0 0.0 0.0 0.3 1.6 0.20 0.81 
F4-60 Touirist 96.10 II 0.0 0.0 0.0 1.9 3.1 0.64 0.96 
F4-61 Touirist 98.55 II 0.0 0.0 0.0 2.4 3.2 0.76 0.96 
F4-65 Aguelt 102.15 I 0.1 1.4 0.1 0.2 1.8 1.00 0.12 
F4-68 Aguelt 107.75 I - - - - - - - 
F4-69 Aguelt 110.15 I - - - - - - - 
F4-70 Aguelt 112.40 I - - - - - - - 
F4-71 Aguelt 114.80 I 0.1 0.2 0.2 0.0 3.7 0.14 0.00 
F4-72 Aguelt 117.30 I - - - - - - - 
F4-73 Aguelt 119.75 I 0.1 0.4 0.4 0.0 4.6 0.20 0.00 
F4-74 Aguelt 122.20 I - - - - - - - 
F4-76 Aguelt 127.20 I - - - - - - - 
F4-77 Aguelt 129.70 I 0.1 0.3 0.4 0.0 4.5 0.16 0.00 
F4-78 Aguelt 132.55 I - - - - - - - 
F4-81 Aguelt 139.95 I - - - - 4.1 - - 
F4-82 Aguelt 142.55 I 0.1 0.1 0.1 0.0 3.3 0.07 0.03 
F4-86 Aguelt 152.20 I 0.1 0.1 0.1 0.0 3.7 0.06 0.01 
F4-93 Aguelt 169.70 I - - - - - - - 
F4-94 Aguelt 172.10 I 0.0 0.0 0.2 0.1 3.3 0.09 0.21 
F4-97 Aguelt 179.50 I - - - - - - - 
R4-1 Unit I-4 24.80 II 0.0 0.0 0.0 0.1 1.8 0.06 0.59 
R4-2 Unit I-4 25.20 II - - - - 1.8 - - 
R4-3 Unit I-4 25.65 II - - - - - - - 
R4-4 Unit I-4 26.10 II - - - - - - - 
R4-6 Unit I-4 26.85 II 0.2 0.0 0.1 0.2 6.5 0.09 0.30 
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Table 2.1. Iron speciation data from the ~1.1 Ga Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Formation Meters1 Environ. Fecarb 
(wt.%) 
Feox 
(wt.%) 
Femag 
(wt.%) 
Fepyrite 
(wt.%) 
FeT 
(wt.%) 
FeHR/FeT2 Fepy/FeHR2 
R4-7 Unit I-4 27.35 II 0.0 0.0 0.0 0.1 2.1 0.04 0.69 
R4-8 Unit I-4 27.75 II 0.0 0.0 0.0 0.0 1.6 0.02 0.45 
R4-9 Unit I-4 28.15 II 0.0 0.0 0.0 0.0 2.3 0.03 0.53 
R4-10 Unit I-4 28.55 II 0.0 0.3 0.0 0.6 3.4 0.27 0.68 
R4-11 Unit I-4 28.95 II - - - - - - - 
R4-12 Unit I-4 29.35 II 0.0 0.1 0.0 0.2 1.3 0.25 0.54 
R4-14 Unit I-4 30.15 II - - - - - - - 
R4-16 Unit I-4 31.00 II 0.0 0.0 0.0 0.0 1.2 0.04 0.00 
R4-17 Unit I-4 31.40 II 0.0 0.1 0.0 0.0 1.6 0.10 0.07 
R4-18 Unit I-4 31.85 II 0.0 0.0 0.0 1.2 3.1 0.40 0.97 
R4-19 Unit I-4 32.25 II - - - - - - - 
R4-20 Unit I-4 32.60 II - - - - - - - 
R4-22 Unit I-4 33.45 II - - - - - - - 
R4-23 Unit I-4 33.80 II - - - - - - - 
R4-24 Unit I-4 34.20 II - - - - - - - 
R4-25 Unit I-4 34.75 III 0.1 0.0 0.0 0.3 4.3 0.11 0.74 
R4-26 Unit I-4 35.15 III 0.0 0.0 0.0 1.6 3.8 0.44 0.93 
R4-27 Unit I-4 35.60 III - - - - - - - 
R4-28 Unit I-4 36.05 III 0.1 0.2 0.1 0.1 1.7 0.28 0.10 
R4-30 Unit I-4 36.90 III - - - - - - - 
R4-31 Unit I-4 37.35 III 1.3 0.1 0.1 0.2 2.6 0.64 0.10 
R4-32 Unit I-4 37.85 III 0.3 0.1 0.1 0.3 2.9 0.28 0.36 
R4-33 Unit I-4 38.25 III 0.0 0.0 0.0 0.5 4.4 0.12 0.96 
R4-34 Unit I-4 38.45 III 0.0 0.2 0.1 3.6 5.4 0.72 0.94 
R4-35 Unit I-4 38.85 III 0.0 0.2 0.0 0.2 2.2 0.19 0.44 
R4-36 Unit I-4 39.25 III 0.1 0.0 0.0 0.6 5.0 0.15 0.80 
R4-37 Unit I-4 39.60 III 0.0 0.0 0.0 1.1 3.8 0.28 0.99 
R4-38 Unit I-4 40.05 III 0.0 0.2 0.1 2.3 5.8 0.44 0.89 
R4-39 Unit I-4 40.40 III 0.0 0.2 0.0 1.7 5.4 0.35 0.88 
R4-40 Unit I-4 40.70 III 0.0 0.1 0.0 0.4 5.3 0.11 0.77 
R4-42 Unit I-4 41.40 III - - - - - - - 
R4-43 Unit I-4 41.55 III 0.1 0.3 0.2 1.6 4.6 0.47 0.74 
R4-44 Unit I-4 41.95 III 0.0 0.0 0.0 0.0 1.9 0.04 0.62 
R4-45 Unit I-4 42.35 III 0.0 0.0 0.1 0.2 2.7 0.11 0.73 
R4-46 Unit I-4 42.85 III 0.0 0.0 0.0 1.0 3.2 0.33 0.94 
R4-47 Unit I-4 43.25 III 0.0 0.1 0.0 3.2 4.3 0.78 0.94 
R4-48 Unit I-4 43.65 III 0.0 0.2 0.1 3.7 5.3 0.75 0.93 
R4-49 Unit I-4 44.10 III 0.0 0.1 0.0 0.8 4.6 0.19 0.92 
R4-50 Unit I-4 44.50 III 0.0 0.0 0.0 2.7 3.4 0.83 0.98 
R4-51 Unit I-4 44.95 III - - - - - - - 
R4-52 Unit I-4 45.30 III 0.0 0.0 0.0 0.3 2.5 0.13 0.93 
R4-53 Unit I-4 45.80 III 0.0 0.0 0.0 0.8 1.6 0.52 0.99 
R4-54 Unit I-4 46.15 III - - - - - - - 
R4-55 Unit I-4 46.50 III 0.2 0.3 0.3 1.7 3.3 0.76 0.69 
R4-56 Unit I-4 47.00 III 0.1 0.0 0.0 2.2 3.8 0.60 0.96 
R4-57 Unit I-4 47.45 III 0.0 0.0 0.0 0.4 3.1 0.14 0.99 
R4-58 Unit I-4 47.80 III - - - - - - - 
R4-59 Unit I-4 48.25 III 0.2 0.1 0.1 1.7 3.4 0.62 0.83 
R4-60 Unit I-4 48.90 III 0.2 0.1 0.0 2.3 4.0 0.66 0.90 
R4-61 Unit I-4 49.40 III 0.1 0.0 0.0 0.9 3.2 0.33 0.82 
R4-62 Unit I-4 49.75 III - - - - - - - 
R4-63 Unit I-4 50.25 III - - - - - - - 
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Table 2.1. Iron speciation data from the ~1.1 Ga Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Formation Meters1 Environ. Fecarb 
(wt.%) 
Feox 
(wt.%) 
Femag 
(wt.%) 
Fepyrite 
(wt.%) 
FeT 
(wt.%) 
FeHR/FeT2 Fepy/FeHR2 
R4-64 Unit I-4 50.70 III 0.0 0.1 0.0 4.3 7.2 0.62 0.96 
R4-65 Unit I-4 51.05 III 0.0 0.0 0.0 0.4 4.1 0.12 0.82 
R4-66 Unit I-4 51.45 III 0.0 0.0 0.0 1.4 3.5 0.40 0.98 
R4-67 Unit I-4 52.00 III 0.0 0.0 0.0 0.1 1.6 0.07 0.66 
R4-68 Unit I-4 52.50 III 0.0 0.0 0.0 2.0 4.7 0.44 0.98 
R4-69 Unit I-4 52.95 III 0.0 0.0 0.0 0.1 1.6 0.05 0.86 
R4-70 Unit I-4 53.35 III 0.0 0.0 0.0 0.2 1.1 0.18 0.85 
R4-71 Unit I-4 53.80 III - - - - - - - 
R4-72 Unit I-4 54.10 III - - - - - - - 
R4-73 Unit I-4 54.50 III 0.0 0.0 0.0 0.7 4.9 0.14 0.95 
R4-74 Unit I-4 54.85 III - - - - - - - 
R4-75 Unit I-4 55.25 III - - - - - - - 
R4-76 Unit I-4 55.65 III 0.1 0.1 0.0 0.6 2.9 0.27 0.73 
R4-77 Unit I-4 55.95 III 0.1 0.3 0.0 1.5 4.0 0.46 0.83 
R4-79 Unit I-4 56.80 III 0.1 0.1 0.0 2.4 4.1 0.62 0.94 
R4-80 Unit I-4 57.25 III 0.0 0.0 0.0 2.9 4.5 0.65 0.98 
R4-81 Unit I-4 57.70 III 0.0 0.0 0.2 0.2 1.8 0.21 0.46 
R4-82 Unit I-4 58.10 III 0.0 0.0 0.0 0.8 2.7 0.31 0.91 
R4-83 Unit I-4 58.50 III 0.1 0.3 0.0 0.5 2.5 0.34 0.53 
R4-84 Unit I-4 58.90 III 0.0 0.2 0.0 1.5 5.0 0.35 0.88 
R4-85 Unit I-4 59.30 III 0.0 0.0 0.0 0.6 3.5 0.18 0.96 
R4-86 Unit I-4 59.70 III 0.0 0.1 0.0 1.8 2.9 0.63 0.96 
R4-88 Unit I-4 60.30 III 0.0 0.0 0.0 2.1 3.7 0.58 1.00 
R4-89 Unit I-4 60.75 III 0.0 0.0 0.0 1.2 3.5 0.35 1.00 
R4-90 Unit I-4 61.20 III 0.0 0.0 0.0 1.3 3.5 0.40 0.93 
R4-91 Unit I-4 61.65 III 0.1 0.2 0.0 1.9 2.8 0.77 0.87 
R4-92 Unit I-4 62.10 III 0.0 0.1 0.0 1.4 2.9 0.51 0.91 
R4-93 Unit I-4 62.50 III 0.0 0.0 0.0 0.1 2.5 0.04 0.74 
R4-94 Unit I-4 62.95 III 0.0 0.1 0.0 0.1 0.5 0.37 0.36 
R4-95 Unit I-4 63.50 III 0.1 0.2 0.0 1.0 2.0 0.66 0.76 
R4-96 Unit I-4 63.90 III - - - - - - - 
R4-97 Unit I-4 64.40 III 0.0 0.1 0.0 1.6 3.1 0.53 0.96 
R2-1 Unit I-5 19.10 III 0.0 0.0 0.0 0.8 1.7 0.47 0.97 
R2-2 Unit I-5 19.30 III 0.0 0.0 0.0 1.4 2.7 0.52 0.98 
R2-3 Unit I-5 19.50 III 0.0 0.0 0.0 1.2 1.8 0.69 0.98 
R2-4 Unit I-5 19.70 III 0.0 0.0 0.0 1.1 1.6 0.68 0.98 
R2-5 Unit I-5 19.90 III - - - - - - - 
R2-6 Unit I-5 20.10 III 0.0 0.0 0.0 2.5 3.1 0.80 0.99 
R2-7 Unit I-5 20.35 III 0.0 0.0 0.0 1.4 1.9 0.74 0.98 
R2-8 Unit I-5 20.60 III 0.0 0.0 0.0 1.2 2.0 0.60 0.98 
R2-9 Unit I-5 20.90 III 0.3 0.0 0.0 0.9 1.7 0.69 0.74 
R2-12 Unit I-5 21.40 III 0.0 0.0 0.0 0.6 1.8 0.33 0.96 
R2-13 Unit I-5 21.75 III 1.2 0.0 0.0 1.4 2.6 1.00 0.52 
R2-15a Unit I-5 90.55 III 0.1 0.1 0.0 4.2 4.4 0.99 0.95 
R2-15b Unit I-5 90.55 III 0.1 0.1 0.0 1.7 5.0 0.38 0.91 
R2-16 Unit I-5 91.10 III 0.0 0.1 0.0 1.6 1.7 0.97 0.94 
R2-17a Unit I-5 91.60 III 0.0 0.0 0.0 2.5 3.0 0.83 0.99 
R2-17b Unit I-5 91.60 III 0.0 0.0 0.0 2.0 2.1 0.96 0.99 
R2-18 Unit I-5 91.90 III 0.0 0.0 0.0 5.9 6.7 0.89 0.99 
R2-19 Unit I-5 92.10 III 0.0 0.0 0.0 2.8 2.9 0.97 0.97 
R2-24 Unit I-5 96.80 III 0.0 0.0 0.0 3.1 3.6 0.89 0.97 
R2-25a Unit I-5 96.90 III 0.0 0.0 0.0 4.6 5.0 0.92 0.99 
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Table 2.1. Iron speciation data from the ~1.1 Ga Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Formation Meters1 Environ. Fecarb 
(wt.%) 
Feox 
(wt.%) 
Femag 
(wt.%) 
Fepyrite 
(wt.%) 
FeT 
(wt.%) 
FeHR/FeT2 Fepy/FeHR2 
R2-27 Unit I-5 97.65 III 0.0 0.0 0.0 0.5 1.5 0.35 0.89 
R2-28 Unit I-5 97.95 III 0.0 0.0 0.0 1.4 2.0 0.69 0.97 
R2-30 Unit I-5 98.80 III 0.0 0.0 0.0 3.2 4.7 0.69 0.99 
R2-31 Unit I-5 99.15 III 0.0 0.0 0.0 3.6 3.6 1.00 0.99 
R2-32 Unit I-5 99.50 III 0.0 0.0 0.0 3.9 4.7 0.84 0.99 
R2-33 Unit I-5 99.80 III 0.0 0.0 0.0 4.2 6.6 0.65 0.99 
R2-34 Unit I-5 100.10 III 0.0 0.0 0.0 3.6 5.0 0.73 0.98 
R2-35 Unit I-5 100.15 III 0.0 0.0 0.0 2.5 3.5 0.74 0.97 
R2-40 Unit I-5 100.65 III 0.0 0.0 0.0 3.2 4.0 0.82 0.99 
R2-41 Unit I-5 100.75 III 0.0 0.0 0.0 4.8 6.5 0.74 0.99 
R2-42 Unit I-5 100.95 III 0.0 0.0 0.0 3.2 4.5 0.73 0.97 
R2-43a Unit I-5 101.15 III 0.0 0.0 0.0 2.5 3.3 0.77 0.98 
R2-43b Unit I-5 101.15 III 0.1 0.1 0.0 6.2 8.7 0.73 0.98 
R2-44 Unit I-5 101.35 III 0.1 0.1 0.0 6.3 7.2 0.90 0.97 
R2-45 Unit I-5 101.55 III 0.0 0.0 0.0 6.3 7.4 0.88 0.99 
R2-46 Unit I-5 101.85 III 0.0 0.0 0.0 3.8 4.1 0.93 0.99 
R2-47 Unit I-5 102.10 III 0.0 0.0 0.0 3.1 4.7 0.67 0.98 
R2-48 Unit I-5 102.35 III 0.0 0.0 0.0 3.5 4.4 0.81 0.99 
 
1Meterages defined from the base of each of the three drill cores examined. 
2Data also reported in Gilleaudeau and Kah (2013b).  
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Figure 2.4. Iron speciation cross plot (FeHR/FeT versus Fepy/FeHR). FeHR/FeT > 0.38 
(dashed vertical line is at 0.38) has been shown empirically to be diagnostic of deposition 
under anoxic conditions. Similarly, for anoxic samples, Fepy/FeHR > 0.8 (or >0.7; 
Li et al., 2010) is diagnostic of euxinic conditions, and values <0.8 (or <0.7; Li et al., 
2010) are indicative of iron-rich (ferruginous) conditions. Horizontal dashed lines are at 
0.7 and 0.8. Points falling in the upper left region of this plot are unusual and are herein 
referred to as “pyrite production-limited.” Deepening of environments across the Taoudeni 
Basin (through Environments I, II, and III) is accompanied by a shift from an oxic to pyrite
production-limited to euxinic iron speciation signal.
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Figure 2.5. Iron paleoredox proxies plotted versus stratigraphic thickness for the Atar Group. 
Fecarb is iron carbonate, Feox is iron oxy-hydroxides, Femag is magnetite iron, Fepy is 
pyrite iron, FeHR is highly reactive iron, FeU is poorly reactive or unreactive silicate iron, 
and FeT is total iron. Threshold values (indicated by solid vertical lines) are 0.38 for 
FeHR/FeT (the boundary between oxic and anoxic deposition; Raiswell and Canfield, 1998), 
0.8 for Fepy/FeHR (the boundary between ferruginous and euxinic deposition; Lyons and 
Severmann, 2006), and 0.5 for FeT/Al (the value for average shale; Taylor and McLennan, 
1985). Dashed horizontal lines represent boundaries between environments. Environment 
II records oxic depositional conditions (FeHR/FeT < 0.38) and pyrite concentrations 
increase up section, giving rise to a mixed euxinic (FeHR/FeT > 0.38 and Fepy/FeHR > 0.8) 
and pyrite production-limited (FeHR/FeT < 0.38 and Fepy/FeHR > 0.8) iron speciation signal in 
the upper 30 meters of unit I-4 (Environment III). Both black shale intervals of unit I-5 
(Environment III; separated by stromatolite reefs; Kah et al., 2009; 2012) are characterized 
by a persistently euxinic iron speciation signal.  
  98 
variable (from 0.0 to 4.3 wt.% pyrite iron), and samples contain both highly reactive and 
unreactive iron phases (Figs. 2.3, 2.5). As a result, the ratios of both FeHR/FeT and Fepy/FeHR are 
highly variable (0.03 to 0.92 and 0.00 to 0.98, respectively), although most samples are 
characterized by ratios of Fepy/FeHR > 0.8 (Figs. 2.3, 2.4, 2.5). Total iron concentration ranges 
from 1.2 to 7.9 wt.%, and the ratio of FeT/Al is more variable than in Environment I (0.11 to 
1.20; Figs. 2.3, 2.5).  
Shale deposited in Environment III—represented here by the upper 30 meters of unit I-4 
and all of unit I-5—contains only small amounts of iron carbonate, iron oxides, and magnetite 
(<0.4 wt.% with the exception of two samples; Fig. 2.5). Pyrite concentrations are variable (0.1 
to 6.3 wt.% pyrite iron) and generally increase up section into unit I-5 (Fig. 2.5). Samples 
contain both highly reactive and unreactive iron phases, and the ratio of Fepy/FeHR is consistently 
elevated (>0.8), with greater variability observed in the ratio of FeHR/FeT (0.04 to 1.00; Figs. 2.4, 
2.5). Total iron concentration ranges from 0.5 to 8.7 wt.%, and the ratio of FeT/Al is highly 
variable (0.04 to 0.88; Fig. 2.5). A selected group of samples from each environment were also 
analyzed for iron monosulfide minerals (which can result from pyrite diagenesis; Zhabin and 
Kremenetskiy, 1993; Thomas et al., 2011), but concentrations were found to be below detection 
in all cases. 
 
4.3. Total organic carbon and pyrite sulfur isotopes 
 Shale deposited in Environment I is characterized by low TOC concentrations (0.2 to 0.7 
wt.%) and positive pyrite δ34S values (6.4 to 19.1‰; Fig. 2.6; Table 2.2). By contrast, shale from 
Environment II is characterized by higher and more variable TOC (0.4 to 15.3 wt.%), and a 
greater range of pyrite δ34S (-22.9 to 19.8‰; Fig. 2.6). In Environment III, shale exhibits 
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Figure 2.6. Other redox proxies used in this study plotted versus stratigraphic thickness for 
the Atar and El Mreiti groups. Dashed horizontal lines represent boundaries between 
environments, and the solid vertical line in the !34Spy plot represents 0‰. The 
solid vertical lines in the Mo, V, and Mn concentration plots represent average shale values 
(1, 150, and 850 ppm for Mo, V, and Mn, respectively; Taylor and McLennan, 1985).
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Table 2.2. TOC, δ34S, and elemental data from the Atar and El Mreiti groups, Mauritania.  
 
Sample Formation Meters1 Environ. TOC2 
(wt.%) 
Spyrite 
(wt.%) 
δ34Spyrite 
(‰ vs. 
VCDT)  
Al 
(wt.%) 
Mo2 
(ppm) 
V2 
(ppm) 
Mn 
(ppm) 
Zn 
(ppm) 
F4-5 Khatt 9.95 - 0.2 0.1 25.9 5.0 - 76 4140 - 
F4-7 Khatt 13.75 - - 0.1 34.0 9.0 <1 100 220 50 
F4-11 En Nes. 35.30 II 1.8 0.7 19.8 14.9 3 160 80 50 
F4-12 En Nes. 37.70 II 0.4 0.1 15.6 10.5 <1 102 90 100 
F4-14 En Nes. 42.20 II 0.2 0.3 14.6 8.3 <1 94 70 - 
F4-24 Touirist 55.90 II 11.5 2.3 -6.0 8.7 9 528 160 110 
F4-25 Touirist 57.00 II 11.3 1.3 -9.7 4.2 10 478 1070 - 
F4-27 Touirist 59.85 II 0.8 0.7 5.3 9.4 <1 108 <10 50 
F4-28 Touirist 60.85 II 0.9 1.2 1.5 12.9 <1 137 90 30 
F4-29 Touirist 62.50 II 1.0 3.1 4.6 6.7 2 105 390 - 
F4-30 Touirist 63.55 II 1.1 1.6 1.6 5.8 14 99 550 - 
F4-31 Touirist 64.75 II 1.1 1.2 -9.1 11.9 <1 128 70 30 
F4-32 Touirist 65.30 II 1.6 1.8 -16.3 7.5 4 91 250 - 
F4-34 Touirist 67.55 II 13.3 2.1 -14.7 5.6 5 151 1170 220 
F4-35 Touirist 68.15 II 13.1 1.0 -11.6 7.9 3 188 90 60 
F4-36 Touirist 69.20 II 3.4 0.0 6.5 3.6 3 68 1900 - 
F4-37 Touirist 69.80 II 3.4 0.1 -16.3 4.2 <1 65 2160 - 
F4-44 Touirist 77.65 II 3.3 2.3 -16.3 2.1 <1 38 4420 <30 
F4-45 Touirist 78.00 II 13.1 2.0 -22.0 6.9 10 161 910 - 
F4-46 Touirist 79.00 II 1.9 0.9 13.3 4.4 <1 58 450 <30 
F4-47 Touirist 80.10 II 15.3 0.3 -1.6 8.3 9 193 840 - 
F4-51 Touirist 85.30 II 11.8 5.1 -11.2 7.0 10 241 1600 - 
F4-52 Touirist 86.10 II 1.6 0.2 10.8 7.2 <1 160 1630 - 
F4-55 Touirist 90.90 II 9.8 1.7 -15.5 6.5 13 800 310 90 
F4-56 Touirist 91.15 II - 1.4 -11.2 - - - - - 
F4-57 Touirist 92.00 II 2.2 0.2 -2.7 7.4 <1 349 1030 70 
F4-59 Touirist 94.70 II 1.4 0.3 9.9 6.6 <1 195 1040 - 
F4-60 Touirist 96.10 II 1.0 2.3 13.7 6.0 2 148 2170 70 
F4-61 Touirist 98.55 II 13.0 2.8 -9.9 9.9 11 387 130 90 
F4-65 Aguelt 102.15 I - 0.3 16.8 3.3 <1 42 1010 <30 
F4-68 Aguelt 107.75 I - 0.1 13.9 - - - - - 
F4-69 Aguelt 110.15 I - 0.0 14.2 - - - - - 
F4-70 Aguelt 112.40 I - 0.0 12.8 - - - - - 
F4-71 Aguelt 114.80 I 0.3 0.0 18.9 6.3 <1 75 600 70 
F4-72 Aguelt 117.30 I - 0.0 12.7 - - - - - 
F4-73 Aguelt 119.75 I 0.7 0.0 - 7.3 <1 85 570 80 
F4-74 Aguelt 122.20 I - 0.0 19.1 - - - - - 
F4-76 Aguelt 127.20 I - 0.0 16.5 - - - - - 
F4-77 Aguelt 129.70 I 0.4 0.0 - 7.9 <1 92 530 90 
F4-78 Aguelt 132.55 I - - - - - - - - 
F4-81 Aguelt 139.95 I - - - 7.8 <1 93 500 90 
F4-82 Aguelt 142.55 I 0.5 0.0 6.4 7.1 <1 89 540 80 
F4-86 Aguelt 152.20 I - 0.0 16.4 7.0 <1 77 500 80 
F4-93 Aguelt 169.70 I - 0.0 14.1 - - - - - 
F4-94 Aguelt 172.10 I 0.2 0.1 13.2 6.8 <1 77 390 70 
F4-97 Aguelt 179.50 I - - - - - - - - 
R4-1 Unit I-4 24.80 II - 0.1 -16.6 14.7  -  -  -  - 
R4-2 Unit I-4 25.20 II 1.1 0.0 -14.2 13.4 <1 159 70  - 
R4-3 Unit I-4 25.65 II - 0.0 2.6  -  -  -  -  - 
R4-4 Unit I-4 26.10 II - 0.0 -22.9  -  -  -  -  - 
R4-6 Unit I-4 26.85 II 2.3 0.2 -6.1 10.0 <1 92 1360  - 
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Table 2.2. TOC, δ34S, and elemental data from the Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Formation Meters1 Environ. TOC2 
(wt.%) 
Spyrite 
(wt.%) 
δ34Spyrite 
(‰ vs. 
VCDT)  
Al 
(wt.%) 
Mo2 
(ppm) 
V2 
(ppm) 
Mn 
(ppm) 
Zn 
(ppm) 
R4-7 Unit I-4 27.35 II - 0.1 4.6 10.2  -  -  -  - 
R4-8 Unit I-4 27.75 II 0.6 0.0 8.1 12.7 <1 145 <10  - 
R4-9 Unit I-4 28.15 II 1.1 0.0 -0.2 12.6 <1 181 60 <30 
R4-10 Unit I-4 28.55 II - 0.7 7.0 11.3  -  -  -  - 
R4-11 Unit I-4 28.95 II - 0.1 4.6  -  -  -  -  - 
R4-12 Unit I-4 29.35 II 1.3 0.2 4.8 11.7 <1 154 <10  - 
R4-14 Unit I-4 30.15 II - 0.2 4.4  -  -  -  -  - 
R4-16 Unit I-4 31.00 II 1.1 0.0 - 11.1 <1 148 <10  - 
R4-17 Unit I-4 31.40 II 1.6 0.0 6.3 12.0 <1 152 <10  - 
R4-18 Unit I-4 31.85 II 1.4 1.4 13.0 11.6 <1 154 80 <30 
R4-19 Unit I-4 32.25 II - 3.4 16.0  -  -  -  -  - 
R4-20 Unit I-4 32.60 II - 0.2 -13.1  -  -  -  -  - 
R4-22 Unit I-4 33.45 II - 2.2 2.2  -  -  -  -  - 
R4-23 Unit I-4 33.80 II - 0.1 3.7  -  -  -  -  - 
R4-24 Unit I-4 34.20 II - 0.0 0.6  -  -  -  -  - 
R4-25 Unit I-4 34.75 III 1.5 0.4 -4.8 10.6 <1 156 230 50 
R4-26 Unit I-4 35.15 III - 1.8 -4.6 6.6 <1 111 110 40 
R4-27 Unit I-4 35.60 III - 0.5 -0.2  -  -  -  -  - 
R4-28 Unit I-4 36.05 III 1.2 0.1 -4.0 8.5 <1 73 <10  - 
R4-30 Unit I-4 36.90 III - 1.0 11.5  -  -  -  -  - 
R4-31 Unit I-4 37.35 III 2.5 0.2 -2.1 10.2 <1 165 580 <30 
R4-32 Unit I-4 37.85 III - 0.3 18.5 8.7 <1 118 540 <30 
R4-33 Unit I-4 38.25 III 1.3 0.6 6.2 11.1 <1 169 <10  - 
R4-34 Unit I-4 38.45 III 1.4 4.2 3.5 9.6 <1 118 <10  - 
R4-35 Unit I-4 38.85 III 1.5 0.2 5.6 10.1 <1 138 <10  - 
R4-36 Unit I-4 39.25 III - 0.7 16.3 9.2  -  -  -  - 
R4-37 Unit I-4 39.60 III 1.4 1.2 16.5 10.3 <1 126 <10  - 
R4-38 Unit I-4 40.05 III 1.8 2.6 - 10.6 <1 132 <10  - 
R4-39 Unit I-4 40.40 III - 1.9 12.3 9.9  -  -  -  - 
R4-40 Unit I-4 40.70 III 1.0 0.5 18.9 12.4 <1 184 <10  - 
R4-42 Unit I-4 41.40 III - 1.7 7.9  -  -  -  -  - 
R4-43 Unit I-4 41.55 III 1.9 1.8 3.9 11.3 <1 141 120 <30 
R4-44 Unit I-4 41.95 III 1.3 0.0 6.6 12.0 <1 142 <10  - 
R4-45 Unit I-4 42.35 III 0.7 0.2 16.0 10.0 <1 111 60  - 
R4-46 Unit I-4 42.85 III 1.4 1.1 15.1 12.6 <1 140 <10  - 
R4-47 Unit I-4 43.25 III 1.6 3.6 10.0 11.6 <1 104 <10  - 
R4-48 Unit I-4 43.65 III 1.9 4.2 5.4 10.6 <1 101 <10  - 
R4-49 Unit I-4 44.10 III 1.5 0.9 13.1 12.2 <1 154 <10 <30 
R4-50 Unit I-4 44.50 III 2.3 3.2 11.0 11.1 <1 89 <10  - 
R4-51 Unit I-4 44.95 III - 0.8 23.2  -  -  -  -  - 
R4-52 Unit I-4 45.30 III - 0.3 22.0 7.3  -  -  -  - 
R4-53 Unit I-4 45.80 III 1.2 1.0 23.0 7.9 <1 82 50  - 
R4-54 Unit I-4 46.15 III - 1.6 13.5  -  -  -  -  - 
R4-55 Unit I-4 46.50 III 1.7 2.0 18.2 7.4 <1 30 <10  - 
R4-56 Unit I-4 47.00 III - 2.5 3.6 14.0 <1 106 90 <30 
R4-57 Unit I-4 47.45 III - 0.5 21.3 10.7  -  -  -  - 
R4-58 Unit I-4 47.80 III - 1.7 5.1  -  -  -  -  - 
R4-59 Unit I-4 48.25 III 3.3 2.0 -1.0 9.0 <1 84 150  - 
R4-60 Unit I-4 48.90 III 2.1 2.7 4.0 10.5 <1 64 <10  - 
R4-61 Unit I-4 49.40 III 1.8 1.0 -0.7 11.8 <1 132 140 30 
R4-62 Unit I-4 49.75 III - 1.2 -1.1  -  -  -  -  - 
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Table 2.2. TOC, δ34S, and elemental data from the Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Formation Meters1 Environ. TOC2 
(wt.%) 
Spyrite 
(wt.%) 
δ34Spyrite 
(‰ vs. 
VCDT)  
Al 
(wt.%) 
Mo2 
(ppm) 
V2 
(ppm) 
Mn 
(ppm) 
Zn 
(ppm) 
R4-63 Unit I-4 50.25 III - 4.2 19.7  -  -  -  -  - 
R4-64 Unit I-4 50.70 III 1.7 4.9 14.3 9.7 <1 81 <10  - 
R4-65 Unit I-4 51.05 III 1.3 0.5 4.9 9.6 <1 123 <10  - 
R4-66 Unit I-4 51.45 III - 1.6 15.3 10.7  -  -  -  - 
R4-67 Unit I-4 52.00 III 1.1 0.1 2.6 11.6 <1 127 <10  - 
R4-68 Unit I-4 52.50 III - 2.3 -0.2 18.9  -  -  -  - 
R4-69 Unit I-4 52.95 III 0.8 0.1 9.3 11.2 <1 126 <10  - 
R4-70 Unit I-4 53.35 III 0.6 0.2 -5.0 12.2 <1 118 <10  - 
R4-71 Unit I-4 53.80 III - 0.8 12.1  -  -  -  -  - 
R4-72 Unit I-4 54.10 III - 2.6 21.7  -  -  -  -  - 
R4-73 Unit I-4 54.50 III 1.4 0.8 4.6 10.9 <1 120 80 40 
R4-74 Unit I-4 54.85 III - 1.5 14.4  -  -  -  -  - 
R4-75 Unit I-4 55.25 III - 1.5 21.4  -  -  -  -  - 
R4-76 Unit I-4 55.65 III 1.6 0.7 16.7 11.1 <1 107 <10  - 
R4-77 Unit I-4 55.95 III - 1.8 25.7 12.1  -  -  -  - 
R4-79 Unit I-4 56.80 III - 2.7 - 11.2 <1 111 40 <30 
R4-80 Unit I-4 57.25 III - 3.3 16.1 10.9 1 113 30 <30 
R4-81 Unit I-4 57.70 III 1.1 0.2 16.5 9.0 <1 95 <10  - 
R4-82 Unit I-4 58.10 III 1.0 0.9 17.7 12.3 <1 117 <10  - 
R4-83 Unit I-4 58.50 III 1.2 0.5 18.5 12.1 <1 118 <10  - 
R4-84 Unit I-4 58.90 III 1.2 1.8 18.0 12.5 <1 199 <10  - 
R4-85 Unit I-4 59.30 III 1.6 0.7 14.8 11.3 <1 122 80 30 
R4-86 Unit I-4 59.70 III 0.9 2.0 24.1 10.8 <1 86 <10  - 
R4-88 Unit I-4 60.30 III 1.3 2.4 16.2 21.7 <1 101 80  - 
R4-89 Unit I-4 60.75 III 1.0 1.4 27.0 11.2 <1 113 <10  - 
R4-90 Unit I-4 61.20 III 1.6 1.5 13.3 11.9 <1 115 <10  - 
R4-91 Unit I-4 61.65 III 1.5 2.2 28.3 11.0 <1 100 <10  - 
R4-92 Unit I-4 62.10 III 1.1 1.6 28.4 11.4 <1 105 <10  - 
R4-93 Unit I-4 62.50 III 1.3 0.1 18.6 12.2 <1 132 <10  - 
R4-94 Unit I-4 62.95 III 1.7 0.1 17.7 11.6 <1 132 <10  - 
R4-95 Unit I-4 63.50 III 1.1 1.1 26.5 11.2 <1 103 <10  - 
R4-96 Unit I-4 63.90 III - 0.4 21.9 -   -  -  -  - 
R4-97 Unit I-4 64.40 III 1.2 1.8 31.6 12.5 <1 136 <10 <30 
R2-1 Unit I-5 19.10 III 0.6 0.9 19.2 11.8 <1 115 <10 <30 
R2-2 Unit I-5 19.30 III 0.3 1.7 19.1 11.6 <1 139 <10  - 
R2-3 Unit I-5 19.50 III 0.9 1.4 - 11.2 <1 127 <10  - 
R2-4 Unit I-5 19.70 III 0.8 1.3 14.3 12.2 <1 132 <10 <30 
R2-5 Unit I-5 19.90 III 0.7 3.2 11.1  -  - -   -  - 
R2-6 Unit I-5 20.10 III 0.7 2.9 - 11.5 <1 114 <10 <30 
R2-7 Unit I-5 20.35 III 0.8 1.6 10.7 12.0 <1 147 <10  - 
R2-8 Unit I-5 20.60 III 0.8 1.4 - 11.3 <1 124 <10 <30 
R2-9 Unit I-5 20.90 III  - 1.1 13.0 9.2 <1 95 200  - 
R2-12 Unit I-5 21.40 III 0.3 0.7 15.6 12.0 <1 138 <10  - 
R2-13 Unit I-5 21.75 III 0.4 1.6 - 11.5 <1 136 <10  - 
R2-15a Unit I-5 90.55 III 1.2 4.9 - 10.3 <1 83 <10  - 
R2-15b Unit I-5 90.55 III 0.4 2.1 - 10.8 21 87 190  - 
R2-16 Unit I-5 91.10 III 2.5 1.9 1.1 9.4 <1 81 250  - 
R2-17a Unit I-5 91.60 III 1.8 2.9 - 9.4 <1 63 <10  - 
R2-17b Unit I-5 91.60 III 2.3 2.3 - 8.7 <1 55 <10  - 
R2-18 Unit I-5 91.90 III 2.4 7.0 7.6 9.6 <1 99 <10  - 
R2-19 Unit I-5 92.10 III 2.9 3.3 1.8 8.8 1 71 40 <30 
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Table 2.2. TOC, δ34S, and elemental data from the Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Formation Meters1 Environ. TOC2 
(wt.%) 
Spyrite 
(wt.%) 
δ34Spyrite 
(‰ vs. 
VCDT)  
Al 
(wt.%) 
Mo2 
(ppm) 
V2 
(ppm) 
Mn 
(ppm) 
Zn 
(ppm) 
R2-24 Unit I-5 96.80 III 0.5 3.7 17.2 8.2 <1 67 <10 <30 
R2-25a Unit I-5 96.90 III 0.6 5.4 10.2 7.6 <1 60 70 <30 
R2-27 Unit I-5 97.65 III 0.6 0.6 27.3 10.1 <1 89 <10  - 
R2-28 Unit I-5 97.95 III 0.3 1.6 25.1 11.7 <1 109 30 <30 
R2-30 Unit I-5 98.80 III 3.0 3.8 1.6 10.5 <1 91 50 <30 
R2-31 Unit I-5 99.15 III 1.5 4.3 -2.0 9.6 1 98 30 <30 
R2-32 Unit I-5 99.50 III 1.0 4.6 - 9.8 <1 78 50 <30 
R2-33 Unit I-5 99.80 III 0.9 5.0 11.2 13.2 <1 130 <10 <30 
R2-34 Unit I-5 100.10 III 0.7 4.3 4.5 10.7 <1 104 <10  - 
R2-35 Unit I-5 100.15 III 0.7 3.0 13.3 10.5 <1 98 <10  - 
R2-40 Unit I-5 100.65 III 0.4 3.8 30.4 12.6 <1 109 30 <30 
R2-41 Unit I-5 100.75 III 0.8 5.6 - 11.1 3 111 <10 <30 
R2-42 Unit I-5 100.95 III 0.5 3.8 23.4 10.9 <1 103 <10  - 
R2-43a Unit I-5 101.15 III 1.0 2.9 13.9 9.7 <1 78 <10  - 
R2-43b Unit I-5 101.15 III 0.9 7.4 11.7 9.9 <1 89 <10  - 
R2-44 Unit I-5 101.35 III 0.7 7.5 23.3 9.8 4 92 <10  - 
R2-45 Unit I-5 101.55 III 0.8 7.5 - 10.0 <1 90 50 <30 
R2-46 Unit I-5 101.85 III 0.7 4.5 23.0 6.3 1 75 30 <30 
R2-47 Unit I-5 102.10 III 0.6 3.6 - 11.9 <1 99 <10  - 
R2-48 Unit I-5 102.35 III 1.6 4.2 - 9.9 6 89 <10 50 
 
1Meterages defined from the base of each of the three drill cores examined. 
2Data also reported in Gilleaudeau and Kah (2013b).  
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moderate and less variable TOC concentrations (0.3 to 3.3 wt.%) and generally positive pyrite 
δ34S values (-4.8 to 31.6‰) with an increasing stratigraphic trend through unit I-4 (Fig. 2.6). Fig. 
2.7 summarizes the range of pyrite δ34S values observed in shale from each environment, 
highlighting the greater degree of variability recorded in Environment II.   
 
4.4. Trace metal concentrations  
 Shale deposited in Environment I is characterized by low Mo (<1 ppm), V (<100 ppm), 
and Mn concentrations (<600 ppm with the exception of one sample) compared to the post-
Archean Australian shale (PAAS) average (1, 150, and 850 ppm for Mo, V, and Mn, 
respectively; Taylor and McLennan, 1985; Fig. 2.6). Zn concentrations (from limited data; Table 
2.2) are between 70 and 90 ppm (with the exception of one sample that is below detection), 
comparable to the PAAS value of 85 ppm (Taylor and McLennan, 1985). In Environment II, 
trace metal concentrations are substantially more variable. Mo ranges from <1 to 14 ppm, V 
ranges from 38 to 800 ppm, and Mn ranges from <10 ppm to 4420 ppm (Fig. 2.6; Table 2.2). Zn 
concentrations (Table 2.2) are also elevated and more variable, with values ranging from <30 to 
220 ppm. By contrast, shale deposited in Environment III is characterized by trace metal 
concentrations that are generally lower than the PAAS average. Mo is <1 ppm in the majority of 
samples (a few elevated values are recorded in the upper black shale interval of unit I-5), V 
ranges from 30 to 190 ppm, Mn ranges from <10 to 580 ppm (Fig. 2.6), and Zn is <50 ppm in all 
samples analyzed (Table 2.2).  
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Figure 2.7. Frequency of !34Spy values for Environments I, II, and III. !34Spy values were 
binned into 2‰ intervals from -25 to 35‰. Positive !34Spy values are generally 
characteristic of shale deposited above (Environment I) and below (Environment III) the 
chemocline. By contrast, shale of Environment II records more negative and variable 
values resulting from a dynamic oxidative-reductive sulfur cycle operating at the 
chemocline. 
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5. Interpretation   
5.1. Carbon-sulfur ratios 
The ratio of organic carbon to pyrite sulfur in shale can be a useful redox proxy because 
redox conditions influence which factors ultimately limit sedimentary pyrite formation (Berner, 
1984; Berner and Raiswell, 1984; Lyons et al., 2000). Under normal oxic marine conditions, 
bacterial sulfate reduction (BSR) is typically limited by the supply of organic carbon and not by 
sulfate availability, leading to a coupling of organic carbon and pyrite sulfur concentrations in 
sediments (Berner and Raiswell, 1983; Berner, 1984). In modern normal marine sediment, the 
average ratio of organic carbon to pyrite sulfur (C/S) is 2.8 ± 1.5 (Berner and Raiswell, 1984). It 
has been suggested, however, that organic matter was more reactive to microbial decomposition 
prior to the evolution of vascular land plants in the Silurian (Raiswell and Berner, 1986; Raiswell 
and Al-Biatty, 1989; Lyons et al., 2000). Hypothesized differences in organic matter reactivity 
and empirical data suggest an average C/S ratio of 0.5 for normal marine sediment deposited 
prior to the Silurian (Raiswell and Berner, 1986).  
Under euxinic conditions, however, pyrite commonly forms in the water column and is 
subsequently added to the sediment independent of organic carbon content (Raiswell et al., 1988; 
Lyons and Severmann, 2006). This leads to a decoupling of organic carbon and pyrite sulfur 
concentrations, with C/S ratios typically lower than under normal marine conditions (Lyons and 
Berner, 1992; Lyons, 1997). By contrast, modern freshwater environments are sulfate deficient 
compared to seawater (0.1 mM versus 28.1 mM) so that BSR is typically limited by sulfate 
availability, rather than organic carbon content (Berner and Raiswell, 1984). Such sulfate 
limitation also leads to a decoupling of organic carbon and pyrite sulfur concentrations, with C/S 
ratios typically higher in freshwater sediments than their normal marine counterparts (Berner and 
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Raiswell, 1984; Lyons et al., 2000).  
 
5.1.1. Environment I 
 Shale deposited in Environment I contains low concentrations of both organic carbon and 
pyrite sulfur (Fig. 2.8), suggesting deposition from an oxic water column that limited both BSR 
and organic carbon preservation within the sediment. This is consistent with carbon isotopic 
evidence from this same interval (Gilleaudeau and Kah, 2013a) that has been interpreted to 
reflect enhanced remineralization of organic carbon in these environments. C/S ratios in 
Environment I are higher than pre-Silurian normal marine values (Fig. 2.8; Raiswell and Berner, 
1986) suggesting limitation of sulfate in these onshore environments, potentially driven by 
freshwater influx. Caution must be used in interpreting C/S ratios, however, because 
concentrations of both TOC and pyrite sulfur are near detection limits.  
 
5.1.2. Environment II 
 Shale deposited in Environment II is characterized by high TOC and comparatively low 
pyrite sulfur concentrations, leading to high C/S ratios compared to pre-Silurian normal marine 
values (Fig. 2.8; Raiswell and Berner, 1986). These data suggest that bottom waters in 
Environment II may have been anoxic (leading to enhanced preservation of organic carbon), yet 
BSR—and thus pyrite formation—was limited by sulfate availability. This could be caused by 
the influx of freshwater into proximal areas of the epeiric sea, although lower seawater sulfate 
concentrations in the Proterozoic compared to today (Shen et al., 2003; Kah et al., 2004; Kah and 
Bartley, 2011) may have also contributed to high C/S ratios.   
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Figure 2.8. Plot of TOC versus pyrite sulfur concentration for the Atar and El Mreiti groups. 
Traditionally (Berner, 1984; Berner and Raiswell, 1984; Lyons et al., 2000), this plot has 
been used to distinguish between normal marine deposition (C/S = 2.8 for Holocene 
normal marine; C/S = 0.5 for pre-Silurian normal marine due to the different reactivity of 
organic matter before land plants), freshwater deposition (higher C/S ratios due to lower 
sulfate concentrations), and euxinic deposition (lower C/S ratios due to pyrite enrichment 
from the water column independent of sediment TOC). In our samples, a systematic trend 
towards decreasing C/S ratios is observed as sedimentary environments deepen through 
Environments II and III. This is interpreted to reflect increasing sulfate concentrations 
offshore with freshwater influx leading to sulfate limitation in more proximal settings. 
Iron limitation inhibiting pyrite formation in Environment II could also explain 
high C/S ratios. 
  109 
5.1.3. Environment III 
 Shale deposited in Environment III is characterized by moderate TOC and comparatively 
higher pyrite sulfur concentrations, leading to generally lower C/S ratios than are observed in 
Environment II (Fig. 2.8). C/S ratios in Environment III fluctuate around the pre-Silurian normal 
marine line (Fig. 2.8) with many samples enriched in pyrite sulfur compared to TOC, suggesting 
at least intermittent euxinia. A decrease in C/S ratios from Environment II to Environment III 
(Fig. 2.8) may also reflect, in part, increasing sulfate concentrations from nearshore to offshore 
environments. An offshore increase in sulfate concentration is consistent with estimates of 
Mesoproterozoic seawater sulfate concentrations (1.5 to 4.5 mM; Kah et al., 2004), which 
despite being only 5 to 15% of modern values (28.1 mM; Berner and Raiswell, 1984), still 
greatly exceed typical freshwater sulfate concentrations (~0.1 mM; Bowen, 1979). In addition, 
the lack of evaporite dissolution on land in the Mesoproterozoic (volumetrically significant 
sulfate evaporites are rare prior to 1.3 Ga; Kah et al., 2001) may have resulted in even lower 
concentrations of sulfate in fresh waters. Combined, C/S ratios across the Taoudeni Basin 
suggest that despite low sulfate concentrations in Mesoproterozoic oceans (Shen et al., 2003; 
Kah et al., 2004; Kah and Bartley, 2011), freshwater influx—particularly into epeiric settings 
that may have had limited interchange with open marine environments—may have generated 
substantial onshore-offshore heterogeneities in sulfate availability. Heterogeneous sulfate 
concentrations in shallow water environments may have also driven variability in organic carbon 
remineralization pathways (Gilleaudeau and Kah, 2013a), and the sequestration of bioessential 
trace metals (Gilleaudeau and Kah, 2013b).   
 
  110 
5.2. Iron speciation 
The distribution of iron among biogeochemically reactive mineral phases has emerged as 
a powerful proxy for past redox conditions (Shen et al., 2003; Poulton et al., 2004; Reinhard et 
al., 2009; Johnston et al., 2010; Li et al., 2010; Planavsky et al., 2011). Highly reactive iron 
(FeHR) is defined as the sum of iron phases that are reactive to hydrogen sulfide on early 
diagenetic time scales (iron carbonate, Fecarb; iron oxy-hydroxides, Feox; magnetite, Femag), and 
the product of those reactions—pyrite (Fepy). Iron silicate phases that are inert in the presence of 
hydrogen sulfide during early diagenesis are referred to as poorly reactive or unreactive iron 
(FeU; Lyons and Severmann, 2006). It has been shown empirically that sediments deposited 
under anoxic conditions become enriched in FeHR relative to total iron (FeT) through the 
authigenic addition of highly reactive iron minerals to the sediment (Canfield et al., 1996; Lyons 
and Severmann, 2006; Raiswell and Canfield, 2012). Under these conditions, FeHR/FeT will 
typically exceed 0.38 (Canfield et al., 1996; Raiswell and Canfield, 1998).  
 Identifying which authigenic minerals have been added to the sediment is an additional 
fingerprint for either ferruginous (anoxic and iron-rich) or euxinic (anoxic and sulfidic) 
conditions. Under ferruginous conditions, FeHR is authigenically added to sediments in the form 
of Fecarb, Feox, or Femag. By contrast, under euxinic conditions, FeHR is authigenically added to 
sediments in the form of pyrite, and other highly reactive phases also react with HS- to form 
pyrite during early diagenesis (Berner, 1970; Raiswell et al., 1988). In modern anoxic basins, it 
has been shown that Fepy/FeHR > 0.8 is a reliable fingerprint for deposition under euxinic 
conditions (Raiswell et al., 1988; Lyons and Severmann, 2006), although it has been proposed 
that Fepy/FeHR > 0.7 can be used to indicate euxinic deposition in ancient shales that have 
potentially undergone oxidative weathering of pyrite (Li et al., 2010). Similarly, Fepy/FeHR < 0.8 
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(or 0.7) in anoxic sediments is interpreted to reflect ferruginous depositional conditions. 
 
5.2.1. Environment I 
 Iron speciation on shale deposited in Environment I reveals dominantly oxic conditions 
(FeHR/FeT < 0.38 and Fepy/FeHR < 0.7) with one sample recording ferruginous conditions (Fig. 
2.4). Although the highly reactive iron pool is small, it is composed mainly of iron oxides and 
magnetite (Fig. 2.3), suggesting that oxygen-deficient pore waters would have been characterized 
by Fe2+ solubility (perhaps from bacterial iron reduction) and not BSR. Such an environment 
could result from either sulfate limitation in freshwater-influenced nearshore settings, as high 
C/S ratios would suggest, or from limited organic carbon availability for BSR (TOC < 0.7 wt.%; 
Fig. 2.5). Fe2+ solubility in pore waters is consistent with high degrees of iron substitution in 
carbonate phases deposited in Environment I (Gilleaudeau and Kah, 2013a).  
 
5.2.2. Environment II 
 Iron speciation on shale deposited in Environment II suggests redox conditions that 
fluctuated between oxic (FeHR/FeT < 0.38 and Fepy/FeHR < 0.7) and euxinic (FeHR/FeT > 0.38 and 
Fepy/FeHR > 0.7) (Figs. 2.3, 2.4, 2.5). Many samples from Environment II also exhibit a relatively 
unusual iron speciation signal wherein the majority of highly reactive iron is pyrite yet the total 
iron pool is still dominated by unreactive silicate phases (FeHR/FeT < 0.38 and Fepy/FeHR > 0.7; 
Fig. 2.4). We refer to such samples as “pyrite production-limited” or “PPL” (Fig. 2.4) because 
they represent environments where hydrogen sulfide was present (leading to the sulfidization of 
highly reactive iron phases), yet pyrite formation was limited so that pyrite only constitutes a 
small portion of the total sedimentary iron pool. It has been suggested that a PPL iron speciation 
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signal represents pyrite formation from euxinic pore waters beneath an oxic water column (Li et 
al., 2010). In this scenario, Environment II would reflect environments that fluctuated between 
an oxic water column with intermittently euxinic pore waters, and a euxinic water column (Fig. 
2.4). This suggests deposition at or near the paleochemocline between oxic surface waters 
(represented by Environment I) and deeper euxinic waters. High frequency stratigraphic 
variability in iron speciation (Figs. 2.3, 2.5) also suggests that the position of the chemocline was 
subject to frequent vertical fluctuation, likely resulting from small-scale changes in sea level that 
influenced the degree of advective mixing in these epeiric settings.  
 
5.2.3. Environment III  
 Shale samples from Environment III have both PPL and euxinic iron speciation signals, 
with only a handful of samples (6 of 108 total samples) exhibiting a clearly oxic signal (Fig. 2.4). 
The onset of Environment III in unit I-4 is defined as the point at which physical indication of 
wave energy is lost. This transition is gradational, and Environment III shales that record an oxic 
iron speciation signal are confined stratigraphically to this transitional zone (Fig. 2.6). This 
suggests that the position of the chemocline may have been controlled by wave base in 
pericratonic environments. High frequency stratigraphic fluctuation between a PPL and euxinic 
iron speciation signal characterizes the rest of unit I-4 (above the transition; Fig. 2.6), suggesting 
that the position of the chemocline was subject to frequent vertical fluctuation—perhaps 
resulting from small-scale changes in sea level that influenced the position of wave base. By 
contrast, unit I-5 is characterized by a persistently euxinic iron speciation signal, which suggests 
deposition predominantly below the chemocline from a euxinic water column (Figs. 2.4, 2.6).   
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5.3. FeT/Al ratios in the Atar/El Mreiti Group 
In addition to iron speciation, the ratio of total iron to aluminum in shale can also be used 
to infer past redox conditions (Lyons et al., 2003; Lyons and Severmann, 2006; Raiswell et al., 
2011). The FeT/Al ratio of average shale is approximately 0.5 (Taylor and McLennan, 1985), 
with a mean FeT/Al ratio of 0.53 ± 0.11 reported for Paleozoic normal marine shale (Raiswell et 
al., 2008). Sediments deposited from an anoxic water column commonly show elevated FeT/Al 
ratios resulting from authigenic enrichment of reactive iron that is decoupled from local 
siliciclastic influx—a process only known to occur under anoxic conditions (Lyons and 
Severmann, 2006). Enrichment in total iron relative to aluminum is pervasive in modern anoxic 
basins (e.g., the Black Sea, Orca Basin, Effingham Inlet, and Cariaco Basin; Lyons et al., 2003; 
Lyons and Severmann, 2006). In ancient settings, the baseline FeT/Al ratio of siliciclastic influx 
is often established by averaging only those samples deposited under oxic conditions (as 
evidenced by FeHR/FeT < 0.38), with samples deposited under anoxic conditions often exhibiting 
FeT/Al ratios that are elevated above this oxic baseline (e.g., Kendall et al., 2009; Gill et al., 
2011).  
Shale from Environment I records FeT/Al ratios similar to average shale values of 0.5 
(Taylor and McLennan, 1985; Fig. 2.9A), which is consistent with deposition from an oxic water 
column without authigenic iron enrichment. By contrast, Environment II shales are characterized 
by a wider range of FeT/Al ratios, with the majority of samples falling below average shale 
values (Figs. 2.9B, C). In the En Nesoar and Touirist formations (Environment II), samples with 
FeHR/FeT < 0.38 have an average FeT/Al ratio of 0.26, with euxinic samples (FeHR/FeT > 0.38 and 
Fepy/FeHR > 0.7) showing enrichment in total iron above this baseline (Fig. 2.9B). A similar trend 
is observed in Environment III, where shale samples with FeHR/FeT < 0.38 have an average
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Figure 2.9. Total iron plotted versus aluminum for the Atar and El Mreiti groups. (A) In the 
Aguelt el Mabha Formation (Environment I), oxic samples have similar FeT/Al ratios as 
average oxic shale (Taylor and McLennan, 1985; Raiswell et al., 2008). (B) In the En 
Nesoar and Touirist formations (Environment II), oxic and PPL shale has a 
substantially lower average FeT/Al ratio (0.26) than average oxic shale. Euxinic samples 
then show iron enrichment above this baseline. Shale from Environment II is finer-grained 
than shale from Environment I, and the preferential concentration of aluminum in the clay-
sized sediment fraction is the most likely explanation for lower FeT/Al ratios of oxic shale 
in Environment II. (C, D) A similarly low oxic and PPL FeT/Al baseline is 
observed in the Atar Group, as well (0.27). Shale from Environment III is also clay-rich 
compared to Environment I, likely explaining lower baseline FeT/Al values for oxic shale. 
Euxinic samples from units I-4 and I-5 generally show enrichment above this baseline, yet 
some oxic and PPL samples from unit I-4 exhibit loss of iron below this baseline. 
This is tentatively attributed to iron reduction and export to the water column, which is seen 
in modern oxic shelf sediments (Lyons and Severmann, 2006). 
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FeT/Al ratio of 0.27, substantially lower than average oxic shale (Figs. 2.9C, D).  
Consistently lower than average FeT/Al ratios for oxic shale in Environments II and III 
suggests lower FeT/Al ratios for siliciclastic influx in these two environments compared to 
Environment I. This could result from different sediment source regions between environments, 
but limited detrital zircon (Nicoll, 2010) and rare-earth element (unpublished results; see 
Appendix II) data suggest that sediment source composition was consistent through deposition of 
the Atar and El Mreiti groups. Environment I does differ from Environments II and III, however, 
in average grain size, with a greater abundance of quartz silt characteristic of Environment I. 
Because aluminum is preferentially concentrated in the clay-sized fraction of siliciclastic 
sediment (Nesbitt et al., 1996; Mishra and Sen, 2011), we suggest that lower FeT/Al baseline 
values for Environments II and III (compared to Environment I) are related to higher clay 
content of siliciclastic influx. Regardless of these lower baseline values, euxinic samples 
(FeHR/FeT > 0.38 and Fepy/FeHR > 0.7) from both Environments II and III are generally enriched 
in total iron relative to the baseline (Figs. 2.9B, C, D), supporting authigenic pyrite enrichment 
under euxinic conditions.   
Some oxic shale samples from the transition between Environments II to III (unit I-4) 
plot below the baseline of siliciclastic influx on the FeT/Al crossplot (Fig. 2.9C). We 
speculatively attribute these low iron contents to iron remobilization during early oxic 
diagenesis, as is observed in modern oxic shelf sediments (cf. Canfield et al., 1996; Raiswell and 
Canfield, 1998; Wigsman et al., 2001; Anderson and Raiswell, 2004). 
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5.4. Pyrite sulfur isotopes 
The isotopic composition of sulfur in both sedimentary sulfates (gypsum, barite, and 
carbonate-associated sulfate; Staudt and Schoonen, 1995) and sulfides (pyrite) has been used to 
infer past changes in Earth’s biogeochemical cycles. The sulfate ion (SO42-) is generated from 
oxidative weathering of terrestrial sulfide minerals, and—once delivered to the ocean—can be 
reduced to sulfide through bacterial sulfate reduction (BSR) and buried in sediments as pyrite. 
BSR imparts a strong isotopic fractionation between seawater sulfate and resulting sulfide (up to 
46‰; Canfield and Teske, 1996), although the magnitude of this fractionation preserved in the 
geologic record is controlled by the availability sulfate (Canfield, 2001). Pyrite generated under 
conditions of extreme sulfate limitation (<1 mM; Canfield, 2001) records isotopic compositions 
that converge with the composition of seawater sulfate (~20‰ in the modern ocean; Burdett et 
al., 1989; Longinelli, 1989; Strauss, 1997). BSR under high sulfate conditions, however, can 
produce pyrite with strongly depleted isotopic values compared to seawater sulfate. The addition 
of microbial disproportionation and production of intermediate sulfur species can impart even 
greater isotopic fractionation (>46‰; Canfield and Thamdrup, 1994; Johnston et al., 2005a). 
Whereas pyrite δ34S values can be used as a proxy for sulfate concentration and the local 
intensity of BSR, which can only occur under anoxic conditions, long-term trends in the isotopic 
composition of both sedimentary sulfate and sulfide reflect pyrite burial rates and the global 
extent of euxinic conditions (Kah et al., 2004; Hurtgen et al., 2005; Planavsky et al., 2012; 
Thompson and Kah, 2012).  
 
 
 
  117 
5.4.1. Environment I 
 Shale from Environment I (Figs. 2.6, 2.7) records generally positive pyrite δ34S values 
(6.4 to 19.1‰) that indicate relatively limited fractionation from seawater sulfate (15-35‰ in the 
late Mesoproterozoic; Kah et al., 2004; Chu et al., 2007). Such positive values suggest pyrite 
formation under sulfate-limited conditions, which is consistent with C/S ratios that suggest 
potential sulfate limitation from freshwater influx. Isotopic fractionation during BSR is 
suppressed when sulfate concentrations fall below ~1 mM (Canfield, 2001). If we assume that 
Mesoproterozoic seawater sulfate concentrations were 2.5 mM (Kah et al., 2004), and freshwater 
concentrations were similar to modern values (0.1 mM; Bowen, 1979), mass balance calculations 
indicate that freshwater would need to contribute ~60% of total water volume to produce sulfate 
concentrations of 1 mM, and thus suppressed isotopic fractionation. Under an oxic water column, 
however—as iron speciation data would suggest for Environment I (Fig. 2.4)—BSR would have 
been restricted to substrate pore fluids. If exchange with the overlying water column was limited, 
sulfate concentrations could have become depleted in pore waters, leading to suppressed isotopic 
fractionation during BSR even if water column sulfate concentrations were >1 mM.  
 
5.4.2. Environment II 
 Shale from Environment II records pyrite δ34S values that are highly variable (-22.9 to 
19.8‰) in (Figs. 2.6, 2.7), which is consistent with iron speciation evidence that suggests 
deposition at or near the paleochemocline. A rapidly fluctuating chemocline could cause 
substantial variability in both sulfate supply and the intensity of water column BSR (cf. Weber et 
al., 2001), thus driving greater isotopic variability. Additionally, in some modern euxinic basins 
(e.g., Zopfi et al., 2001; Werne et al., 2003; Klepac-Ceraj et al., 2012), large degrees of isotopic 
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fractionation between sulfate and sulfide are produced at the chemocline through microbial 
disproportionation of intermediate sulfur species such as sulfite (SO32-) and elemental sulfur (S0; 
Canfield and Thamdrup, 1994; Johnston et al., 2005a). Isotopic evidence from 33S (Johnston et 
al., 2005b) indicates that microbial sulfur disproportionation was an active part of Earth’s sulfur 
cycle by 1.3 Ga. We would therefore expect disproportionation of intermediate sulfur species to 
be prevalent across shallow redox boundaries in the late Mesoproterozoic. This hypothesis is 
supported by the larger degree of fractionation recorded at the chemocline (Environment II) than 
in sections deposited both above (Environment I) and below (Environment III) the chemocline 
(Fig. 2.7).  
 
5.4.3. Environment III 
 Shale from Environment III records pyrite δ34S values that are generally positive (-4.8 to 
31.6‰; Fig. 2.7), with a stratigraphic increase recorded through the upper portion of unit I-4 
above the transition from Environment II to Environment III (Fig. 2.6). This is consistent with 
iron speciation evidence that suggests a transition in Environment III from deposition near the 
chemocline—where greater isotopic variability is observed—to deposition from a persistently 
euxinic water column below the chemocline. Positive pyrite δ34S values in shale deposited below 
the chemocline (unit I-5) suggest that rates of BSR often exceeded sulfate renewal rates in the 
offshore euxinic water column, driving pyrite δ34S values close to those of seawater sulfate (cf., 
Kah et al., 2004; Gellatly and Lyons, 2005; Chu et al., 2007).  
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5.5. Trace metal concentrations 
Redox-sensitive trace metals (Mo, V, and Zn) are liberated from continental crust during 
oxidative weathering and delivered to the oceans via rivers, where they are generally soluble 
under oxygenated conditions (Emerson and Huested, 1991; Lyons et al., 2009). Under euxinic 
conditions, however, reduced metals are sequestered in sediments along with organic matter and 
authigenic sulfide minerals (Helz et al., 1996; Morford and Emerson, 1999; Erickson and Helz, 
2000; Tribovillard et al., 2004). Metal concentrations can therefore be used as a local redox 
proxy, where high sediment metal concentrations reflect deposition under euxinic conditions 
(Tribovillard et al., 2006; Lyons et al., 2009). Additionally, because shale deposited in euxinic 
environments is known to effectively strip Mo, V, and Zn from the water column, metal 
concentrations in open ocean euxinic shales provide a first order approximation of seawater 
metal concentrations (Lyons et al., 2009). Seawater metal availability is controlled by—and thus 
used as a proxy for—the global extent of seafloor euxinia (e.g., Scott et al., 2008; 2012; Sahoo et 
al., 2012; Gilleaudeau and Kah, 2013b). 
By contrast, Mn is soluble under anoxic conditions and is often depleted in euxinic 
sediments (Calvert and Pedersen, 1993; Brumsack, 2006). Although Mn-sulfide supersaturation 
occurs in some modern euxinic basins (e.g., the Black Sea; Lewis and Landing, 1991), Mn is 
often enriched at the interface between oxic and anoxic waters as the chemocline impinges on 
the seafloor (Lyons and Severmann, 2006; Lyons et al., 2009), when Mn2+ in solution below the 
chemocline comes in contact with oxygenated surface waters with lower Mn solubility (Force 
and Cannon, 1988). High sediment Mn concentrations can thus be indicative of deposition near a 
redox boundary (Calvert and Pedersen, 1996; Morford et al., 2001).  
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5.5.1. Environment I 
 Low Mo and V concentrations in shale of Environment I (Fig. 2.6) are consistent with 
iron speciation data that suggest a well-oxygenated water column and extreme sulfate limitation 
in pore waters. Zn and Mn concentrations (Fig. 2.6; Table 2.2) are also similar to or below 
average shale values (Taylor and McLennan, 1985), supporting deposition in Environment I 
above the chemocline, under well-oxygenated conditions. 
 
5.5.2. Environment II 
 Highly variable Mo, V, and Zn concentrations in shale of Environment II (Fig. 2.6; Table 
2.2) are consistent with iron speciation and sulfur isotope data that suggests deposition at or near 
the chemocline, where hydrogen sulfide was only intermittently present in the water column. Mn 
concentrations are also variable, but generally elevated above values from both Environments I 
and III (Fig. 2.6). This is consistent with a vertically fluctuating chemocline that impinged on the 
seafloor in Environment II, resulting in Mn enrichment in sediments at the redox boundary.   
 
5.5.3. Environment III 
 Mo, V, and Zn concentrations in shale of Environment III are generally lower than 
average shale values (Fig. 2.6; Table 2.2). This is inconsistent with iron speciation data that 
suggest deposition in Environment III from an intermittently to persistently euxinic water 
column (Fig. 2.4), where trace metals would be expected to be strongly sequestered in sediments 
if they were available (Erickson and Helz, 2000; Tribovillard et al., 2004). Low trace metal 
concentrations in euxinic shales have been documented extensively in Proterozoic successions, 
however, and are often attributed to seawater trace metal drawdown within expanded deep water 
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euxinic environments (Algeo, 2004; Scott et al., 2008; Och and Shields-Zhou, 2012; Sahoo et al., 
2012). By contrast, Gilleaudeau and Kah (2013b) proposed that low metal concentrations in the 
euxinic water column of Environment III might directly reflect metal drawdown in more 
proximal areas of the epeiric sea (i.e., in Environment II). Low Mo, V, and Zn concentrations in 
Environment III are thus interpreted to reflect low water column metal availability. By contrast, 
low Mn concentration in shale of Environment III (Fig. 2.6) is consistent with deposition below 
the chemocline where Mn often remains in solution (Brumsack, 2006).  
 
6. Discussion 
6.1. Summary of observations from the Taoudeni Basin 
 Combined, carbon-sulfur, iron speciation, pyrite sulfur isotope, and trace metal data 
suggest a heterogeneous and dynamic redox environment across the epeiric sea that bathed the 
West African craton at 1.1 Ga (Fig. 2.10). In the most nearshore environments examined in this 
study (Environment I), the water column was pervasively oxygenated and trace amounts of 
pyrite formed in sulfate limited pore fluids. Freshwater influx drove sulfate limitation, which 
allowed iron to be reduced in sediment pore waters—likely through bacterial iron reduction—
and released to the overlying water column. This scenario is consistent with elevated iron 
substitution in carbonate deposited in Environment I (Gilleaudeau and Kah, 2013a). Sulfate 
limitation also resulted in isotopic depletion of dissolved inorganic carbon (DIC) in these 
nearshore environments (2-4‰; Gilleaudeau and Kah 2013a). In the absence of BSR, 
methanogenesis may have become the dominant agent of organic carbon remineralization in the 
anoxic substrate. In this scenario, microbial methane with an exceptionally light carbon isotopic 
signature (-50 to -70‰; Rudd and Taylor, 1980) could then be oxidized back into the DIC pool, 
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Figure 2.10. Generalized cross-section from shallow to deeper water environments. The 
chemocline between oxic surface waters and deeper euxinic waters intersected the seafloor 
in the craton interior (Environment II) and was subject to frequent vertical fluctuation. 
Sulfate concentrations were variable across the craton because of freshwater 
influx, and shelf to basin iron shuttling was often inefficient. Redox-sensitive trace metals 
were sequestered in variably euxinic sediments of Environment II, leading to low water 
column metal concentrations offshore (Gilleaudeau and Kah, 2013b). 
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driving isotopic depletion in nearshore environments (Gilleaudeau and Kah, 2013a). Combined, 
our data from Environment I suggest that heterogeneous sulfate concentrations had the potential 
to drive substantial spatial differences in shallow water geochemical cycling.  
 More distal epicratonic settings of Environment II were characterized by rapidly 
fluctuating redox conditions and impingement of the chemocline on the seafloor (Fig. 2.10). As 
the vertical position of the chemocline fluctuated—likely due to small-scale changes in sea 
level—variability in sulfate supply and the intensity of water column BSR resulted in variable 
isotopic fractionation between sulfate and sulfide. In addition, the larger degree of isotopic 
fractionation recorded at the chemocline (Environment II) than in sections deposited both above 
(Environment I) and below (Environment III) the chemocline (Fig. 2.7) suggests that a dynamic 
oxidative-reductive sulfur cycle operated at this redox boundary. Microbial sulfur 
disproportionation drives large isotopic fractionations at the chemocline in many modern euxinic 
basins (Zopfi et al., 2001; Werne et al., 2003; Klepac-Ceraj et al., 2012). We suggest that, after 
the onset of sulfur disproportionation at ~1.3 Ga (Johnston et al., 2005b), shallow redox 
boundaries in the late Mesoproterozoic would have been subject to a similar style of sulfur 
cycling.  
Pyrite δ34S data from Environment II also allow us to explore PPL iron speciation values 
(FeHR/FeT < 0.38 and Fepy/FeHR > 0.7; Fig. 2.4) in the context of sulfate availability. If PPL iron 
speciation values represent pyrite formation from euxinic pore waters below an oxic water 
column (e.g., Li et al., 2010), limited exchange of sulfate between substrate pore fluids and the 
overlying water column would substantially limit sulfate availability, resulting in more positive 
pyrite δ34S values than pyrite formed in the water column. In Environment I, iron speciation 
suggests pyrite formation from pore fluids beneath an oxic water column (FeHR/FeT < 0.38), and 
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pyrite δ34S values are generally positive (Figs. 2.4, 2.7). There is little relationship in 
Environment II, however, between iron speciation (FeHR/FeT) and pyrite δ34S values. Samples 
with PPL iron speciation signals record a similar range of positive to negative pyrite δ34S values 
as euxinic samples where pyrite formed in the water column (Fig. 2.7). PPL iron speciation 
values thus represent pyrite formation that is limited by something other than sulfate availability.  
We can also rule out organic carbon as a potential limiting factor to BSR—and thus 
pyrite formation—because shales from Environment II are generally organic-rich regardless of 
their iron speciation signal. We suggest, then, that iron availability may have been the limiting 
factor in pyrite formation in Environment II, and that PPL iron speciation values do not require 
pyrite formation to be confined to euxinic pore waters beneath an oxic water column. In modern 
euxinic basins, the efficiency of iron shuttling from the oxic shelf to the euxinic basin—and thus 
the degree of sediment pyrite enrichment—is largely controlled by the areal ratio of oxic source 
to euxinic sink (Anderson and Raiswell, 2004; Lyons and Severmann, 2006; Lyons et al., 2009). 
In late Mesoproterozoic epeiric seas where pore water euxinia characterized vast expanses of 
exceptionally flat seafloor (Blumenberg et al., 2012; Gilleaudeau and Kah, 2013b), we suggest 
that low areal source to sink ratios could have severely inhibited the benthic iron shuttle. 
Additionally, small-scale changes in sea level across flat epeiric slopes could substantially alter 
the areal ratio of oxic source to euxinic sink, resulting in substantial variability in the efficiency 
of iron shuttling through time. This process would operate independently of local sulfur cycling 
(explaining the poor relationship between FeHR/FeT and pyrite δ34S), and likely controlled the 
degree of pyrite enrichment in Environment II. Iron limitation in Environment II could also 
potentially explain high C/S ratios in samples where negative pyrite δ34S values do not support 
sulfate limitation (Figs. 2.7, 2.8).   
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Environment II shales are also characterized by exceptionally high TOC (up to 15.3 
wt.%; Figs. 2.6, 2.8), which reflects enhanced productivity (Blumenberg et al., 2012). In modern 
marine settings, primary productivity can be limited by both iron (Geider and La Roche, 1994) 
and trace metal (Morel et al., 1991) availability because iron and trace metals play a critical role 
in nitrogen fixation by cyanobacteria and nitrate assimilation by eukaryotes (Howard and Rees, 
2006; Glass et al., 2009). We suggest that periodic delivery of iron and trace metals from 
onshore areas (as evidenced by variable sediment enrichment in pyrite, Mo, V, and Zn; Fig. 2.6; 
Table 2.2) could have driven periods of enhanced nitrogen fixation and cyanobacterial 
productivity in Environment II. High hopane abundances in Environment II shales support this 
hypothesis by suggesting that primary productivity was ultimately nitrogen limited in the 
Taoudeni Basin (Blumenberg et al., 2012). By contrast, productivity would have been inhibited 
below the chemocline (Environment III) by metal limitation (Gilleaudeau and Kah, 2013b).  
In the most distal settings examined in this study (Environment III), redox conditions 
transitioned from intermittently to persistently euxinic. Pyrite sulfur isotopes suggest that rates of 
BSR often exceeded sulfate renewal rates in the offshore euxinic water column (Figs. 2.6, 2.7). 
Inefficient shelf to basin iron shuttling would also be expected to be most apparent in 
Environment III because it was most distal to iron sourcing from oxic environments in the craton 
interior. Instead, the most distal settings of Environment III (unit I-5) were not pyrite production-
limited (Fig. 2.4), suggesting higher Fe2+ availability offshore. This could result from the 
proximity of Environment III to a secondary iron source—such as Fe2+ released from the 
substrate in Environment II or deeper ferruginous waters that dominated the deep oceans in the 
Mesoproterozoic (Planavsky et al., 2011). 
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6.2. The Taoudeni Basin in a global context 
 The data presented in this study bridge a substantial gap in redox proxy data from the late 
Mesoproterozoic (cf. Scott et al., 2008; Planavsky et al., 2011). Additionally, previous 
Proterozoic iron speciation studies have focused largely on deep basinal shales (Johnston et al., 
2010; Planavsky et al., 2011; Poulton and Canfield, 2011), which examine an entirely different 
portion of the Proterozoic water column. Shen et al. (2003), however, presented iron speciation 
and pyrite sulfur isotope data from a shelf to basin transect of the 1.4 Ga Roper Basin, Australia, 
that bear striking resemblance to the data presented in this study (Fig. 2.11), suggesting that 
spatially heterogeneous redox conditions were a common feature of shallow Mesoproterozoic 
environments.  
 In the Roper Basin, inner shelf samples have a largely oxic iron speciation signal, distal 
shelf samples have both oxic and PPL signals, and basinal shale reveals both PPL and euxinic 
conditions (Shen et al., 2003; Fig. 2.11). This is similar to the iron speciation trend seen from 
Environment I to Environment III of the Taoudeni Basin (this study; Fig. 2.11), even though the 
two basins may record different water depths associated with these depositional settings. In the 
Proterozoic ocean, the spatial distribution of redox environments was likely controlled by the 
depth of wave mixing, which may be >100 meters in open ocean settings (de Boyer Montégut, 
2007) such as the Roper Basin (Abbott and Sweet, 2000). In epeiric settings such as the 
Taoudeni Basin, however, the depth of physical mixing can be substantially reduced (Irwin, 
1965; Allison and Wells, 2006). This likely drove the chemocline to substantially shallower 
depths in epeiric settings of the Proterozoic compared to their open ocean counterparts 
(Gilleaudeau and Kah, 2013a). Despite this influence of basin geometry, a PPL iron speciation 
signal characterizes deposition at intermediate water depths in both the Taoudeni and Roper
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Figure 2.11. Iron speciation cross plot (FeHR/FeT versus Fepy/FeHR) for all samples from 
this study (left) and samples from the 1.4 Ga Roper Basin, Australia (right; data from Shen 
et al., 2003). FeHR/FeT > 0.38 (dashed vertical line is at 0.38) has been shown empirically 
to be diagnostic of deposition under anoxic conditions. Similarly, for anoxic samples, 
Fepy/FeHR > 0.8 (or >0.7; Li et al., 2010) is diagnostic of euxinic conditions, and values 
<0.8 (or <0.7; Li et al., 2010) are indicative of iron-rich (ferruginous) conditions. Horizontal 
dashed lines are at 0.7 and 0.8. Deepening of environments across the Tauodeni Basin is 
accompanied by a shift from an oxic to pyrite production-limited to euxinic iron speciation 
signal. A similar trend is seen from inner shelf to basinal samples in the Roper Group, 
suggesting that this pattern is characteristic of shallow water deposition in the 
Mesoproterozoic.
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basins. This suggests that inhibited shelf to basin iron shuttling may have been a common feature 
of Mesoproterozoic environments—contributing to the characteristic iron speciation signal 
observed in both basins (Fig. 2.11). Both basins also record the coexistence of oxic and euxinic 
conditions in relatively shallow water with substantial chemical heterogeneity persisting in both 
time and space. This heterogeneity reflects low levels of atmospheric oxygen (Kah et al., 2004; 
Brocks et al., 2005; Kah and Bartley, 2011) and reduced mixing in expanded epeiric seas during 
the Mesoproterzoic (Kah et al., 2012; Gilleaudeau and Kah, 2013a; b).  
The primary difference between data from the Taoudeni and Roper basins is that, in the 
Roper Basin, pyrite δ34S values record a systematic decrease from shallow to deep water (Shen et 
al., 2003), whereas the lowest pyrite δ34S values in the Taoudeni Basin are found in the section 
deposited at the chemocline (Environment II) with higher values found in both shallower and 
deeper water settings (Fig. 2.7). This difference in offshore pyrite δ34S values suggests a 
difference between the two basins in the relative rates of BSR and sulfate renewal. In 
Environment III of the Taoudeni Basin, BSR outpaced sulfate renewal—potentially reflecting the 
influence of freshwater across the entire flooded craton—resulting in pyrite δ34S values similar 
to those of seawater sulfate (Kah et al., 2004; Gellatly and Lyons, 2005; Chu et al., 2007). In 
basinal environments of the Roper Group, however, BSR was not sulfate limited, potentially 
reflecting more open marine sulfate concentrations. In addition, the absence of microbial sulfur 
disproportionation prior to 1.3 Ga (Johnston et al., 2005b) could have limited the degree of 
isotopic fractionation observed at the chemocline in the Roper Basin. Ultimately, sulfur isotopic 
differences between the Taoudeni and Roper basins highlight how heterogeneous sulfate 
concentrations can exert substantial control on basin redox conditions.   
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6.3. Implications for shallow ocean habitability 
Heterogeneous redox conditions in the shallow oceans may have had fundamental 
implications for the evolution of early eukaryotes. In fact, paleontological data suggest 
substantial heterogeneity, with some nearshore environments supporting eukaryotic (and even 
multicellular) alga (Woods et al., 1998; Butterfield, 2000; Porter, 2004; Knoll, 2006), whereas 
similar environments from other basins reveal a distinct absence of eukaryotic remains (Brocks 
et al., 2005; Blumenberg et al., 2012). Additionally, the Mesoproterozoic acritarch record reveals 
a distinct onshore-offshore trend, with abundance and diversity decreasing sharply in offshore 
environments (Buick and Knoll, 1999; Javaux et al., 2001; 2003; 2004). We suggest that a 
relatively small increase in biospheric oxygen in the late Mesoproterozoic (Kah et al., 2001; 
2004; Johnston et al., 2005b) led to increased marine sulfate and increased delivery of nutrients 
to the marine system (Anbar and Knoll, 2002; Kah and Bartley, 2011). Elevated sea level and 
expansion of epeiric seas then drove an increase in the variability of redox conditions in shallow 
water environments. Variable shallow water redox conditions could have impacted eukaryotes 
via hydrogen sulfide toxicity (e.g., Kump et al., 2005), and by stripping the water column of 
redox-sensitive metals, which would act to limit the production and assimilation of bioavailable 
nitrogen (Anbar and Knoll, 2002; Scott et al., 2008; Glass et al., 2009; Gilleaudeau and Kah, 
2013b) among other critical cell functions (Rosenzweig, 2002; Andreini et al., 2008; Dupont et 
al., 2010).   
 
7. Conclusions 
 This study provides the first multiproxy look at redox cycling in epeiric environments of 
the late Mesoproterozoic. The most nearshore environments examined were characterized by an 
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oxygenated water column and sulfate limitation from freshwater influx. The chemocline between 
oxic surface waters and deeper euxinic waters intersected the seafloor deep in the interior of the 
flooded craton, however, suggesting that euxinic conditions (at least within pore waters) 
characterized a large majority of the epeiric sea. This could have severely limited the shuttling of 
iron to offshore areas because the efficiency of the benthic iron shuttle is controlled by the areal 
ratio of oxic source to euxinic sink (Anderson and Raiswell, 2004; Lyons and Severmann, 2006; 
Lyons et al., 2009). Iron limitation is reflected in our dataset by the “pyrite production-limited” 
iron speciation signal, wherein the majority of highly reactive iron is pyrite yet the total iron pool 
is still dominated by unreactive silicate phases (Fig. 2.4). Similar iron speciation compositions 
are observed at intermediate water depths in the 1.4 Ga Roper Basin, Australia (Shen et al., 
2003), suggesting that inhibited shelf to basin iron shuttling may have been common in shallow 
Mesoproterozoic environments. Additionally, the chemocline in the Taoudeni Basin was subject 
to frequent vertical fluctuation—perhaps related to small-scale changes in sea level—as well as a 
dynamic oxidative-reductive sulfur cycle that drove a greater degree of isotopic fractionation 
between sulfate and sulfide at the chemocline than is observed both above and below the 
chemocline. Environments near the craton edge were characterized by frequent water column 
euxinia and deposition below the chemocline, wherein bacterial sulfate reduction (BSR) often 
depleted available sulfate. 
Combined, these data suggest highly heterogeneous redox conditions and a shallow 
chemocline in late Mesoproterozoic epeiric seas. Redox variability and frequent euxinia in 
shallow water could have severely restricted the zone of habitability for early eukaryotes—a 
hypothesis that is consistent with their patchy and spatially restricted fossil record in 
Mesoproterozoic successions. Whereas permanently anoxic deep oceans certainly had an affect 
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on global chemical cycling (Anbar and Knoll, 2002; Rothman et al., 2003; Buick, 2007), we 
suggest that the transient nature of shallow ocean redox was a more direct impediment to 
eukaryotic evolution in the Mesoproterozoic. Redox heterogeneity is also consistent with the 
global carbon and sulfur isotope record that suggests mildly increasingly surface oxygen levels 
in the late Mesoproterozoic (Kah et al., 1999; 2001; 2004; Johnston et al., 2005b; Parnell et al., 
2010). Increased delivery of sulfate and nutrients to the marine system as a response to 
oxygenation (Anbar and Knoll, 2002) may have enhanced primary productivity and BSR in 
nearshore environments, driving increased euxinia in globally expanded epeiric seas.  
Overall, our data support an emerging picture of the late Mesoproterozoic as a world in 
transition where subtle increases in surface oxygen levels may have sparked initial eukaryotic 
diversification, but increased redox heterogeneity in shallow water—perhaps exacerbated by 
high sea levels and extensive epeiric seas—severely restricted the zone of habitability for early 
eukaryotic organisms. Ultimately, this study is the first to directly examine redox conditions in 
late Mesoproterozoic epeiric seas, and the data presented here provide rare insight into the 
chemical workings of the global ocean during a critical juncture in Earth’s biogeochemical 
evolution.  
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Abstract 
Molybdenum is a bioessential micronutrient whose abundance in the global oceans may 
have played a primary role in evolution of the Earth’s nitrogen cycle and, ultimately, in the 
timing of the ecologic expansion of early eukaryotes. Because molybdenum (Mo) is delivered to 
the ocean under conditions of oxic weathering and is removed in suboxic and euxinic 
environments, the concentration of Mo in the oceans reflects a complex function of global redox 
and the hydrologic conditions that influence the areal extent of euxinic sedimentation. Recent 
compilations of Mo within euxinic shales (Scott et al., 2008; Och and Shields-Zhou, 2012; Sahoo 
et al., 2012) indicate that the oceanic reservoir of Mo did not rise substantially above crustal 
values until the Great Oxidation Event (~2.3 Ga), and a modern Mo cycle did not develop until 
the contraction of ocean euxinia in the latest Proterozoic.  
At present, a paucity of data from euxinic shales of the late Mesoproterozoic (1.3 to 1.0 
Ga) limits our ability to relate marine redox evolution to biological innovation during a critical 
interval of eukaryotic development. Here we present data from marine shales of the 1.1 Ga Atar 
and El Mreiti groups, Mauritania, which were deposited during sea level highstand when 
shallow, epeiric seas covered much of the West African craton. Epicratonic strata of the El 
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Mreiti Group were deposited under fluctuating redox conditions around a shallow chemocline (as 
evidenced by iron speciation), and record generally low Mo concentrations (<15 ppm) and 
Mo/TOC ratios (<2 ppm/wt.%), along with a weak covariance between Mo and TOC. By 
contrast, craton margin strata of the coeval Atar Group were deposited under relatively persistent 
euxinic conditions, yet record Mo concentrations largely <1 ppm and show no covariance 
between Mo and TOC. Combined, data suggest that Mo sourced from terrestrial weathering was 
preferentially sequestered in proximal regions of the epeiric sea, and that onshore sequestration 
led directly to critically low Mo concentrations in offshore waters. We suggest that a 
Mesoproterozoic expansion of nearshore euxinia (at least in pore waters) within epeiric seas led 
directly to a critical depletion of the global oceanic Mo reservoir. This hypothesis is supported by 
a series of first-order sensitivity tests that estimate the extent to which expansion of epeiric seas 
would have drawn down oceanic Mo concentrations. Ultimately, this study suggests that 
substantial lateral heterogeneities may have limited the availability of bioessential trace metals in 
the Mesoproterozoic oceans, despite evidence for increased biospheric oxygenation. Extreme Mo 
limitation in open oceans environments would have had profound effects on the global nitrogen 
cycle and may help explain observed onshore-offshore patterns in early eukaryotes.  
 
1. Introduction 
Molybdenum (Mo) is the most abundant transition metal in modern seawater with a 
concentration of 105 nM, and a residence time of ~0.8 Ma (Collier, 1985; Emerson and Huested, 
1991). It is liberated from continental crust during oxidative weathering and is delivered to the 
oceans as the stable and conservative molybdate anion (MoO42-) via riverine influx (Emerson 
and Huested, 1991; Lyons et al., 2009). Once reaching the ocean, the three main pathways for 
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Mo removal to marine sediments are largely dictated by redox conditions. Under oxygenated 
conditions, Mo is enriched in sediments in association with Mn-oxyhydroxides at a near constant 
Mo/Mn ratio of 0.002 (Shimmield and Price 1986; Crusius et al., 1996; Tribovillard et al., 2006). 
Despite the dominance of oxic environments in the modern ocean, only 35-50% of Mo removal 
is associated with the Mn-oxide pathway (Scott et al., 2008; Poulson Brucker et al. 2009). In the 
presence of hydrogen sulfide, even at concentrations as low as 10µm, MoO42- is converted to the 
thiomolybdate species (MoS4-xOx2-), and is rapidly sequestered by organic matter and authigenic 
sulfide minerals (Helz et al., 1996; Erickson and Helz, 2000; Tribovillard et al., 2004; Lyons et 
al., 2009; Helz et al., 2011). This more efficient process accounts for ~15% of Mo removal, even 
though water column sulfidic conditions overlie only a small fraction of the modern seafloor 
(<0.1%). The remainder of oceanic Mo removal occurs in suboxic environments, where sulfidic 
conditions are confined to within sediment pore fluids, and a combination of the oxic and sulfidic 
Mo removal pathways can operate along substrate redox gradients (Scott and Lyons, 2012). Mo 
can also be removed from the water column by adsorption to iron oxyhydroxides (Goldberg et 
al., 2009). The effect of this removal mechanism on the global oceanic Mo reservoir is negligible 
today, but may have had greater importance in the Proterozoic when the deep oceans were 
anoxic and potentially iron-rich (cf. Planavsky et al., 2011).   
Because sediments deposited under sulfidic conditions can effectively sequester Mo from 
the water column, the Mo content of ancient euxinic shales has been used as a proxy for both 
past seawater Mo concentrations and the global extent of oceanic euxinia (Scott et al. 2008; 
Wille et al. 2008; Dahl et al., 2011; Kendall et al., 2011; Sahoo et al., 2012). Mo concentration 
data—along with Mo/TOC ratios—have previously been compiled from Precambrian marine 
black shales (Scott et al., 2008; Och and Shields-Zhou, 2012; Sahoo et al., 2012), and in Fig. 3.1 
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Figure 3.1. Compilation of Mo concentrations and Mo/TOC ratios of Precambrian to early 
Cambrian shales. Points represent data accompanied by independent constraint of deposition 
under euxinic conditions (from iron speciation or degree of pyritization), and evidence for 
deposition under open ocean conditions. In cases where full iron speciation data were not 
available, pyrite concentrations exceeding 1 wt.% were considered euxinic. After the Great 
Oxidation Event (GOE), Mo concentrations of <125 ppm suggest modest increase in the 
oxidative delivery of Mo to oceanic systems. Increased biospheric oxygenation in the late 
Mesoproterozoic (Kah and Bartley, 2011) might be expected to increase oxidative delivery 
of Mo to the oceans yet, at present, no Mo concentration data have been reported from 
euxinic basins for this critical interval. Data presented here are from: Anbar et al. (2007); 
Arnold et al. (2004); Dahl et al. (2011); Feng et al. (2010); Guo et al. (2007); Kendall et al. 
(2009; 2010; 2011); Li et al. (2010; 2012); Lyons et al. (2000); Poulton et al. (2004); Sahoo 
et al. (2012); Scott et al. (2008; 2011); Shen et al. (2002; 2003); Siebert et al. (2005).  
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we present a more recent compilation that is restricted to shales deposited under euxinic 
conditions (constrained by previously reported iron speciation data; see section 3.2.2.)  
Our compilation (Fig. 3.1) reveals a broadly three-part division in Mo concentrationthrough the 
Archean and Proterozoic—similar to that reported by Scott et al. (2008). In the Archean, oceanic 
Mo was exceedingly low (similar to average crustal values of 1-2 ppm; Lyons et al., 2009), 
which is commonly attributed to a reduced Mo supply to the oceans in the absence of oxidative 
weathering on land (Anbar and Knoll, 2002; Buick, 2007; Scott et al., 2008; 2011). Oxygen 
levels in the Archean atmosphere are constrained to less than 10-5 times present atmospheric 
levels (Pavlov and Kasting, 2002; Bekker et al., 2004), and may have been appreciably less 
(Hazen et al., 2008), although a ‘whiff of oxygen’ at ~2.5 Ga may have induced a short-lived 
spike in oceanic Mo delivery (Anbar et al., 2007; Duan et al., 2010; Kendall et al., 2010; Scott et 
al., 2011). The Great Oxidation Event (GOE) at ~2.3 Ga (see Holland, 2006) marks the onset of 
widespread oxidative weathering on land, and thus the sustained transfer of transition metals 
from the continental crust to seawater. This is reflected by a jump in the Mo concentration of 
euxinic shales to >50 ppm in some cases (Scott et al., 2008). It has been suggested that enhanced 
Mo delivery to the oceans was sustained in the Paleoproterozoic by the addition of a large 
volume of new crust associated with supercontinent formation at ~1.9 Ga (Parnell et al., 2012). 
Despite a sustained increase in oxidative weathering and delivery of Mo to the oceans, a strongly 
stratified water column and widespread development of oceanic euxinia (Canfield, 1998; Poulton 
et al., 2004; Pufahl et al., 2010) may have stripped large quantities of Mo from marine 
environments, resulting in generally low oceanic Mo through much of the Proterozoic (Scott et 
al., 2008).  
These Mo-limited conditions may have had substantial biospheric implications, as Mo is 
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a bioessential micronutrient that serves as a critical structural component in a variety of enzymes 
used within the nitrogen cycle (see Mendel and Bittner, 2006; Schwarz et al., 2009). In 
particular, nitrate assimilation by eukaryotes is a Mo-demanding process and under Mo-limiting 
conditions, prokaryotes can readily outcompete eukaryotes for bioavailable nitrogen (Glass et al., 
2009), leading to the hypothesis that Mo-limitation in Proterozoic oceans may have played a 
primary role in the delayed evolution of eukaryotes (Anbar and Knoll, 2002; Saito et al., 2003; 
Zerkle et al., 2006; Buick, 2007). Reduced oceanic Mo concentrations persisted until the 
contraction of euxinic environments following late Neoproterozoic (~630 Ma, Sahoo et al., 
2012) glaciation and deep-ocean ventilation—allowing the oceanic Mo reservoir to expand to 
modern levels for the first time in Earth history, and possibly facilitating the marked transition in 
marine primary producers from cyanobacteria to eukaryotic algae through this interval 
(Falkowski et al., 2004; Knoll, 2007).  
The initial expansion of eukaryotic alga, however, appears to have occurred in the mid-
Mesoproterozoic, with diversification of both unicellular and multicellular algal clades 
(Butterfield, 2000; Javaux et al., 2004; Knoll et al., 2006). During this same interval, a stepwise 
increase in C-isotope values of dissolved inorganic carbon (DIC) in the oceans (Kah et al., 1999; 
Kah and Bartley, 2011), expansion of the marine sulfate reservoir (Kah et al., 2001; 2004), and 
widespread deposition of marine gypsum (Whelan et al., 1990; Kah et al., 2001; Kah et al., 2012) 
all suggest an increase in biospheric oxygen and the potential delivery of terrestrial weathering 
products to the marine system (e.g., Kah and Bartley, 2011). Clearly, in order to examine the 
linkage between Mo availability and the early evolution of eukaryotes, data are needed from 
sedimentary successions from within this critical, late Mesoproterozoic interval.  
Here we present new data from both onshore and offshore environments of the late 
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Mesoproterozoic (~1.1 Ga) Atar and El Mreiti groups, Taoudeni Basin, Mauritania. These units 
were deposited when shallow seas flooded much of the West African craton during global sea 
level highstand in the late Mesoproterozoic (Kah et al., 2012). These data allow us, for the first 
time, to examine both oceanic Mo concentrations and the potential for spatial variability in Mo 
availability between epicratonic and pericratonic marine environments. It has been suggested 
(Javaux et al., 2001; Anbar and Knoll, 2002) that the Mesoproterozoic diversification and 
expansion of eukaryotic algae may have been restricted to nearshore environments where Mo 
sourcing from the continents was more readily available, but no studies to date have directly 
explored this hypothesis. In this study, we use iron speciation proxies to constrain environmental 
redox, and use shale concentration data for both Mo and total organic carbon (TOC) to explore 
spatial differences in Mo availability and sequestration across the West African craton. We then 
use a first-order mass balance approach to examine the effects of sea level and environmental 
redox on oceanic Mo availability through this critical juncture in Earth evolution.      
 
2. Geological Setting and Age 
2.1. Generalized stratigraphy of the Taoudeni Basin 
The Taoudeni Basin is an extensive (>1,750,000 km2) intracratonic sedimentary basin 
formed atop the West African craton in present-day Mauritania, Mali and Algeria (Fig. 3.2). 
Crystalline basement rocks are exposed to both the north (Reguibat Shield) and south (Leo-Man 
Shield) of the basin, and consist of deformed Archean amphibolite and quartzo-feldspathic 
gneiss, along with late Paleoproterozoic granitic intrusions (Trompette and Carozzi, 1994; 
Villeneuve and Cornée, 1994; Shofield et al., 2006). Initial sedimentation in the Taoudeni Basin 
is marked by siliciclastic strata of the Char (in Mauritania) and Douik (in Algeria) groups (Benan  
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Figure 3.2. Map of the Taoudeni Basin, West Africa, and generalized stratigraphy of 
Proterozoic sedimentary rocks. Atar and El Mreiti group strata crop out along a NE-SW 
transect through Mauritania, northern Mali, and western Algeria. Pericratonic facies occur 
at both sides of the West African craton, near Atar in the west, and near Grizim in the east. 
Epicratonic facies dominate across the central craton. Samples for this study come from 
drill core retrieved just from north of Atar and just west of El Mreiti. The generalized 
stratigraphic section is characteristic of the better-exposed Atar Group facies, and uses 
stratigraphic nomenclature of the Atar Group (units I-2 to I-13). See section 2.4.2. for 
description and correlation of the El Mreiti Group facies. Figure modified from Kah et al.
(2009; 2012; Gilleaudeau and Kah, 2013).  
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and Deynoux, 1998; Rahmani et al., 2009), which were deposited during a phase of active 
extension. The thickness of these basal siliciclastic units varies dramatically from 0 to >400 
meters in outcrop (Benan and Deynoux, 1998), with even greater thicknesses achieved at depth 
(Rahmani et al., 2009).   
A basinwide unconformity marks the boundary between basal siliciclastic strata of the 
Char Group and the overlying Atar and El Mreiti groups, and reflects the cessation of extensional 
tectonics and formation of a regional peneplain across the West African craton (Bertrand-Sarfati 
and Moussine-Pouchkine, 1988; Benan and Deynoux, 1998). Marine transgression over the West 
African craton then resulted in deposition of lithologically varied siliciclastic and carbonate 
strata of the Atar and El Mreiti groups, whose facies and thickness were controlled 
predominantly by changes in eustatic sea level and regional subsidence rates (Moussine-
Pouchkine and Bertrand-Sarfati, 1997; Kah et al., 2012). In Mauritania, the El Mreiti Group 
refers to deposits from the flooded craton interior (in the north-central Taoudeni Basin), and the 
Atar Group refers to coeval deposits from near the western craton edge (near the town of Atar; 
Fig. 3.2). A second basinwide unconformity truncates strata of the upper Atar and El Mreiti 
groups and is overlain by siliciclastic marine strata of the Assabet el Hassiane Group (Girard et 
al., 1989). The remainder of the basin fill consists of glacial deposits of the Jbéliat and 
Téniagouri groups (Deynoux, 1980; Deynoux et al., 1989; Alvaro et al., 2007; Shields et al., 
2007), marine to continental deposits of the Nouatil Group (Alvaro et al., 2007), and ultimately, 
Early to Late Paleozoic continental strata (Deynoux, 1980).  
 
 
 
  157 
2.2. Geochronology 
Historically, the age of Proterozoic units within the Taoudeni Basin has been poorly 
defined, with limited constraints placed by Rb-Sr analyses performed on sedimentary glauconite 
and illite (Clauer, 1976; 1981; Clauer et al., 1982). These analyses yielded ages ranging from 
998 ± 32 Ma for the lowermost Char Group, to ~695 Ma for the Assabet el Hassiane Group. 
Within the Atar Group, Rb-Sr analyses yielded ages ranging from 890 ± 35 Ma for unit I-5 
(Atar/Touirist Formation), to 775 ± 52 Ma for unit I-10 (Aouleigate Formation) (Clauer, 1976; 
1981; Clauer et al., 1982). The consistent decrease in age through the sampled section, as well as 
correlation of overlying glaciogenic deposits with global glacial episodes in the Cryogenian, was 
long used to argue for Neoproterozoic deposition of the majority of Taoudeni Basin strata.  
More recently, a combination of chemostratigraphic and new geochronologic data have 
revised the timing of Proterozoic sedimentation in the Taoudeni Basin, and have placed 
deposition of the Atar/El Mreiti Group clearly within the Mesoproterozoic (Rooney et al., 2010; 
Kah et al., 2012). Carbon isotope stratigraphy of the Atar/El Mreiti Group (Kah et al., 2012; 
Gilleaudeau and Kah, 2013) reveals moderately positive carbon isotopic values (<4‰) 
punctuated by discrete, low-magnitude negative excursions that are consistent with the global 
marine carbon isotope signature recorded in multiple basins worldwide between approximately 
1.2 and 1.1 Ga (Kah et al., 1999; 2012). Chemostratigraphic results are supported by Re-Os 
analysis of black shale from the Touirist and En Nesoar formations of the El Mreiti Group, 
which yielded ages of 1109 ± 22 Ma, 1107 ± 12 Ma, and 1105 ± 37 Ma (Rooney et al., 2010).  
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2.3. Metamorphic history of the Taoudeni Basin  
 Proterozoic strata of the Taoudeni Basin have not been deeply buried (<3 km), and have 
not experienced regional metamorphism (temperatures generally <100 °C; consistent with 
diagenetic mineral assemblages; Girard et al., 1989). Structural deformation in the Taoudeni 
Basin is confined primarily to the easternmost regions of the basin in Algeria, where regional 
thrusting occurred in association with Pan African orogenic events (ca. 665-655 and 550-500 
Ma; Villeneuve and Cornée, 1994). The most significant post-depositional alteration was 
associated with localized hydrothermal fluids (up to 450-525 °C; Giraud et al., 1989; Rooney et 
al., 2010; Blumenberg et al., 2012) related to the intrusion of diabase dikes and sills in the 
Mesozoic (Giraud et al., 1989). Contact metamorphism is spatially constrained to zones 
immediately adjacent to the intrusions, and the majority of the areal extent of Proterozoic strata 
in the Taoudeni Basin appears to be free of substantial post-depositional alteration.  
 
2.4. Facies and depositional environments of the Atar and El Mreiti groups 
2.4.1. Atar Group facies 
 Atar Group strata consist of ten formations, typically referred to as units I-3 through I-12 
(Bertrand-Sarfati and Moussine-Pouchkine, 1988; 1999). These formations record alternating 
deposition of stromatolite-bearing carbonate and dominantly fine-grained siliciclastic material. 
At the base of the Atar Group, the Foum Chor Formation (unit I-3) rests unconformably on strata 
of the Char Group, as well as on crystalline basement of the Reguibat Shield. The Foum Chor 
Formation consists of a fining-upward succession of fluvial and marginal marine sandstone. The 
overlying Ksar Torchane Formation (unit I-4) consists of interbedded siltstone and shale 
deposited in increasingly marine environments, with several pronounced intervals of organic- 
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and pyrite-rich black shale. Marine deposition continues with the overlying Atar Formation (unit 
I-5), which consists of a series of open marine stromatolitic bioherms (Bertrand-Sarfati and 
Moussine-Pouchkine, 1985; Kah et al., 2009) separated by organic- and pyrite-rich black shale 
and siltstone (Kah et al., 2012). The Oued Tarioufet Formation (unit I-6) represents a return to 
siliciclastic-dominated deposition with shallow-marine sandstone, siltstone, and shale marking 
an abrupt loss of accommodation space across the basin. Open marine carbonate deposition is re-
established in the dominantly subtidal Tawaz Formation (unit I-7). The uppermost Atar Group 
consists of the Oued Terrarit (unit I-8), Aouinet Ould Bou Derbala (unit I-9), Aouleigate (unit I-
10), Touiderguilt (unit I-11) and Tifounke (unit I-12) formations, which continue alternation of 
shallow marine stromatolitic carbonate units with marine shale and siltstone.  
 
2.4.2. El Mreiti Group facies 
 In the north-central Taoudeni Basin—from west of Tenoumer to east of El Mreiti (Fig. 
3.2)—strata coeval with the Atar Group are referred to as the El Mreiti Group. Correlation of 
specific formations is based on similarity in stromatolite morphology and microstructure 
(Bertrand-Sarfati, 1972; Bertrand-Sarfati et al., 1987; 1991), carbon isotopic trends (Kah et al., 
2012; Gilleaudeau and Kah, 2013), and identification of time-significant stratigraphic tie points 
(Kah et al., 2012). Despite being deposited coevally, El Mreiti Group facies differ substantially 
from those preserved within the Atar Group, reflecting its geographic position in the interior of 
the West African craton (Bertrand-Sarfati and Moussine-Pouchkine, 1988; Kah et al., 2009; 
2012). El Mreiti Group deposition began with the Khatt Formation, which consists of fluvial to 
marginal marine sandstone and siltstone and is interpreted as broadly time-equivalent to unit I-3 
in the Atar Group. The overlying En Nesoar Formation (equivalent to unit I-4) marks the 
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transition to dominantly marine deposition, and consists of tidally influenced shale and 
mudstone, with increasing carbonate content in the upper portions of the formation. A major, 
basin-wide flooding surface is marked by deposition of a thin, stromatolitic reef near the base of 
the overlying Touirist Formation. This surface is considered time-equivalent to the transgression 
marked by the base of the first stromatolitic bioherm in unit I-5 of the Atar Group (Kah et al., 
2012). Above this thin stromatolite reef, the Touirist Formation consists of thin-bedded, clayey 
carbonate interbedded with organic- and pyrite-rich black shale. The overlying Aguelt el Mabha 
and Gouamir formations consist of interbedded siltstone, shale, and mudstone, with variable 
carbonate content. These two formations are time-equivalent to unit I-6 within the Atar Group 
(Kah et al., 2012), and the base of the Aguelt el Mabha Formation marks a loss of 
accommodation space that is also recognized at the base of unit I-6 near the craton edge. Open 
marine carbonate deposition is re-established with deposition of the Tenoumer Formation, which 
is equivalent to unit I-7 of the Atar Group. Throughout the north-central Taoudeni Basin, the 
sub-Assabet el Hassiane Group unconformity has removed stratigraphically higher units. 
 
3. Methods 
3.1. Sampling 
 In this study, we analyzed samples from three separate drill cores that intersected the Atar 
and El Mreiti groups. Restricted environments of the craton interior were sampled west of El 
Mreiti (Fig. 3.2) from shale intervals of the En Nesoar, Touirist and Aguelt el Mabha formations. 
Open marine pericratonic environments were sampled north of Atar (Fig. 3.2) from shale 
intervals of units I-4 and I-5 (the Ksar Torchane and Atar formations). In each of the shale 
intervals, samples were collected at a resolution of <0.5 meters per sample.    
  161 
3.2. Analytical methods 
3.2.1. Iron speciation 
 Because Mo sequestration is differentially partitioned between oxic, suboxic, euxinic, 
and ferruginous environments, it is essential to independently constrain environmental redox. 
Here, independent assessment of redox is achieved using iron speciation. This assessment 
quantifies iron phases that react readily with hydrogen sulfide in the water column or during 
early diagenesis (highly reactive iron phases; FeHR), including pyrite (Fepy), iron carbonate 
(Fecarb), iron oxy-hydroxides (Feox), and magnetite (Femag)—as well as phases that are unreactive 
to hydrogen sulfide on early diagenetic time scales (FeU; see Lyons and Severmann, 2006). It has 
been shown empirically that sediments deposited under anoxic conditions become enriched in 
highly reactive iron (FeHR) relative to total iron (FeT) through the addition of highly reactive 
authigenic iron minerals to the sediment (Canfield et al., 1996; Lyons and Severmann, 2006). 
Under these conditions, FeHR/FeT will typically exceed 0.38 (Canfield et al., 1996; Raiswell and 
Canfield, 1998).  
 Quantifying which authigenic minerals have been added to the sediment is an additional 
fingerprint for either anoxic and iron-rich (ferruginous) conditions, or anoxic and sulfidic 
(euxinic) conditions. Under ferruginous conditions, highly reactive iron is authigenically added 
to sediments in the form of iron carbonate (Fecarb), iron oxy-hydroxides (Feox), or magnetite 
(Femag). By contrast, under euxinic conditions, highly reactive iron is authigenically added to 
sediments in the form of pyrite (Fepy), and other highly reactive phases quickly react to form 
pyrite in the presence of adequate hydrogen sulfide (Berner, 1970; Raiswell et al., 1988). In 
modern euxinic basins, it has been shown that Fepy/FeHR exceeding 0.8 is a unique fingerprint for 
deposition under euxinic conditions (Raiswell et al., 1988; Lyons and Severmann, 2006), 
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although it has also been shown that Fepy/FeHR values >0.7 can be used to indicate euxinic 
deposition in ancient shales that have undergone potential oxidative weathering of pyrite (Li et 
al., 2010). Similarly, in anoxic sediments, Fepy/FeHR ratios less than 0.8 (or 0.7) are interpreted to 
reflect ferruginous depositional conditions. 
The amount of each of these phases present in a sample was determined using a well-
calibrated sequential extraction technique (see Poulton and Canfield, 2005). First, samples were 
crushed into a fine powder using a Spex Certiprep Series 8000 Mixer Mill. Approximately 100 
mg of sample powder was treated with a sodium acetate solution (buffered to a pH of 4.5) in 
order to extract the Fecarb fraction, which includes siderite, ferroan calcite and minerals along the 
ankerite-dolomite solid solution series. Samples were then treated with a sodium dithionite 
solution buffered to a pH of 4.8 with acetic acid and sodium citrate, with the treatment designed 
to extract reducible iron oxide phases (Feox) such as goethite and hematite. The last step in this 
sequential extraction involved treatment with an ammonium oxalate solution (buffered to a pH of 
3.2) in order to extract magnetite, which is unreactive to dithionite (Kendall et al., 2010). Once 
diluted 100-fold with trace metal grade 2% HNO3, extracts were analyzed for iron content using 
either the Agilent 7500ce quadrupole ICP-MS at the University of California at Riverside, or the 
Element 2 ICP-MS at the University of Maryland. Fepy was determined stoichiometrically 
(assuming FeS2) from the weight percentage of sulfur extracted during a two-hour hot chromium 
chloride distillation, followed by an iodometric titration (Kendall et al., 2010). Duplicate 
analyses for both sequential iron extraction and chromium-reducible sulfide produced analytical 
errors of <5%, although some samples contained exceedingly small amounts of certain highly 
reactive iron phases (<0.05 wt.%), which increased analytical error on those samples.  
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3.2.2. Total organic carbon (TOC) 
Core samples from the Atar and El Mreiti groups were analyzed for total carbon (TC) and 
total inorganic carbon (TIC), with the difference used to calculate total organic carbon (TOC). 
Total carbon was measured on either a CS-500 ELTRA carbon/sulfur analyzer or on a UIC, Inc. 
carbon dioxide coulometer. For the CS-500 ELTRA carbon/sulfur analyzer, ~100 mg of sample 
powder was weighed into a ceramic boat and combusted in pure oxygen at 1350 °C for ~3 
minutes. Total carbon was then measured by infrared spectral absorption of the CO2 liberated 
during combustion. For the carbon dioxide coulometer, ~100 mg of sample powder was loaded 
into pre-cleaned and pre-dried porcelain boats and combusted between 900 and 1000 °C, with 
the resulting CO2 measured via coulometric titration. TIC was then measured by acidifying 
approximately 5 grams of whole rock powder, with resulting CO2 measured via coulometric 
titration. Although the ELTRA carbon/sulfur analyzer consistently produced higher TOC values, 
the difference in values generated between the two methods was <15%. Analytical error was 
determined to be <0.1% by duplicate sample and calcite standard analyses. 
  
3.2.3. Elemental abundances 
 Finely powdered samples were first ashed at 550 °C overnight to remove volatiles, and 
the loss on ignition was recorded and used later to correct elemental abundances for the original 
sample weight. 10-20 mg of ashed sample was then dissolved using a standard multi-acid 
(HNO3-HCl-HF) digestion (Kendall et al., 2010). The digestion procedure involved progressive 
acid treatments at ~150 °C in Savillex Teflon bombs with HF-NHO3, aqua regia (HNO3-HCl), 
and finally HCl. A subset of samples was processed using perchloric acid (HClO4) to digest 
organic matter, rather than loss on ignition. In both cases, final solutions were diluted 1000-fold 
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with trace metal grade 2% HNO3 and analyzed for major and trace element abundances using 
either the Agilent 7500ce quadrupole ICP-MS at the University of California at Riverside, or the 
Element 2 ICP-MS at the University of Maryland. Major and trace element abundances were 
calibrated using multi-element calibration standards, and internal standards to correct for 
instrument drift. Duplicates run using both digestion methods produced <10% differences for the 
elements reported in this study. Digestions were also performed on the US Geological Survey 
black shale standard (SDO-1), and known elemental abundances were reproduced to within 5%. 
As an external check, a suite of samples was sent to an independent third party (Activation 
Laboratories, Ltd.), where acid digestions were performed and elemental abundances determined 
using ICP-MS. The results produced were in good agreement (to within 10%) of the values 
produced using both of the methods described above. Detection limits for rock concentrations of 
Mo and vanadium (V) are 1 ppm, based on the reproducibility of standards and duplicates. 
 
3.3. Calculating Mo reservoir sensitivity to sea level change 
 We explore the ramifications of our data on global seawater Mo availability using a first-
order mathematical model with empirically-based parameters similar to those employed by Wille 
et al. (2008), Dahl et al. (2010; 2011) and Sahoo et al. (2012). In our study, model theory, 
development and parameterization are based on Sahoo et al. (2012), and the reader is referred 
there for detailed model systematics. In summary, the model calculates seawater Mo 
concentrations through time as a response to changes in Mo input and output variables, including 
riverine Mo influx and the areal extent of the three oceanic Mo sinks (oxic, suboxic and euxinic 
environments) across the global seafloor.  
 The goal of our simulations—distinct from previous studies that kept total seafloor area 
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constant (Algeo, 2004; Arnold et al., 2004; Scott et al., 2008; Wille et al., 2008; Dahl et al., 
2010; 2011; Kendall et al., 2011; Sahoo et al., 2012)—is to analyze how changes in sea level 
affect the areal extent of the three Mo sinks, and ultimately, seawater Mo concentrations. This is 
an essential component of our simulations because globally high sea levels—as in the late 
Mesoproterozoic—would have had a substantial effect on the areal distribution of seafloor Mo 
sinks. Analysis of sea level effects is based on global hypsometric curves, which represent the 
cumulative frequency of elevation with respect to land surface area. It has been shown (Harrison 
et al., 1983; Algeo and Wilkinson, 1991) that the slope of the hypsometric curve for modern 
continents is relatively constant between the elevations of 50 meters below and 250 meters above 
present-day sea level. This coastal hypsometric slope varies among continents, with a world 
average coastal hypsometric slope of 8.2 meters per percent land area (Harrison et al., 1983; 
Algeo and Wilkinson, 1991), implying that sea level would need to rise by 8.2 meters in order to 
flood one percent of the Earth’s modern land area.  
 In our simulations, we start with the modern land area (1.5 x 1018 cm2) and seafloor area 
(3.5 x 1018 cm2) as initial constants, recognizing that these may not be representative of the 
Mesoproterozoic world. We then use coastal hypsometric slopes representing both modern and 
epeiric sea environments (see section 5.4.) to determine the effect that a simulated sea level rise 
would have on total seafloor area. We then designate—based on hypothetical scenarios for 
shallow ocean redox—how much of the newly flooded seafloor is covered by each of the three 
Mo sinks. The areas of each of the three Mo sinks in the newly flooded seafloor are then added 
to the total area of each of the three Mo sinks (3.15 x 1018 cm2, 3.5 x 1016 cm2 and 1.75 x 1015 
cm2 for oxic, suboxic and euxinic environments, respectively; based on modern seafloor 
fractions from Scott et al., 2008), and the mass balance model is run with the new seafloor area 
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parameters. These procedures permit exploration of how seawater Mo concentrations would 
respond after a change in sea level altered Mo sink areas, with iterations run for different redox 
conditions across the newly flooded seafloor. We do not consider the ferruginous Mo sink in 
these simulations because iron speciation data (section 4.1.) suggest that ferruginous conditions 
were not common in epeiric environments. 
In this study, we solve for seawater Mo concentration in 20,000-year increments for 3 
million years after initial sea level change. In each simulation, the new steady-state oceanic Mo 
concentration was reached before 3 million years had passed, and results are reported as a 
percent change in seawater Mo concentration from the initial value.  
  
4. Results 
4.1. Constraining environmental redox 
 Iron speciation data (Gilleaudeau and Kah, 2011, 2012; in preparation) are summarized 
in Fig. 3.3 and in Table 3.1. In the epicratonic El Mreiti Group, a high-frequency stratigraphic 
alternation occurs between samples with a clearly euxinic signal (FeHR/FeT > 0.38 and Fepy/FeHR 
> 0.8), and samples where most highly reactive iron occurs as pyrite (Fepy/FeHR > 0.8), but 
FeHR/FeT ratios remain low (<0.38). These relatively unusual compositions (herein referred to as 
‘pyrite production-limited’ or ‘PPL’) have been interpreted to represent either pyrite formation 
primarily within sediment pore fluids under an otherwise oxic water column, where the 
availability of reduced sulfur or iron species potentially limits pyrite formation. High frequency 
fluctuations have thus been interpreted to represent deposition at or near a shallow chemocline 
that marks the interface between oxic and euxinic environments (Gilleaudeau and Kah, 2011; in 
preparation). In the pericratonic Atar Group, iron speciation data reveal a transition from high-
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Figure 3.3. Iron speciation data from black shales of the Atar and El Mreiti groups. 
FeHR/FeT > 0.38 has been shown empirically to be diagnostic of deposition under anoxic 
conditions. Similarly, for anoxic samples, Fepy/FeHR > 0.8 (or >0.7; Li et al., 2010) is 
diagnostic of euxinic conditions, and values <0.8 (or <0.7; Li et al., 2010) are indicative 
of iron-rich (ferruginous) conditions. In the Atar and El Mreiti groups, samples with 
elevated Fepy/FeHR, yet low FeHR/FeT have been interpreted to represent conditions 
in which euxinic substrate pore waters occurred beneath a predominantly oxic water 
column, which resulted in pyrite production being limited by the availability of reduced
sulfur or iron (Gilleaudeau and Kah, 2011; 2012; in preparation). 
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Table 3.1. Geochemical data from the ~1.1 Ga Atar and El Mreiti groups, Mauritania.  
 
Sample Section Meters1 TOC 
(wt.%) 
Mo 
(ppm)2 
Mo/TOC 
(ppm/wt.%)3 
V 
(ppm) 
V/TOC 
(ppm/wt.%) 
FeHR/FeT4 Fepy/FeHR5 
F4-11 El Mre. 35.30 1.8 3 1.7 160 89.9 0.23 0.85 
F4-12 El Mre. 37.70 0.4 <1 0.0 102 237.2 0.10 0.30 
F4-14 El Mre. 42.20 0.2 <1 0.0 94 479.8 0.24 0.75 
F4-24 El Mre. 55.90 11.5 9 0.8 528 46.0 0.60 0.95 
F4-25 El Mre. 57.00 11.3 10 0.9 478 42.5 0.42 0.95 
F4-27 El Mre. 59.85 0.8 <1 0.0 108 134.6 0.29 0.87 
F4-28 El Mre. 60.85 0.9 <1 0.0 137 146.1 0.38 0.89 
F4-29 El Mre. 62.50 1.0 2 2.2 105 108.7 0.68 0.91 
F4-30 El Mre. 63.55 1.1 14 12.3 99 86.2 0.49 0.87 
F4-31 El Mre. 64.75 1.1 <1 0.0 128 117.7 0.38 0.91 
F4-32 El Mre. 65.30 1.6 4 2.5 91 58.7 0.55 0.85 
F4-34 El Mre. 67.55 13.3 5 0.4 151 11.3 0.56 0.96 
F4-35 El Mre. 68.15 13.1 3 0.2 188 14.4 0.44 0.95 
F4-36 El Mre. 69.20 3.4 3 0.9 68 19.8 0.07 0.00 
F4-37 El Mre. 69.80 3.4 <1 0.0 65 19.1 0.12 0.31 
F4-44 El Mre. 77.65 3.3 <1 0.0 38 11.6 0.92 0.84 
F4-45 El Mre. 78.00 13.1 10 0.7 161 12.3 0.47 0.96 
F4-46 El Mre. 79.00 1.9 <1 0.0 58 30.2 0.48 0.82 
F4-47 El Mre. 80.10 15.3 9 0.6 193 12.6 0.16 0.81 
F4-51 El Mre. 85.30 11.8 10 0.8 241 20.4 0.55 0.98 
F4-52 El Mre. 86.10 1.6 <1 0.0 160 102.9 0.14 0.68 
F4-55 El Mre. 90.90 9.8 13 1.3 800 81.3 0.56 0.83 
F4-57 El Mre. 92.00 2.2 <1 0.0 349 157.8 0.13 0.70 
F4-59 El Mre. 94.70 1.4 <1 0.0 195 134.7 0.20 0.81 
F4-60 El Mre. 96.10 1.0 2 2.0 148 149.5 0.64 0.96 
F4-61 El Mre. 98.55 13.0 11 0.8 387 29.7 0.76 0.96 
F4-65 El Mre. 102.15 - <1 - 42 - 1.00 0.12 
F4-71 El Mre. 114.80 0.3 <1 0.0 75 250.0 0.14 0.00 
F4-73 El Mre. 119.75 0.7 <1 0.0 85 121.4 0.20 0.00 
F4-77 El Mre. 129.70 0.4 <1 0.0 92 230.0 0.16 0.00 
F4-82 El Mre. 142.55 0.5 <1 0.0 89 178.0 0.07 0.03 
F4-94 El Mre. 172.10 0.2 <1 0.0 77 385.0 0.09 0.21 
R4-2 Atar 25.20 1.1 <1 0.0 159 144.4 - - 
R4-6 Atar 26.85 2.3 <1 0.0 92 40.0 0.09 0.30 
R4-8 Atar 27.75 0.6 <1 0.0 145 241.5 0.02 0.45 
R4-9 Atar 28.15 1.1 <1 0.0 181 164.5 0.03 0.53 
R4-12 Atar 29.35 1.3 <1 0.0 154 118.7 0.25 0.54 
R4-16 Atar 31.00 1.1 <1 0.0 148 134.1 0.04 0.00 
R4-17 Atar 31.40 1.6 <1 0.0 152 95.2 0.10 0.07 
R4-18 Atar 31.85 1.4 <1 0.0 154 110.0 0.40 0.97 
R4-25 Atar 34.75 1.5 <1 0.0 156 104.0 0.11 0.74 
R4-26 Atar 35.15 - <1 - 111 - 0.44 0.93 
R4-28 Atar 36.05 1.2 <1 0.0 73 60.6 0.28 0.10 
R4-31 Atar 37.35 2.5 <1 0.0 165 66.0 0.64 0.10 
R4-32 Atar 37.85 - <1 - 118 - 0.28 0.36 
R4-33 Atar 38.25 1.3 <1 0.0 169 130.0 0.12 0.96 
R4-34 Atar 38.45 1.4 <1 0.0 118 84.3 0.72 0.94 
R4-35 Atar 38.85 1.5 <1 0.0 138 91.8 0.19 0.44 
R4-37 Atar 39.60 1.4 <1 0.0 126 90.1 0.28 0.99 
R4-38 Atar 40.05 1.8 <1 0.0 132 73.1 0.44 0.89 
R4-40 Atar 40.70 1.0 <1 0.0 184 183.6 0.11 0.77 
R4-43 Atar 41.55 1.9 <1 0.0 141 74.2 0.47 0.74 
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Table 3.1. Geochemical data from the ~1.1 Ga Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Section Meters1 TOC 
(wt.%) 
Mo 
(ppm)2 
Mo/TOC 
(ppm/wt.%)3 
V 
(ppm) 
V/TOC 
(ppm/wt.%) 
FeHR/FeT4 Fepy/FeHR5 
R4-44 Atar 41.95 1.3 <1 0.0 142 109.0 0.04 0.62 
R4-45 Atar 42.35 0.7 <1 0.0 111 158.1 0.11 0.73 
R4-46 Atar 42.85 1.4 <1 0.0 140 99.9 0.33 0.94 
R4-47 Atar 43.25 1.6 <1 0.0 104 64.9 0.78 0.94 
R4-48 Atar 43.65 1.9 <1 0.0 101 53.2 0.75 0.93 
R4-49 Atar 44.10 1.5 <1 0.0 154 102.7 0.19 0.92 
R4-50 Atar 44.50 2.3 <1 0.0 89 38.5 0.83 0.98 
R4-53 Atar 45.80 1.2 <1 0.0 82 68.3 0.52 0.99 
R4-55 Atar 46.50 1.7 <1 0.0 30 17.8 0.76 0.69 
R4-56 Atar 47.00 - <1 - 106 - 0.60 0.96 
R4-59 Atar 48.25 3.3 <1 0.0 84 25.3 0.62 0.83 
R4-60 Atar 48.90 2.1 <1 0.0 64 30.3 0.66 0.90 
R4-61 Atar 49.40 1.8 <1 0.0 132 73.3 0.33 0.82 
R4-64 Atar 50.70 1.7 <1 0.0 81 47.8 0.62 0.96 
R4-65 Atar 51.05 1.3 <1 0.0 123 94.9 0.12 0.82 
R4-67 Atar 52.00 1.1 <1 0.0 127 115.9 0.07 0.66 
R4-69 Atar 52.95 0.8 <1 0.0 126 157.5 0.05 0.86 
R4-70 Atar 53.35 0.6 <1 0.0 118 197.0 0.18 0.85 
R4-73 Atar 54.50 1.4 <1 0.0 120 85.7 0.14 0.95 
R4-76 Atar 55.65 1.6 <1 0.0 107 66.6 0.27 0.73 
R4-79 Atar 56.80 - <1 - 111 - 0.62 0.94 
R4-80 Atar 57.25 - 1 - 113 - 0.65 0.98 
R4-81 Atar 57.70 1.1 <1 0.0 95 86.0 0.21 0.46 
R4-82 Atar 58.10 1.0 <1 0.0 117 117.1 0.31 0.91 
R4-83 Atar 58.50 1.2 <1 0.0 118 98.1 0.34 0.53 
R4-84 Atar 58.90 1.2 <1 0.0 199 165.8 0.35 0.88 
R4-85 Atar 59.30 1.6 <1 0.0 122 76.3 0.18 0.96 
R4-86 Atar 59.70 0.9 <1 0.0 86 95.8 0.63 0.96 
R4-88 Atar 60.30 1.3 <1 0.0 101 77.9 0.58 1.00 
R4-89 Atar 60.75 1.0 <1 0.0 113 113.3 0.35 1.00 
R4-90 Atar 61.20 1.6 <1 0.0 115 71.6 0.40 0.93 
R4-91 Atar 61.65 1.5 <1 0.0 100 66.8 0.77 0.87 
R4-92 Atar 62.10 1.1 <1 0.0 105 95.4 0.51 0.91 
R4-93 Atar 62.50 1.3 <1 0.0 132 101.5 0.04 0.74 
R4-94 Atar 62.95 1.7 <1 0.0 132 77.4 0.37 0.36 
R4-95 Atar 63.50 1.1 <1 0.0 103 93.5 0.66 0.76 
R4-97 Atar 64.40 1.2 <1 0.0 136 113.3 0.53 0.96 
R2-1 Atar 19.10 0.6 <1 0.0 115 196.7 0.47 0.97 
R2-2 Atar 19.30 0.3 <1 0.0 139 417.8 0.52 0.98 
R2-3 Atar 19.50 0.9 <1 0.0 127 140.5 0.69 0.98 
R2-4 Atar 19.70 0.8 <1 0.0 132 163.3 0.68 0.98 
R2-6 Atar 20.10 0.7 <1 0.0 114 159.0 0.80 0.99 
R2-7 Atar 20.35 0.8 <1 0.0 147 185.0 0.74 0.98 
R2-8 Atar 20.60 0.8 <1 0.0 124 162.2 0.60 0.98 
R2-12 Atar 21.40 0.3 <1 0.0 138 409.7 0.33 0.96 
R2-13 Atar 21.75 0.4 <1 0.0 136 368.4 1.00 0.52 
R2-14 Atar 21.95 0.2 <1 0.0 86 430.6 0.54 0.98 
R2-15a Atar 90.55 1.2 <1 0.0 83 69.9 0.99 0.95 
R2-15b Atar 90.55 0.4 21 47.7 87 196.2 0.38 0.91 
R2-16 Atar 91.10 2.5 <1 0.0 81 33.0 0.97 0.94 
R2-17a Atar 91.60 1.8 <1 0.0 63 34.4 0.83 0.99 
R2-17b Atar 91.60 2.3 <1 0.0 55 23.8 0.96 0.99 
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Table 3.1. Geochemical data from the ~1.1 Ga Atar and El Mreiti groups, Mauritania (continued).  
 
Sample Section Meters1 TOC 
(wt.%) 
Mo 
(ppm)2 
Mo/TOC 
(ppm/wt.%)3 
V 
(ppm) 
V/TOC 
(ppm/wt.%) 
FeHR/FeT4 Fepy/FeHR5 
R2-18 Atar 91.90 2.4 <1 0.0 99 41.2 0.89 0.99 
R2-19 Atar 92.10 2.9 1 0.4 71 24.3 0.97 0.97 
R2-24 Atar 96.80 0.5 <1 0.0 67 147.9 0.89 0.97 
R2-25a Atar 96.90 0.6 <1 0.0 60 107.0 0.92 0.99 
R2-25b Atar 96.90 1.1 1 1.1 91 85.4 1.00 0.99 
R2-27 Atar 97.65 0.6 <1 0.0 89 160.0 0.35 0.89 
R2-28 Atar 97.95 0.3 <1 0.0 109 358.5 0.69 0.97 
R2-29a Atar 98.50 1.2 <1 0.0 105 84.9 0.91 0.99 
R2-30 Atar 98.80 3.0 <1 0.0 91 30.3 0.69 0.99 
R2-31 Atar 99.15 1.5 1 0.9 98 64.8 1.00 0.99 
R2-32 Atar 99.50 1.0 <1 0.0 78 79.8 0.84 0.99 
R2-33 Atar 99.80 0.9 <1 0.0 130 139.3 0.65 0.99 
R2-34 Atar 100.10 0.7 <1 0.0 104 152.3 0.73 0.98 
R2-35 Atar 100.15 0.7 <1 0.0 98 148.4 0.74 0.97 
R2-40 Atar 100.65 0.4 <1 0.0 109 261.2 0.82 0.99 
R2-41 Atar 100.75 0.8 3 3.2 111 137.1 0.74 0.99 
R2-42 Atar 100.95 0.5 <1 0.0 103 201.8 0.73 0.97 
R2-43a Atar 101.15 1.0 <1 0.0 78 79.1 0.77 0.98 
R2-43b Atar 101.15 0.9 <1 0.0 89 93.9 0.73 0.98 
R2-44 Atar 101.35 0.7 4 5.9 92 128.2 0.90 0.97 
R2-45 Atar 101.55 0.8 <1 0.0 90 111.6 0.88 0.99 
R2-46 Atar 101.85 0.7 1 1.5 75 114.4 0.93 0.99 
R2-47 Atar 102.10 0.6 <1 0.0 99 163.4 0.67 0.98 
R2-48 Atar 102.35 1.6 6 4.2 89 57.5 0.81 0.99 
 
1Meterages defined from the base of each of the three drill cores examined. 
2Analytical detection limit for Mo was 1 ppm; concentrations <1 ppm are plotted as 0 ppm in Figs. 3.4, 3.5 and 3.6. 
3Mo/TOC ratios cannot be reported for samples with Mo concentrations <1 ppm; Mo/TOC is reported as 0.0 for 
these samples. 
4,5Data reported and discussed at length in Gilleaudeau and Kah (in preparation).   
 
  
 
 
 
 
 
 
 
 
  171 
frequency redox fluctuation (with intermittent euxinia) in unit I-4 to a persistently euxinic signal 
in unit I-5 (FeHR/FeT > 0.38 and Fepy/FeHR > 0.8). This redox transition mirrors a facies transition 
from restricted to more open marine environments (Kah et al., 2012; Gilleaudeau and Kah, 
2013), and has been interpreted to reflect the progressive encroachment of euxinic waters onto 
the craton with continued marine transgression (Gilleaudeau and Kah, in preparation).  
 
4.2. Mo, V and TOC concentrations in the Atar and El Mreiti groups 
 In the epicratonic El Mreiti Group (Table 3.1), TOC ranges from 0.2 to 15.3 wt.% in the 
En Nesoar and Touirist formations (majority of samples >1 wt.%), but drops to consistently <1 
wt.% in the Aguelt el Mabha Formation. There is no clear stratigraphic trend in Mo 
concentration (Fig. 3.4), and nearly half of the El Mreiti Group samples contain <1 ppm Mo. 
Such low Mo concentrations are not surprising for the majority of these samples—from the En 
Nesoar and Aguelt el Mabha formations—which also record FeHR/FeT ratios that indicate oxic 
depositional environments (Fig. 3.5). The rest of the low-Mo samples—from the Touirist 
Formation—record FeHR/FeT ratios that indicate both oxic and anoxic (euxinic) conditions. El 
Mreiti Group strata also record low Mo/TOC ratios (generally <2 ppm/wt.%), which, in part, 
reflect exceptionally high TOC through the En Nesoar and Touirist formations (Fig. 3.6). V 
concentrations in the El Mreiti Group are generally between 100 and 500 ppm in the En Nesoar 
and Touirist formations, with lower (<100 ppm) values recorded in the Aguelt el Mabha 
Formation.    
 In the pericratonic Atar Group (Table 3.1), TOC is generally lower (0.2 to 3.3 wt.%), and 
patterns of Mo concentration contrast sharply with those recorded in the epicratonic El Mreiti 
Group. Despite iron speciation data indicating intermittent to persistent euxinia (Fig. 3.3), the 
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Figure 3.4. Stratigraphic distribution of Mo concentration in the Atar and El Mreiti groups. 
Epicratonic strata of the El Mreiti Group record very low Mo concentrations in oxic shale 
of the Aguelt el Mabha Formation. Potentially suboxic and intermittently euxinic 
environments of the En Nesoar and Touirist formations are characterized by low but 
variable Mo concentrations. By contrast, suboxic to persistently euxinic environments of 
offshore units I-4 and I-5 record Mo concentrations of 1 ppm or less for more than 95% of 
the samples (N=92 of 96). These data suggest that Mo uptake to the sediments occurred 
preferentially in epicratonic environments, and that pericratonic environments were 
severely Mo-limited. 
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Figure 3.5. Mo concentration plotted against reactive iron content (FeHR/FeT) for the Atar 
and El Mreiti groups. FeHR/FeT > 0.38 has been shown empirically to be diagnostic of 
deposition under anoxic conditions. In the El Mreiti Group, dominantly oxic shale of the 
Aguelt el Mabha Formation records Mo concentrations <1 ppm. En Nesoar and Touirist 
formation strata are characterized by low but variable Mo concentrations with Mo 
enrichment occurring under predominantly anoxic conditions. In the Atar Group, both 
intermittently anoxic shale of unit I-4 and persistently anoxic shale of unit I-5 record Mo 
concentrations of 1 ppm or less for more than 95% of the samples, suggesting that water 
column Mo concentrations were critically low in offshore waters.
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Figure 3.6. Relationship between Mo concentration and TOC in the Atar and El Mreiti 
groups. Weak covariance (R2 = 0.20) between Mo and TOC within epicratonic euxinic 
shale suggests that TOC may not be the only control on Mo uptake into sediments. No 
covariance (R2 = 0.00) between Mo concentration and TOC exists, however, in euxinic 
shale within pericratonic regions despite TOC up to 3.3 wt.%, suggesting that water 
column Mo availability (and not TOC) was the primary factor in determining Mo uptake 
into sediments.
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vast majority of samples from the Atar Group contain <1 ppm Mo with no clear stratigraphic 
trend (Figs. 3.4, 3.5). Exceptions to these anomalously low Mo concentrations are a few isolated 
data points that record Mo concentrations of up to 21 ppm. Although TOC in Atar Group strata is 
lower than in time-equivalent strata of the El Mreiti Group, it is unlikely that TOC 
concentrations (up to 3.3 wt.%) were sufficiently low as to limit Mo sequestration. V 
concentrations in the Atar Group are also lower than in the El Mreiti Group, with a narrower 
range of values generally between 50 and 200 ppm (Table 3.1; Fig. 3.7).  
 
5. Discussion 
5.1. Potential for Mo removal during diagenesis 
Mo concentrations within Atar and El Mreiti Group strata are unusual, both because they record 
concentrations that are substantially less than are recorded in Paleoproterozoic and older 
Mesoproterozoic basins (Fig. 3.1), and because they record generally higher Mo concentrations 
in shales deposited in nearshore environments under fluctuating redox conditions than in shales 
deposited in offshore environments under persistently euxinic conditions.  
It is possible that low Mo concentrations within Atar and El Mreiti group strata reflect 
wholesale leaching of Mo during later diagenesis, and that anomalously low Mo concentrations 
do not reflect primary depositional conditions. Diagenetic removal of trace metals has been 
demonstrated with both migration of oxidation fronts (Thomson et al., 1995; 1996; 1998), and 
thermal alteration (>200 °C; Haack et al., 1984; Jochum et al., 1995). Several lines of evidence, 
however, argue against this process governing Mo concentrations in the Atar Group. First, the 
majority of Atar and El Mreiti group strata have been subjected to temperatures generally <100 
°C (Girard et al., 1989), and Atar Group drill core, in particular, was collected in regions not 
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Figure 3.7. Relationship between vanadium (V) concentration and TOC in the Atar and El 
Mreiti groups. Generally higher V in euxinic (vs. non-euxinic) shales of the El Mreiti 
Group suggests that euxinic environments were the dominant sink for V. Only weak 
covariance (R2 = 0.26) between V and TOC within euxinic shales of the El Mreiti Group 
suggests variable concentration of V within the water column, potentially resulting from 
episodic expansion and contraction of local euxinia. Lower V concentrations and no 
covariance between V and TOC (R2 = 0.02) in persistently euxinic Atar Group strata 
suggests low—but non-zero—water column V concentrations in pericratonic environments.
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affected by contact metamorphism related to Mesozoic intrusion. Lower average temperatures 
experienced by these rocks are likely to be insufficient for wholesale trace metal remobilization 
(Jochum et al., 1995). In addition, no petrographic evidence exists for significant oxidative 
weathering of shale samples during diagenesis. In previous studies that describe trace metal 
remobilization by oxidizing fluids during diagenesis, sedimentary sulfides also show clear signs 
of oxidation (Thomson et al., 1995). Petrographic investigation of pyrite from Atar and El Mreiti 
group strata shows evidence for early diagenetic overgrowth in discrete regions of the core, but 
no evidence for significant later oxidation, arguing against the presence of widespread oxidizing 
diagenetic fluids in this part of the Taoudeni Basin.  
An additional line of evidence lies in the behavior of other trace metals within Atar and 
El Mreiti group shales. V is an element that is expected to behave similarly to Mo in both 
depositional and diagenetic environments (Thomson et al., 1995; Morford and Emerson, 1999). 
V is delivered to oceanic environments from both terrestrial oxidative weathering and seafloor 
hydrothermal activity, and is removed to marine sediments in both oxic and euxinic 
environments (Morford and Emerson, 1999). V concentrations in the Atar and El Mrieti groups 
(~50-500 ppm) are similar to those reported for other pre-635 Ma Proterozoic successions (Och 
and Shields-Zhou, 2012; Sahoo et al., 2012), suggesting that diagenetic removal of V (and thus 
likely Mo) was negligible. 
 Finally, organic matter is the component within shale that is most readily lost during 
diagenesis (Wilde et al., 2004). Although Atar Group shale contains lower TOC than shale of the 
El Mreiti Group, TOC of up to 3.3 wt.% suggests that substantial amounts of organic matter have 
been retained. Furthermore, if organic carbon had been lost during diagenesis, it has been shown 
that trace metals such as Mo and V commonly become associated with other sedimentary phases 
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(such as iron sulfides, iron oxy-hydroxides or clays) rather than being leached (Jochum et al., 
1995; Lewis et al., 2010). Based on these lines of evidence, we can reject the hypothesis that 
anomalously low Mo concentrations in Atar Group shales are reflective of wholesale Mo 
leaching during later diagenesis. We conclude, then, that Mo deficiency in the Atar Group 
reflects the primary behavior of Mo sequestration within the Taoudeni Basin.  
 
5.2. Relationship between Mo and TOC in the Taoudeni Basin 
 The relationship between Mo concentration and TOC in sediments and sedimentary rocks 
has been used extensively to assess both redox and hydrographic conditions at the site of 
deposition (Adelson et al., 2001; Wilde et al., 2004; Meyers et al., 2005; Algeo and Lyons, 2006; 
Algeo et al., 2007; Scott and Lyons, 2012; Xiong et al., 2012). Covariation between Mo 
concentration and TOC is observed in all modern euxinic sediments, as well as in many ancient 
black shales that are independently constrained to be deposited under euxinic conditions (Algeo 
and Lyons, 2006; Lyons et al., 2009), suggesting that scavenging with organic matter is a 
principal mechanism by which sediments become enriched in Mo under euxinic conditions (cf. 
Helz et al., 2011). A survey of modern euxinic environments, however, reveals that sediment Mo 
concentrations are also affected by the availability of Mo in the euxinic basin (Algeo and Lyons, 
2006). Mo concentrations in deep waters of the Saanich Inlet (Vancouver Island), for instance, 
regularly exchange with Pacific waters, leading to Mo concentrations comparable to those of 
average global seawater (105 nmol/L) (Francois, 1987; Algeo and Lyons, 2006). The availability 
of Mo in deepwater of the Saanich Inlet leads to high Mo/TOC ratios (to 45 ppm/wt.%) even in 
weakly sulfidic basinal sediments (Algeo and Lyons, 2006; Lyons et al., 2009). By contrast, the 
Black Sea is a permanently stratified restricted marine basin with rare deep water renewal 
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(Murray, 1991), leading to Mo concentrations of only 0.2-0.3 nmol/L. Low Mo availability 
results in comparatively low Mo/TOC ratios (~4.5 ppm/wt.%), even in strongly sulfidic basinal 
sediments (Algeo and Lyons, 2006; Lyons et al., 2009). The Mo concentration of euxinic 
sediments is thus controlled by TOC, but only to the extent that Mo is available in the 
depositional basin. The apparent absence of Mo/TOC covariance in some Proterozoic euxinic 
shales has thus been inferred to represent low Mo concentrations in the water column (Scott et 
al., 2006; 2008).  
Within this context, Mo and TOC data from the Taoudeni Basin reveal a distinct pattern 
between shallow-water epicratonic environments and deeper-water pericratonic environments. 
Mo and TOC concentrations show weak covariance in shale from the onshore, epicratonic 
section, and epicratonic shale deposited under clearly euxinic conditions (as evidenced by iron 
speciation) shows generally higher Mo concentrations than shale deposited under oxic or pyrite-
limited conditions (Fig. 3.6). These relationships (which also hold true for V and TOC; see Fig. 
3.7) suggest that, in epicratonic environments, euxinia and TOC played a clear role in Mo 
deposition to the sediments. There are, however, exceptions to this relationship, including several 
euxinic samples with low Mo concentrations (<6 ppm) despite TOC values as high as 13 wt.%. 
Occurrence of low Mo/TOC ratios, along with a generally weak correlation between Mo 
concentration and TOC in euxinic samples, suggests that TOC was not the sole controlling factor 
involved in Mo uptake to the sediments in epicratonic environments. Instead, it seems that 
fluctuating Mo concentrations in the water column were also exerting a strong control on Mo 
uptake, along with organic carbon content.        
 A sharply different picture emerges from Mo and TOC data from offshore, pericratonic 
environments. Iron speciation data suggest intermittent to persistent water column euxinia below 
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a shallow chemocline (Gilleaudeau and Kah, 2011; 2012; in preparation; Fig. 3.3). In these 
environments, Mo would be strongly scavenged if it were available, yet the majority of samples 
record Mo concentrations <1 ppm, with only a few samples containing more elevated Mo 
concentrations. Despite the broad occurrence of euxinic environments (Fig. 3.5), there is no 
correlation between Mo and TOC (Fig. 3.6), suggesting that TOC played little role in Mo uptake 
by sediments in these offshore environments. Rather, anomalously low Mo concentrations in 
shale imply that water column Mo concentrations were critically low in the open ocean offshore 
waters that bathed the West African craton. Samples with more elevated Mo concentrations may, 
in this scenario, reflect episodic pulses of Mo delivery to offshore, euxinic environments. There 
is also no correlation between V and TOC in the offshore section (Fig. 3.7), suggesting a similar 
decoupling between metal uptake and organic carbon availability.     
 
5.3. Mo drawdown by epeiric sea expansion 
Data from the Taoudeni Basin suggest that the shallow epeiric sea that covered the West 
African craton at 1.1 Ga was characterized by highly variable Mo concentrations, whereas 
environments near the craton edge were characterized by severe Mo limitation. The picture that 
emerges, then, is that Mo sourced from terrestrial weathering was preferentially sequestered in 
epicratonic regions under fluctuating euxinic (and likely suboxic; Blumenberg et al., 2012) 
conditions and that this nearshore sequestration led directly to critically low Mo concentrations 
in offshore waters. Such a scenario implies that in the late Mesoproterozoic—a time of global sea 
level highstand and extensive epicontinental deposition—the expansion of euxinic and suboxic 
environments in shallow epeiric seas could have led directly to the development of a critically 
depleted oceanic Mo reservoir. Under this model, Mo delivery to offshore areas would be highly 
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sensitive to sea level. If sea level were to fall—exposing portions of the epeiric seaway—Mo 
could readily be transferred to offshore waters. In addition to these local hydrographic effects, 
long-lived epeiric seas could have kept oceanic Mo concentrations critically low for prolonged 
periods during the Mesoproterozoic.   
 
5.4. Testing the epeiric drawdown hypothesis 
In addition to the expansion of suboxic and euxinic environments in shallow water, 
globally high sea levels would also act to restrict the area of terrestrial weathering, and thus the 
amount of Mo delivered to the oceans by rivers. Our first set of model simulations tests the effect 
that a decrease in riverine Mo influx by 10, 25 and 50% would have on seawater Mo 
concentrations if the oxic, suboxic and euxinic seafloor fractions were held constant. These 
scenarios produce decreases in seawater Mo concentration similar in magnitude to the decreases 
in riverine influx (10, 25 and 50%, respectively) achieved in >3 million years after initial system 
perturbation (Fig. 3.8A).     
For the remainder of our simulations, we test the effect that initial sea level rise and 
epeiric sea expansion would have on Mo output fluxes—and thus oceanic Mo concentrations—
especially if the newly flooded marine environments were heterogeneous with respect to redox, 
as our Mesoproterozoic iron speciation data would suggest. Because of the sensitivity of the 
oceanic Mo reservoir to changes in the areal distribution of seafloor Mo sinks (Scott et al., 2008; 
Sahoo et al., 2012), these simulations produced a more dramatic effect on seawater Mo 
concentrations. The first set of these simulations (Fig. 3.8B) tests the effect of a eustatic sea level 
rise similar in magnitude to that estimated during development of Ordovician (<100 meters, 
Algeo and Seslavinksy, 1995; to >200 meters, Miller et al., 2005; Haq and Schutter, 2008) and 
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Figure 3.8. Model simulations of the effect of sea level change on seawater Mo concentration. 
Percent change in seawater Mo concentration from a starting value is plotted against time 
after initial system perturbation. (A) A decrease in riverine Mo influx of 10, 25 and 50% 
with seafloor fractions of oxic, suboxic and euxinic environments held constant. These 
simulations produced decreases in seawater Mo concentration similar in magnitude to the 
decreases in riverine influx (10, 25 and 50%, respectively) in >3 Ma. (B) A 100 m sea level 
rise, with a modern average coastal hypsometric slope of 8.2 meters per percent area and a 
varying distribution of oxic, suboxic, and euxinic seafloor, results in a 57-88% decrease in 
seawater Mo concentration in <1.5 Ma. (C) A 100 m sea level rise, with an “epeiric” coastal 
hypsometric slope of 3.0 meters per percent area and a varying distribution of seafloor 
environments, results in a much more dramatic, 78-95% decrease in oceanic Mo 
concentration in <1 Ma. (D) Simulation of parasequence-scale (i.e., 5 m) sea level change 
after initial development of epeiric seas—using coastal hypsometric slopes of 3.0 meters per 
percent area and varying the distribution of seafloor environments—shows the potential for 
an additional 15-51% change in Mo concentration during small-scale changes in sea level. 
  183 
Cretaceous (>200 meters, Miller et al., 2005; Haq and Schutter, 2008) epeiric seaways. As a 
conservative estimate of the magnitude of sea level change, we simulated the effect that a 100-
meter rise in sea level would have on oceanic Mo concentrations. For initial simulations, we used 
the modern world average coastal hypsometric slope of 8.2 meters per percent land area 
(Harrison et al., 1983; Algeo and Wilkinson, 1991) and simulated three distinct scenarios, each 
corresponding to different redox conditions in the newly flooded marine environments.  
In the first of three scenarios (Fig. 3.8B), half of the newly inundated seafloor is 
presented as oxic, and the other half as suboxic (meaning an oxic water column above potentially 
euxinic pore fluids). This scenario produces a steady decline in seawater Mo concentration, 
culminating in a net decrease of 57% that is maintained as a new steady state is reached ~1 
million years after initial sea level rise. In the second scenario, half of the newly inundated 
seafloor is presented as oxic, and the other half as euxinic. This scenario produces a net decrease 
in seawater Mo concentration of 86% after ~500,000 years. This scenario produces a stronger 
effect on seawater Mo concentrations because of the greater Mo sequestration potential of 
euxinic environments. In the third scenario, half of the newly inundated seafloor is considered 
suboxic, and the other half euxinic. Under this scenario, a net decrease in seawater Mo 
concentration of 88% is observed after ~500,000 years. This scenario produces the strongest 
effect because both suboxic and euxinic environments have substantially greater ability to 
sequester Mo than oxic environments (Helz et al., 1996; Erickson and Helz, 2000; Scott et al., 
2008).  
We suggest that these three scenarios are likely to provide reasonable bracketing for 
Mesoproterozoic epicratonic environments of the West African craton, where iron speciation 
data suggest the presence of both oxic and euxinic environments, as well as environments that 
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reflect fluctuation between oxic and euxinic conditions (Gilleaudeau and Kah, 2011; in 
preparation). Biomarker data from black shale of the Touirist Formation further suggest that 
some of these environments may be better characterized as suboxic, with euxinic pore waters in 
the shallow substrate beneath a dominantly oxic water column (Blumenberg et al., 2012). Carbon 
isotope variation preserved within these epeiric successions also supports the presence of anoxic 
(and potentially sulfidic) pore-water environments beneath a generally oxic water column 
(Gilleaudeau and Kah, 2013). Despite the variability of model results, simulations clearly 
indicate that—under generally low-oxygen conditions present in the Mesoproterozoic (Kah and 
Bartley, 2011)—sea level rise could have a substantial effect on the global oceanic Mo reservoir.  
In the Mesoproterozoic, however, coastal hypsometric slopes may have been 
substantially different than on the modern Earth. The true depositional slope that corresponds to 
the modern average costal hypsometric slope used in the previous simulations is ~0.014°. Epeiric 
seas, however, are known for exceptionally low depositional slopes (0.001° to 0.005°; Shaw, 
1964; Irwin, 1965; Pöppelreiter and Aigner, 2003), which translate to costal hypsometric slopes 
of 0.6 and 3.0 meters per percent area, respectively. Rapid backstepping of facies over 
peneplained strata of the Char Group during the marine flooding event that marks the onset of 
Atar and El Mreiti group deposition (Bertrand-Sarfati and Moussine-Pouchkine, 1988; 
Moussine-Pouchkine and Bertrand-Sarfati, 1997; Kah et al., 2009; 2012) suggests the possibility 
of low depositional slopes comparable to younger epeiric seas. As a conservative estimate (and 
because epeiric depositional slopes likely were not characteristic of all coastal areas worldwide), 
we suggest a coastal hypsometric slope of 3.0 meters per percent land area as a hypothetical 
value for the late Mesoproterozoic.    
Using this lower hypsometric slope, we performed a second set of simulations (Fig. 3.8C) 
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to estimate the effect of sea level rise on oceanic Mo concentration. This set of simulations again 
focused on a 100-meter sea level rise, under the same three scenarios of environmental redox. 
With a lower hypsometric slope, and thus a greater amount of seafloor generated by a rise in sea 
level, Mo concentrations show a more extreme response. In the first scenario, where half of the 
newly flooded area was oxic and the other half suboxic, Mo concentrations dropped by 78% in 
<1 million years after initial sea level rise. In the second scenario, where half of the newly 
flooded area was oxic and the other half euxinic, lower hypsometric slopes produced a rapid 
crash of the seawater Mo reservoir (95% decrease in <300,000 years). In the third scenario, 
where half of the newly flooded area was deemed suboxic and the other half euxinic, model 
simulation showed a similar crash in the oceanic Mo reservoir, with a 95% decrease in Mo 
concentration in <200,000 years. These model simulations provide strong evidence that an initial 
sea level rise leading to extensive epeiric sea development across peneplained Mesoproterozoic 
cratons could have easily crashed the oceanic Mo budget.  
By contrast to this epeiric sea model, the Mo budget of the modern ocean is controlled by 
drawdown in tectonically isolated basins that permit development of regional euxinia (Algeo and 
Lyons, 2006). The presence of such isolated basins in the Mesoproterozoic is unknown, 
precluding us from including them in our simulations, but we suggest that euxinia in isolated 
basins would only act to compound the effect of epeiric sea Mo drawdown. Similarly, a 
permanently anoxic deep ocean in the Mesoproterozoic (Anbar and Knoll, 2002; Shen et al., 
2002; 2003; Arnold et al., 2004) may have also acted as an important Mo sink, although our 
simulations suggest that Mo drawdown in epeiric seas could have limited Mo availability to the 
deep ocean, independent of deep ocean redox conditions. 
The simulations described above (Figs. 3.8B, C) lead to the question of how long 
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critically low oceanic Mo concentrations could have been maintained once epeiric sea 
development initiated Mo drawdown. A third set of model simulations (Fig. 3.8D) was then 
designed to test the effect of more moderate (parasequence scale) sea level changes that occurred 
within the Atar and El Mreiti groups once the epeiric sea had been established (Kah et al., 2009; 
Kah et al., 2012). In these simulations, steady-state Mo concentrations obtained in the previous 
simulations (Fig. 3.8C) were used as starting Mo concentrations, and the simulations tested the 
effect of a 5-meter increase or decrease in sea level. Hypsometric slopes and environmental 
redox scenarios were kept as in the previous simulation, and we solved for seawater Mo 
concentration in 5,000-year increments for 500,000 years after initial system perturbation. The 
first scenario, in which half of the newly flooded seafloor is presumed oxic and the other half 
suboxic, produced a 15% change in Mo concentration associated with a 5-meter rise or fall of sea 
level. The second scenario, in which half of the newly flooded seafloor is presumed oxic and the 
other half euxinic, produced a 46% change in Mo concentration associated with the same small-
scale change in sea level. The third scenario, in which half of the newly flooded seafloor is 
presumed suboxic and the other half euxinic, produced a 51% change in Mo concentration. In all 
three cases (Fig. 3.8D), changes in Mo concentration occurred in <100,000 years. In the time 
frame of parasequence scale sea level changes (approximately 20,000 years), Mo concentrations 
would be expected to change by <5%, 30%, and 35% respectively.  
The results of these sensitivity tests indicate that seawater Mo concentrations—which 
would be expected to remain low after epeiric sea expansion—may have been subject to high 
frequency fluctuations associated with small-scale changes in sea level. Such fluctuations would 
have further been affected by even small-scale changes in substrate topography that could 
dramatically shift the proportion of oxic, suboxic, and euxinic environments. Combined, these 
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factors may have led to significant onshore-offshore heterogeneities in oceanic Mo concentration 
wherein onshore environments acted as the primary locus for Mo removal to sediments, leaving 
offshore environments Mo-limited. Offshore environments would then be subject to periodic 
pulses of Mo delivery associated with parasequence-scale drops in sea level. These onshore-
offshore heterogeneities are clearly expressed in our dataset from the Taoudeni Basin. Although 
episodic spikes in Mo concentration in the upper part of unit I-5 are not clearly associated with 
any sedimentological evidence for sea level fall, this likely reflects the inherent difficulty in 
identifying small changes in sea level in offshore shale-dominated successions.  
Water column trace metal heterogeneity was in fact predicted by Anbar and Knoll (2002) 
when first proposing the hypothesis that low trace metal abundances were a potential limiting 
factor in the evolution of eukaryotic life. This study provides direct evidence that onshore-
offshore heterogeneity existed in at least some parts of the Mesoproterozoic oceans, and model 
simulations provide compelling evidence that sustained sea level highstand and epeiric sea 
development in the low-oxygen Mesoproterozoic could have led directly to a critically depleted 
oceanic Mo reservoir. Our dataset indicates that epeiric trace metal drawdown also affected 
offshore V concentrations (which remained <200 ppm; Fig. 3.7), although we suggest that 
several key differences between Mo and V cycling—namely that both suboxic seafloor and mid-
ocean ridge environments act as additional oceanic V sources (Hastings et al., 1996; Morford and 
Emerson, 1999)—acted to maintain non-zero offshore V concentrations despite substantial 
epeiric drawdown.         
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5.5. Mo availability through the Proterozoic 
 An increase in oceanic Mo concentration following the GOE (Fig. 3.9) is widely accepted 
to reflect an increase in the oxidative delivery of Mo to the ocean system (Scott et al., 2008; 
Lyons et al., 2009; see also Anbar et al., 2007; Duan et al., 2010; Kendall et al., 2010; Scott et 
al., 2011 for evidence of pre-GOE oxidative delivery). Although atmospheric oxygen levels may 
have dropped immediately in the aftermath of the GOE (Bekker and Holland, 2012), persistent 
Mo concentrations of 25-125 ppm in euxinic black shale suggests that enhanced Mo delivery to 
the oceans was sustained through at least the mid-Mesoproterozoic (Fig. 3.9), and that sulfidic 
conditions in the deep ocean (Canfield, 1998; Poulton et al., 2004; Pufahl et al., 2010) acted as 
the primary Mo sink.  
 Data presented here bridge a current 600 Ma gap in our record of euxinic black shales. 
Increased biospheric oxygen in the late Mesoproterozoic (see Kah and Bartley, 2011)—inferred 
from the marine C-isotope record (Kah et al., 1999); an increase in marine sulfate concentration 
(Kah et al., 2004); appearance of widespread bedded gypsum (Kah et al., 2001, 2012); and 
enhanced activity within oxic microbial cycles (Johnston et al., 2005; Stüeken, 2013)—might be 
expected to further enhance terrestrial Mo delivery, and thus, seawater Mo concentrations. We 
would then expect these higher Mo concentrations to preferentially be recorded in open ocean 
euxinic shale because of the greater ability of euxinic environments to sequester available Mo 
(Lyons et al., 2009). Data from the late Mesoproterozoic Atar and El Mreiti groups specifically 
test this hypothesis. Low Mo concentrations (<1 ppm) in persistently euxinic offshore 
environments suggest that such environments did not act as the primary Mo sink. Rather, our 
data suggest that a global sea level highstand in the latter Mesoproterozoic may have resulted, 
instead, in the widespread drawdown of Mo within shallow epeiric seas, effectively stripping 
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Figure 3.9. Compilation of Mo concentration and Mo/TOC ratios of Proterozoic and early 
Cambrian (2.4 to 0.5 Ga) shales. Secular trends in the carbon isotopic composition of 
marine carbonates, estimates for oceanic sulfate concentration, and the occurrence of 
bedded gypsum (asterisks) are linked to increasing biospheric oxygenation in the late 
Mesoproterozoic (1.3-1.0 Ga). Despite evidence for increased oxygenation, oceanic Mo 
concentrations appear to have been critically low through the late Mesoproterozoic with 
average Mo concentrations in euxinic shales consistently lower than in Paleoproterozoic 
and earlier Mesoproterozoic successions. Data from this study suggest that drawdown of 
oceanic Mo in epeiric seas during the late Mesoproterozoic may have severely restricted the 
size of the oceanic Mo reservoir; a condition that may have persisted on geologic timescales. 
Mo and Mo/TOC data were compiled from the same sources as noted in Fig. 3.1, but also 
include data from non-euxinic shales from Manikyamba et al. (2008) and Podkovyrov 
(2009); as well as data from euxinic shales of the Atar Group (this study). 
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terrestrially-derived Mo from the water column before it reached open ocean environments. This 
result suggests that, despite increased biospheric oxygenation in the latter Mesoproterozoic, the 
global ocean may have been substantially heterogeneous with respect to Mo concentration, with 
open marine environments remaining Mo-limited, at least locally.   
 Evidence from other basins suggests that oceanic Mo heterogeneity may have been a 
hallmark of post-GOE oceans. Data from the ~1.4 Ga Velkerri Formation (Roper Group, 
McArthur Basin, Australia), for instance, record substantial differences in Mo concentration 
from different parts of the section (Arnold et al., 2004; Kendall et al., 2009). Lower Mo 
concentrations (11-33 ppm; Arnold et al., 2004) in the lower to middle Velkerri Formation are 
replaced by higher Mo concentrations (105-119 ppm; Kendall et al., 2009) in the upper parts of 
the formation. Kendall et al. (2009) argued that samples with elevated Mo concentrations were 
deposited in deeper-water, more persistently euxinic parts of the basin, where high TOC (~9 
wt.%; Jackson and Raiswell, 1991) was efficient in fostering Mo uptake. Some samples from the 
lower Velkerri Formation, however, have high degrees of pyritization (indicative of euxinic 
conditions) and high TOC (up to 8 wt.%) yet record substantially lower Mo concentrations than 
similar samples in the upper portions of the formation, suggesting that heterogeneous water 
column Mo concentrations may have played a role in Mo uptake to the sediments, in addition to 
the degree of euxinia. Similarly, euxinic shales from the ~750 Ma Chuar Group (Grand Canyon, 
USA) are organic-rich (>5 wt.% TOC), but record exceptionally low Mo concentrations (0.4 to 
5.2 ppm; Dahl et al., 2011). In an argument consistent with that presented here for the Atar and 
El Mreti groups, Dahl et al. (2011) used these low Mo concentrations, in conjunction with Mo 
isotopes, to argue that widespread sulfidic conditions along continental margins led to the near-
quantitative removal of Mo from seawater. Low, and potentially heterogeneous oceanic Mo 
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concentration appears to have persisted until approximately 630 Ma, when substantial expansion 
of the oceanic Mo reservoir and alleviation of any vertical gradients in Mo availability (Guo et 
al., 2007; Scott et al., 2008; Li et al., 2010; Sahoo et al., 2012) occurred along with deep-ocean 
ventilation and the spatial restriction of euxinic environments (cf. Canfield et al., 2008). 
 
5.6. Biospheric implications 
 Mo is an essential structural component of enzymes required for nitrogen assimilation in 
both prokaryotes and eukaryotes (Glass et al., 2009), and its availability has the potential to 
impart far-reaching effects on biospheric evolution. Anbar and Knoll (2002), for instance, 
hypothesized that Mo limitation in the Proterozoic oceans may have been the primary 
impediment to eukaryotic evolution. Low Mo concentrations would limit prokaryotic nitrogen 
fixation in deeper anoxic waters and, even in more oxygenated environments capable of 
sustaining active nitrogen fixation, nitrification and denitrification cycles (Stüeken, 2013), low 
Mo would effectively prohibit assimilation of nitrate by eukaryotes—a process that has a 
particularly high Mo requirement (Glass et al., 2009). Under these conditions, early eukaryotes 
may have been restricted to nearshore areas that were in close proximity to trace metals sourcing 
from the continents (Anbar and Knoll, 2002). Fossil evidence from the ~1.4 Ga Roper Group 
(Javaux et al., 2001; 2003; 2004) indicate a diversity of eukaryotes in the Mesoproterozoic, but 
also suggest a consistent pattern of decreasing abundance, declining diversity, and changing 
dominance among fossils of probable eukaryotic origin as depositional environments deepen 
from marginal marine to basinal (Javaux et al., 2001).  
 Although Javaux et al. (2001) speculated that the observed onshore-offshore patterns in 
acritarch abundance and diversity might reflect Mo scarcity in offshore waters, our data provide 
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the first direct evidence of such concentration gradients between onshore and offshore 
environments in the Mesoproterozoic. It seems possible, then, that Mo drawdown in epeiric seas 
could effectively explain the heterogeneous spatial distribution of acritarchs in Mesoproterozoic 
and early Neoproterozoic sedimentary basins. Unfortunately, the acritarch record from the 
Taoudeni Basin is relatively sparse (Amard, 1986; Blumenberg et al., 2012) and precludes 
critical interpretation of the biotic effects of heterogeneous Mo availability. Recent biomarker 
studies, however, suggest—as in studies of earlier Proterozoic shallow-water successions 
(Brocks et al., 2005)—that eukaryotes were not an important contributor to shallow marine 
ecosystems, and that nitrogen-limitation may have been common in the Taoudeni Basin 
(Blumenberg et al., 2012). Nitrogen-limitation, potentially driven by persistent sequestration of 
Mo in nearshore environments, may have thus exerted a substantial influence on the shallow 
water ecosystems recorded in the Atar and El Mreiti groups.  
   
6. Conclusions 
 Here we explore environmental redox and Mo availability between onshore and offshore 
environments of the Mesoproterozoic. Iron speciation indicates that fluctuating oxic, suboxic and 
euxinic conditions characterized bottom waters in the most restricted epicratonic environments 
of the West African craton (El Mreiti Group). By contrast, pericratonic environments (Atar 
Group) were characterized by intermittent to persistent water column euxinia. Euxinic shales 
deposited in onshore areas are organic-rich (up to 15 wt.%) and exhibit weak covariance between 
Mo concentrations and TOC, indicating that TOC was not the primary control on the degree of 
sediment Mo uptake. Instead, it seems that that fluctuating Mo concentrations in the overlying 
water column may also have exerted an influence on sediment Mo uptake. By contrast, the 
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majority of euxinic shales deposited in offshore environments are characterized by Mo 
concentrations <1 ppm, despite elevated TOC (up to 3.3 wt.%) and iron speciation data that 
indicate persistent euxinia.   
Taken together, these data suggest that Mo sourced from terrestrial weathering was 
preferentially sequestered under fluctuating euxinic (and possibly suboxic) conditions in 
nearshore, epeiric sea environments, and that this sequestration led directly to critically low Mo 
concentrations in offshore waters. A scenario in which Mo drawdown occurs predominantly 
within epeiric settings has potentially global implications during periods of sea level highstand. 
In the late Mesoproterozoic, areally extensive epeiric seas, limited advective mixing with the 
open ocean, low levels of atmospheric oxygen, and a shallow chemocline (Arnold et al., 2004; 
Kah et al., 2004; Brocks et al., 2005; Scott et al., 2008) would have led to extensive development 
of suboxic and euxinic conditions across broad epicratonic regions (Blumenberg et al., 2012; 
Gilleaudeau and Kah, 2013)—effectively sequestering riverine Mo influx before it reached the 
open ocean. The plausibility of this hypothesis is confirmed by a series of Mo mass balance 
simulations that provide compelling evidence that sustained sea level highstand and epeiric sea 
development in the low-oxygen Mesoproterozoic could have led directly to a critically depleted 
oceanic Mo reservoir, despite evidence for increased biospheric oxygenation during this time. 
Ultimately, this study bridges a >600 Ma gap in Mo concentration data for Proterozoic 
successions, and is the first to provide direct evidence for spatial heterogeneity of redox-sensitive 
trace metals in the Mesoproterozoic ocean, thereby supporting hypotheses that micronutrient 
limitation may have fundamentally retarded the Proterozoic evolution of eukaryotes.  
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Table 4.1. Major element and chemical index of alteration (CIA) data from the Atar and El Mreiti groups. 
 
Sample Formation Al2O3 
(wt.%) 
Na2O 
(wt.%) 
CaO 
(wt.%) 
CO21 
(wt.%) 
K2O 
(wt.%) 
CIA CN2 K 
F4-11 En Nesoar 28.1 0.2 0.1 0.1 3.4 87.5 0.9 11.5 
F4-12 En Nesoar 19.8 0.2 0.5 0.4 4.4 79.5 1.4 19.1 
F4-24 Touirist 16.4 0.4 0.1 0.1 3.8 77.4 3.4 19.2 
F4-28 Touirist 24.4 0.5 0.1 0.1 4.3 81.8 2.5 15.7 
F4-31 Touirist 22.5 0.6 0.1 0.1 4.8 78.5 3.3 18.2 
F4-46 Touirist 8.3 0.3 31.2 24.5 1.9 76.1 5.0 19.0 
F4-55 Touirist 12.2 0.6 14.6 11.5 2.3 78.2 6.1 15.7 
F4-61 Touirist 18.7 0.5 0.2 0.2 2.7 83.4 3.8 12.9 
F4-65 Aguelt 6.2 0.3 37.9 29.8 1.3 75.9 6.5 17.6 
F4-71 Aguelt 12.0 0.8 17.0 13.3 3.1 71.8 7.9 20.3 
F4-73 Aguelt 13.8 1.0 10.7 8.4 3.5 71.8 8.4 19.8 
F4-77 Aguelt 15.0 1.1 7.9 6.2 3.9 71.5 8.2 20.3 
F4-81 Aguelt 14.8 1.1 9.2 7.2 3.7 71.9 8.8 19.3 
F4-82 Aguelt 13.4 1.2 10.8 8.5 3.5 70.1 9.9 20.0 
F4-86 Aguelt 13.3 1.2 8.1 6.3 3.3 70.5 10.4 19.1 
F4-94 Aguelt 12.9 1.4 7.5 5.9 3.4 68.3 12.3 19.4 
R4-9 Unit I-4 23.8 0.7 0.1 0.1 6.5 74.6 3.4 22.0 
R4-18 Unit I-4 21.9 0.6 0.1 0.1 5.7 75.2 3.6 21.2 
R4-25 Unit I-4 20.1 0.7 0.2 0.1 5.5 73.9 4.4 21.7 
R4-31 Unit I-4 19.2 0.5 2.8 2.2 5.5 73.7 3.3 23.0 
R4-43 Unit I-4 21.3 0.6 0.2 0.1 5.8 74.6 3.5 21.8 
R4-49 Unit I-4 23.1 0.4 0.1 0.1 6.4 75.5 2.0 22.5 
R4-61 Unit I-4 22.2 0.5 1.1 0.9 6.1 74.9 2.9 22.2 
R4-73 Unit I-4 20.5 0.3 0.2 0.1 5.9 75.0 1.9 23.1 
R4-85 Unit I-4 21.4 0.1 0.2 0.1 6.5 74.8 0.8 24.4 
R4-97 Unit I-4 23.7 0.1 0.1 0.1 6.9 75.5 0.6 23.9 
R2-1 Unit I-5 22.3 0.3 0.1 0.1 8.8 68.9 1.6 29.5 
R2-4 Unit I-5 23.1 0.3 0.1 0.1 9.2 69.0 1.5 29.6 
R2-6 Unit I-5 21.8 0.3 0.1 0.1 9.0 68.1 1.5 30.4 
R2-8 Unit I-5 21.3 0.3 0.1 0.0 9.0 67.7 1.5 30.8 
R2-14 Unit I-5 16.1 0.2 0.1 0.0 6.8 67.4 1.7 30.9 
R2-24 Unit I-5 15.6 0.3 1.3 1.0 7.1 65.6 2.3 32.1 
R2-30 Unit I-5 19.9 0.2 0.1 0.0 7.8 69.0 1.8 29.2 
R2-32 Unit I-5 18.5 0.3 0.1 0.0 7.4 68.2 2.3 29.5 
R2-41 Unit I-5 21.0 0.3 0.1 0.0 7.4 71.2 1.4 27.3 
R2-45 Unit I-5 18.9 0.3 0.1 0.0 6.9 70.3 2.1 27.6 
R2-48 Unit I-5 18.8 0.2 6.7 5.6 7.0 70.2 1.5 28.3 
 
1Calculated using total inorganic carbon (TIC) assuming CaCO3 stoichiometry (supported by carbonate mineralogy 
from Kah et al., 2012; Gilleaudeau and Kah, 2013).  
 
2Molar concentration of Ca in silicate phases (CaO*) calculated using CaO* = molCaO – molCO2 (Fedo et al., 1995). 
P2O5 concentrations were not used to calculate CaO* values in this case because organic P is likely more common in 
these shales than apatite.  
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Figure 4.1. Upper half of A-CN-K triangle plotting major element composition of samples 
from the Atar and El Mreiti groups. A is aluminum (or CIA), CN is calcium and sodium, 
K is potassium, and PAAS is the post-Archean Australian shale average (Taylor and 
McLennan, 1985). In the El Mreiti Group, higher CIA values are recorded in the En Nesoar
and Touirist formations than in the Aguelt el Mabha Formation, recording a difference in
grain size with Al concentrated in the finer-grained En Nesoar and Touirist formations. By 
contrast, samples from the Atar Group have lower CIA values than the En Nesoar and 
Touirist formations, even though there is no difference in grain size. The close proximity of 
these samples to the A-K join suggests that K-addition during clay mineral diagenesis 
may have occurred in the Atar Group. Differences in clay mineral diagenesis could be related 
to the proximity of Atar Group strata to structurally deformed areas to the west of the 
Taoudeni Basin. 
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Table 5.1. Rare-earth element (REE) data* from the Atar and El Mreiti groups. 
 
Sample     La 
(ppm) 
Ce 
(ppm) 
Pr 
(ppm) 
Nd 
(ppm) 
Sm 
(ppm) 
Eu 
(ppm) 
Gd 
(ppm) 
Tb 
(ppm) 
Dy 
(ppm) 
Ho 
(ppm) 
Er 
(ppm) 
Tm 
(ppm) 
Yb 
(ppm) 
Lu 
(ppm) 
F4-7 31.4 50.4 4.75 13.8 1.8 0.36 1.5 0.3 1.8 0.4 1.4 0.21 1.6 0.32 
F4-11 84.8 163 18.3 65.3 11 1.96 7 1.1 6.1 1.2 3.6 0.55 3.6 0.58 
F4-12 71.7 137 15.8 56.5 9.4 1.66 6.8 1.1 6.5 1.3 3.8 0.59 3.9 0.65 
F4-24 53.2 92.7 11.2 40.5 7.3 1.28 5.7 1 5.6 1.1 3.2 0.51 3.5 0.55 
F4-27 71.3 124 13.9 47 6.5 1.17 4.2 0.6 3.9 0.8 2.3 0.36 2.4 0.42 
F4-28 72.7 134 14.6 49.6 7.3 1.33 4.4 0.7 3.9 0.8 2.4 0.38 2.4 0.44 
F4-31 71.9 133 14.4 49.7 8.2 1.46 5 0.9 4.8 1 2.9 0.46 3 0.51 
F4-44 15.6 24.7 2.95 10.5 2 0.37 1.5 0.3 1.5 0.3 1 0.15 1.1 0.45 
F4-46 23.5 38.2 4.52 15.8 2.8 0.55 2.1 0.3 2 0.4 1.3 0.22 1.5 0.3 
F4-55 42.1 78 9.71 36.2 7.3 1.43 5.9 0.9 5.2 1 3 0.41 2.6 0.41 
F4-60 58.6 104 12.2 42 7 1.34 5.2 0.7 4.2 0.8 2.3 0.35 2.4 0.49 
F4-61 54.7 100 11.3 40 7.1 1.36 4.8 0.7 4.3 0.8 2.4 0.36 2.3 0.38 
F4-65 19 37.4 3.98 14.8 3 0.54 2.4 0.4 2.3 0.5 1.3 0.23 1.5 0.24 
F4-71 30.3 57 6.87 25.1 4.8 0.87 3.8 0.6 3.7 0.8 2.2 0.33 2.4 0.39 
F4-73 35.2 65.4 7.9 28.4 5.3 0.93 4.2 0.7 4.1 0.8 2.6 0.41 2.8 0.47 
F4-77 36.6 67.6 8.02 29.2 5.6 1.01 4.4 0.7 4.2 0.9 2.8 0.44 2.8 0.45 
F4-82 33.8 64.9 7.82 29.6 5.9 1.13 5 0.8 4.8 0.9 2.7 0.4 2.7 0.49 
F4-86 32.5 63.9 7.56 29.1 5.8 1.08 4.8 0.7 4.3 0.8 2.6 0.41 2.6 0.43 
F4-94 35.3 68.1 7.88 29.1 5.6 1.02 4.6 0.8 4.5 0.9 2.7 0.4 2.8 0.5 
R4-9 75.1 135 15.3 53.6 9.3 1.94 6.4 0.9 4.7 0.9 2.6 0.37 2.3 0.39 
R4-18 62.7 119 13 44.5 7.5 1.68 5.5 0.8 4.9 1 2.9 0.43 2.9 0.47 
R4-25 59.3 116 14.1 51.8 9.2 1.57 6.2 0.9 4.9 1 2.7 0.39 2.6 0.4 
R4-26 41.9 81.3 9.2 33.1 5.6 1.26 4.6 0.7 4.2 0.8 2.3 0.3 2 0.3 
R4-31 42.8 76.8 9.37 39.4 9.1 1.97 6.7 0.9 4.3 0.8 2.3 0.31 2 0.33 
R4-32 46.3 86.2 9.7 35.9 6.5 1.51 5.4 0.8 4.9 0.9 2.6 0.4 2.4 0.4 
R4-43 46.1 86.7 9.56 33.7 6.3 1.41 4.5 0.7 4.3 0.8 2.4 0.35 2.4 0.4 
R4-49 66.5 123 13.4 50.2 9.4 1.92 6.9 0.9 5.4 1 3.1 0.45 3.1 0.57 
R4-56 45.7 90.9 10.2 35.1 5.9 1.49 4.9 0.7 4.6 0.9 2.5 0.4 2.2 0.3 
R4-61 54.9 97 11.1 38.3 6.1 1.22 4.3 0.6 3.7 0.8 2.2 0.34 2.3 0.37 
R4-73 61.4 108 12.1 45.1 8.4 1.72 5.7 0.9 4.9 1 2.8 0.42 2.7 0.45 
R4-79 50.9 102 11.8 41.3 6.9 1.43 5 0.7 4.5 0.9 2.6 0.4 2.3 0.4 
R4-80 62.7 124 13.8 48.9 7.3 1.48 5.7 0.9 5.7 1.1 3.1 0.5 2.9 0.4 
R4-85 61.6 112 12.9 46.1 7.8 1.64 5.5 0.8 4.4 0.9 2.5 0.35 2.4 0.39 
R4-97 68.7 124 13.7 46.6 7.1 1.32 4.8 0.7 4.1 0.8 2.5 0.39 2.7 0.43 
R2-1 52.6 83.2 9.11 29.1 3.8 0.64 2.5 0.4 2.1 0.5 1.4 0.23 1.5 0.26 
R2-4 49.9 89.1 9.88 32.1 4.5 0.78 2.3 0.4 2.3 0.5 1.5 0.24 1.7 0.29 
R2-6 45.7 83 9.17 30.5 4.5 0.77 2.6 0.4 2.4 0.5 1.5 0.24 1.7 0.27 
R2-8 46.9 79.5 9.12 31.4 4.8 0.76 3 0.5 2.7 0.5 1.6 0.25 1.7 0.28 
R2-14 35.7 59.2 6.27 20.3 2.9 0.59 1.9 0.3 1.4 0.3 0.9 0.13 1 0.15 
R2-19 29.5 51 5.6 17.5 2.7 0.55 2.2 0.3 2.1 0.4 1.2 0.2 1.2 0.4 
R2-24 34.2 56.3 6.42 22.6 4.4 0.88 3.6 0.6 3.5 0.7 2 0.3 2 0.34 
R2-25a 24.7 46.5 5.3 18.7 3.4 0.65 3.2 0.5 3.1 0.6 1.6 0.2 1.5 0.2 
R2-25b 39.5 66.7 7.5 26.7 4.1 0.74 3 0.5 2.8 0.6 1.6 0.2 1.4 0.3 
R2-28 55.6 107 11.8 38.3 5.3 1.01 3.4 0.6 3.6 0.7 2.3 0.4 2.3 0.4 
R2-30 42.3 76.4 8.71 29.1 4.9 0.93 2.9 0.5 3 0.6 1.8 0.28 1.9 0.35 
R2-31 33.4 63.1 7 23.1 3.7 0.8 3 0.5 3.2 0.6 1.9 0.3 1.8 0.5 
R2-32 37.7 67 7.34 24 4.2 0.81 2.9 0.5 2.9 0.6 1.8 0.29 1.9 0.32 
R2-33 55.4 99.3 11.4 39.1 6.2 1.1 4.1 0.6 3.6 0.7 2.1 0.34 2.2 0.37 
R2-40 38.1 77.9 8.4 27.8 4.1 0.92 2.9 0.4 2.8 0.5 1.6 0.3 1.7 0.3 
R2-41 49.5 83.1 9.31 30.6 4.8 1.01 3.2 0.5 2.9 0.6 1.7 0.28 1.9 0.31 
R2-45 37.5 66 7.36 23.9 3.8 0.7 2.6 0.4 2.5 0.5 1.6 0.25 1.7 0.3 
R2-46 15.4 37.2 4.5 16.3 2.7 0.51 2 0.3 2.1 0.4 1.4 0.2 1.5 0.2 
R2-48 42.6 69.3 8.08 29 5.2 0.87 3.5 0.5 2.9 0.6 1.6 0.24 1.6 0.27 
*Data from Activation Laboratories Ltd. 
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Figure 5.1. Average rare-earth element (REE) composition of samples from each of the 
formations examined in this study. REE abundances were normalized to C1 Chondrite
values (chondrite values from Wakita et al., 1971).    
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Figure 5.2. Average rare-earth element (REE) composition of samples from each of the 
formations examined in this study. REE abundances were normalized to C1 Chondrite
values (chondrite values from Wakita et al., 1971). Also plotted for comparison are
average Archean and Proterozoic granite values from Condie (1993). REE patterns for
samples from this study are similar to average granitic values with slightly lower Eu
anomalies recorded in our samples than average granite.     
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Figure 5.3. Average rare-earth element (REE) composition of samples from each of the 
formations examined in this study. REE abundances were normalized to C1 Chondrite
values (chondrite values from Wakita et al., 1971). Also plotted for comparison are
average Archean and Proterozoic tonalite-trondhjemite-granodiorite (TTG) values from 
Condie (1993). REE patterns for samples from this study have substantially higher Eu
anomalies than average TTG.     
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Figure 5.4. Average rare-earth element (REE) composition of samples from each of the 
formations examined in this study. REE abundances were normalized to C1 Chondrite
values (chondrite values from Wakita et al., 1971). Also plotted for comparison are
average late Archean and early Proterozoic felsic volcanic rock values from Condie (1993). 
REE patterns for samples from this study are more enriched in light rare-earth elements 
(LREE) and have higher Eu anomalies than average felsic volcanic rocks.     
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Figure 5.5. Average rare-earth element (REE) composition of samples from each of the 
formations examined in this study. REE abundances were normalized to C1 Chondrite
values (chondrite values from Wakita et al., 1971). Also plotted for comparison are
average late Archean and early Proterozoic basalt/komatiite values from Condie (1993). 
REE patterns for samples from this study bear little resemblance to average basalt/
komatiite values, suggesting that basalts and komatiites were not a major provenance 
component for Atar/El Mreiti Group shale.     
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Figure 5.6. Average rare-earth element (REE) composition of samples from each of the 
formations examined in this study. REE abundances were normalized to C1 Chondrite
values (chondrite values from Wakita et al., 1971). Also plotted for comparison are
average Archean and Proterozoic cratonic shale values from Condie (1993). REE patterns for
samples from this study are similar to average cratonic shale, suggesting a mixed
provenance of continental source rocks.     
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Figure 5.7. Average rare-earth element (REE) composition of samples from each of the 
formations examined in this study. REE abundances were normalized to C1 Chondrite
values (chondrite values from Wakita et al., 1971). Also plotted for comparison are
average late Archean and early Proterozoic andesite values from Condie (1993). Samples 
from this study are enriched in light rare-earth elements (LREE) compared to average 
andesite, but have a similar Eu anomalies.     
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APPENDIX III 
Organic Carbon Isotope Data 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
 
  228 
Table 6.1. Organic carbon isotope data from the Atar and El Mreiti groups. 
 
Sample Meters Formation δ13Corg (vs. VPDB) 
F4-7 13.75 Khatt -28.2 
F4-11 35.30 En Nesoar -20.9 
F4-14 42.20 En Nesoar -30.9 
F4-25 57.00 Touirist -35.4 
F4-27 59.85 Touirist -34.5 
F4-28 60.85 Touirist -34.4 
F4-29 62.50 Touirist -34.7 
F4-30 63.55 Touirist -34.5 
F4-31 64.75 Touirist -33.9 
F4-32 65.30 Touirist -34.1 
F4-34 67.55 Touirist -32.0 
F4-36 69.20 Touirist -31.5 
F4-37 69.80 Touirist -31.7 
F4-47 80.10 Touirist -32.1 
F4-51 85.30 Touirist -31.9 
F4-52 86.10 Touirist -31.5 
F4-55 90.90 Touirist -30.5 
F4-56 91.15 Touirist -30.7 
F4-57 92.00 Touirist -32.2 
F4-59 94.70 Touirist -31.9 
F4-60 96.10 Touirist -31.3 
F4-61 98.55 Touirist -31.7 
F4-69 110.15 Aguelt -32.7 
F4-77 129.70 Aguelt -31.6 
F4-78 132.55 Aguelt -31.3 
F4-81 139.95 Aguelt -30.0 
F4-82 142.55 Aguelt -30.1 
F4-97 179.50 Aguelt -28.6 
R2-1 19.10 I-5 -29.5 
R2-2 19.30 I-5 -29.8 
R2-3 19.50 I-5 -29.9 
R2-4 19.70 I-5 -30.1 
R2-5 19.90 I-5 -30.5 
R2-6 20.10 I-5 -29.7 
R2-7 20.35 I-5 -30.4 
R2-8 20.60 I-5 -30.3 
R2-13 21.75 I-5 -30.1 
R2-15a 90.55 I-5 -29.5 
R2-16 91.10 I-5 -28.8 
R2-17a 91.60 I-5 -29.0 
R2-24 96.80 I-5 -27.6 
R2-25a 96.90 I-5 -26.6 
R2-27 97.65 I-5 -28.8 
R2-28 97.95 I-5 -27.7 
R2-30 98.80 I-5 -26.7 
R2-31 99.15 I-5 -28.9 
R2-32 99.50 I-5 -26.6 
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Table 6.1. Organic carbon isotope data from the Atar and El Mreiti groups (continued). 
 
Sample Meters Formation δ13Corg (vs. VPDB) 
R2-33 99.80 I-5 -26.9 
R2-34 100.10 I-5 -27.5 
R2-35 100.15 I-5 -27.6 
R2-41 100.75 I-5 -29.3 
R2-42 100.95 I-5 -26.0 
R2-43a 101.15 I-5 -25.6 
R2-44 101.35 I-5 -25.2 
R2-45 101.55 I-5 -27.3 
R2-46 101.85 I-5 -27.6 
R2-47 102.10 I-5 -26.3 
R2-48 102.35 I-5 -26.6 
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